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ABSTRACT: The impacts of rainy days (>24 mm) on the physics of the surface atmosphere and upper ocean are charac-
terized in the central Pacific Ocean (140°-170°W) on the equator, where deep-cycle turbulence substantially influences the
sea surface temperature and air—sea heat flux on diurnal and longer time scales. Here, rainfall is relatively weak on average
(1-3 mm day '), and enough rain to substantially alter the diurnal cycle of upper-ocean buoyancy only occurs on the order
of once in 100 days, albeit more frequently to the west and during El Nifio and boreal winter. Rainy days are associated
with multiple systematic changes in the surface atmosphere, but the freshwater and the reduction in daily downwelling
shortwave radiation (by ~50 W m™?) are codominant and drive systematic changes in the ocean during and the day after
the rainy day. These two drivers explain ensemble average reductions in the upper-ocean salinity (—0.12 psu at 1 m) and
temperature (—0.16°C at 1 m) and increases in buoyancy (+0.0005 m s~ at 1 m), which are typically confined to a shallow
fresh/warm mixing layer on the order of 10 m thick in the daytime. At deeper depths, the intrinsic ocean temperature, salin-
ity, and velocity variability make it challenging to extract an ensemble average response to rainy days in observations, but
some examples from observations and large-eddy simulations suggest that rainfall can significantly reduce the vertical ex-
tent and heat flux in the deep-cycle turbulence, although the bulk energetics and buoyancy flux of the turbulence are not
necessarily modified by rain.

SIGNIFICANCE STATEMENT: Rain significantly impacts social and ecological systems in many ways that are read-
ily apparent in populated areas, but the impacts of rain over the ocean are not as well known. In this paper, sustained in
situ observations over decades and highly resolved numerical simulations of ocean turbulence during a few rain events
are used to characterize the impacts of rainy days on the surface—atmosphere and upper-ocean physics in the center of
action of El Nifo in the central equatorial Pacific. These results contribute to broader efforts to observe, understand,
and accurately model the surface atmosphere, the upper ocean, and air—sea interaction in the central Pacific and
thereby improve long-range weather and climate observations and predictions.
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1. Introduction 1991; Hanson et al. 2001; Ho and Schanze 2020). Rain also
mechanically perturbs the air-sea interface in a variety of
ways (including but not only due to the surface buoyancy
changes) and thereby modifies small-scale sea surface rough-
ness and surface gravity waves with additional consequences
for air-sea exchange (Schldssel et al. 1997; Zappa et al. 2009;
Cavaleri et al. 2015; Cavaleri and Bertotti 2017, 2018; Laxague
and Zappa 2020; Balasubramaniam and Ruf 2020). Rainfall
also covaries with and depends on various other atmospheric
variables, for example, the wind, air temperature, humidity, and
1996; Shcherbina et al. 2019; Clayson et al. 2019; ten properties of clouds (Rickenbe-lch and Rutledge 1998; Tokay et al.
Doeschate et al. 2019; Smyth et al. 1997; Wijesekera and 1999; Masunaga et al. 2005; ‘h,n et al 2018; Stephens et al. 20,19;
Gregg 1996; Wijesekera et al. 1999; Iyer and Drushka Iyer and Drushka 2021a), W.th.h also influence the downwelling
shortwave and longwave radiation at the sea surface. As a conse-
quence of the variable multitude of changes to the atmosphere
and ocean that occur with rain and the intermittency of strong
rain events, the characteristics of the surface atmosphere and up-
per ocean during rain events vary considerably in space and time
and how the upper ocean responds to a rain event is not fully

Denotes content that is immediately available upon publica-  understood.
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Rainwater is essentially salt-free and thus about 2% less
dense than seawater. Rain therefore modifies the physics of
the ocean surface boundary layer by changing the buoyancy.
For example, studies have shown that rain is associated with
changes in the evolution and vertical structure of the bound-
ary layer salinity, temperature, and buoyancy (Price 1979;
Anderson and Riser 2014; Asher et al. 2014; Drushka et al.
2016, 2019; Thompson et al. 2019), as well as momentum,
kinetic energy, and turbulence (Price 1979; Anderson et al.

2021b,a). In addition, rain may deposit, dilute, or otherwise
modify the concentration and air-sea exchange of biogeo-
chemical tracers (DiTullio and Laws 1991; Duce and Tindale

This study characterizes the surface atmosphere and upper-
ocean physics during rainy days in the central equatorial
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relatively infrequent days with more than 24 mm of rain is
made possible by the availability of long-term in situ observa-
tions from the Tropical Atmosphere Ocean (TAO) moored
buoy array that allow for a statistical analysis of rare rainy days.
However, our focus on these rare days in which the rain exceeds
24 mm (as opposed to more frequent but less rainy days) is also
motivated by comparison with the typical diurnal cycle of ocean
buoyancy b = —gp/pe, Where g = 9.81 m s~ is the acceleration
due to gravity, p is the potential density of the seawater,
which varies with salinity and inversely with temperature,
and pg, ~ 1025 kg m ™ is the reference potential density
(Fofonoff and Millard 1983). Specifically, the upper-ocean
buoyancy b is typically strongly modulated by the diurnal cycle
of shortwave radiation, in part because the winds and waves
are of modest magnitude and variance (Young 1999; Whitt
et al. 2019). The penetrating shortwave radiation on a typical
(nonrainy) day in the region injects buoyancy at a rate

o

B ~ gipfcszv ~77 % 10700, (m2 s, (1)
where Qs is the surface heat flux (in W m~2 on the right hand
side), a ~ 3.2 X 107*°C ™" is the thermal expansion coefficient of
seawater, and ¢, ~ 4000 J kg~ ' °C™! is the specific heat of seawa-
ter. Averaged over a typical (nonrainy) day, Qsw ~ 200 W m™>
and the time-integrated BS¥ is about 0.013 m* s~ 2. The net oce-
anic absorption of shortwave radiation is mostly compensated by
heat losses due to net longwave, sensible, and latent fluxes at the
surface, but these heat losses are spread fairly evenly across 24 h
whereas the shortwave radiation is only during the daytime.
Thus, there is a substantial diurnal cycle between positive (day-
time) and negative (nighttime) net heat transfer from the atmo-
sphere to the ocean and hence a corresponding diurnal cycle in
upper-ocean buoyancy. To put 24 mm of rain in a day in the con-
text of a typical diurnal cycle of buoyancy on a nonrainy day,
convert the rain rate R to an effective surface buoyancy flux:

S R
Bfet ~ 8BSt

~2.5 X 107*R (m? s73), )
Prw
where R is in kg m 2 s™! (or equivalently mm s~ ') on the
right-hand side, 8 ~ 7.4 X 10™* psu~ ! is the haline contraction
coefficient of seawater, S,.r & 35 psu is the reference salinity
of the seawater, and pg, ~ 1000 kg m ™~ is the density of fresh-
water. Then, observe that the time-integrated BX, associated
with 24 mm (=24 kg m™~?) of rain is about 0.006 m? s~%. Al-
though 24 mm is a rather substantial amount of rain in a day,
it yields less than half the buoyancy perturbation of the typical
daytime shortwave radiation in the central equatorial Pacific.
By focusing our attention on rains exceeding 24 mm in a day,
we are focusing on rains that are expected to substantially
perturb the buoyancy and hence physics of the boundary layer
on a daily time scale. As we will see, such events are infre-
quent but do occur in the central equatorial Pacific Ocean. In
addition, since a relatively large fraction of the total rain oc-
curs in relatively rare strong rains (Pendergrass 2018), a sub-
stantial fraction of the total rain is expected to impact diurnal
ocean boundary layer energetics even though the impacts are
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infrequent (e.g., about 38% and 50% of all rain occurs on
days with more than 24 mm of rain in TAO buoy observations
on the equator at 155° and 170°W, respectively).

In contrast to most other studies of the surface atmosphere
and upper-ocean response to rainfall in the tropical Pacific, this
study focuses exclusively on the equator in the central Pacific
(roughly 140°-170°W). Most previous studies of rainfall in the
equatorial Pacific have focused on the western Pacific warm pool
to the west or the intertropical convergence zone to the north,
where climatological rain rates are high (7-10 mm day '); the
central equatorial Pacific, in contrast, typically experiences much
less rainfall (1-3 mm day~' on average) (Adler et al. 2017).
However, the central Pacific is within the center of action for
El Nifio precipitation variability, and about 4 times more
rain falls in the central equatorial Pacific during El Nino
events than during La Nifa events (Ropelewski and Halpert
1987, 1996; Trenberth and Caron 2000; Adler et al. 2017). In
addition, since rainfall is intermittent, rainy days occur even
during neutral or La Nifia conditions in this region of clima-
tologically weak rainfall.

Although this regional study adds to the general under-
standing of the surface atmosphere and upper-ocean dynamics
during rainy days, our narrow focus on the central equatorial
Pacific is specifically motivated by the unique and globally sig-
nificant upper-ocean turbulence physics that is dominant within
about ~1° of the equator in the central and eastern Pacific.
This unique boundary layer physics (Moum et al. 1989; Lien
et al. 1995; Moum et al. 2009; Smyth et al. 2013) arises because
of the especially strong shear between the subsurface eastward
Equatorial Undercurrent and the westward South Equatorial
Current at the surface (but can also occur elsewhere in the
equatorial oceans; see Pei et al. 2020; Cherian et al. 2021). The
strong shear facilitates the transfer of kinetic energy to turbu-
lence that drives strong vertical heat and momentum mixing
below the surface mixed layer but with a diurnal cycle known
as deep-cycle turbulence. Due to the strong vertical fluxes,
deep-cycle turbulence significantly influences the sea surface
temperature and momentum budgets, ocean circulation, and
hence regional as well as global climate dynamics via atmo-
spheric teleconnections (Gregg et al. 1985; Lien et al. 1995;
Qiao and Weisberg 1997; Wang and McPhaden 1999; Moum
et al. 2009, 2013; Holmes et al. 2019b; Deppenmeier et al.
2021). However, deep-cycle turbulence is crudely parameter-
ized in regional and global ocean models (Zaron and Moum
2009) with consequences for the simulated ocean and climate
dynamics (Meehl et al. 2001; Danabasoglu et al. 2006; Richards
et al. 2009; Zhu and Zhang 2019; Holmes et al. 2019a). Specifi-
cally, it is unknown if and when a rain event might modify
deep-cycle turbulence.

During a broader effort to simulate equatorial ocean surface
boundary layer and deep-cycle turbulence in large-eddy simula-
tions (LES; Whitt et al. 2022), the oceanic response to an infre-
quent rainy day was coincidentally simulated on the equator in
the central Pacific during a period of slightly negative (but for-
mally neutral) oceanic Nifio index in early October 1985. Figure 1
shows time series of the rain rate from the Japanese atmospheric
surface reanalysis (JRASS5do; Tsujino et al. 2018) that forces three
LES spanning 155°-165°W on the equator. These simulations of
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Rain event in the central Pacific in October 1985
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FIG. 1. Time series of the rain rate from the JRAS55do atmo-
spheric surface reanalysis during a rain event in the central equato-
rial Pacific at three longitudes along the equator as indicated in the
legend. Rates are plotted as 3-hourly (line) and daily 00002400
UTC (bar) means. Local solar time is 10-11 h behind UTC, de-
pending on the longitude. Note that all the LES begin at 0600 UTC
2 Oct (black line).

opportunity will ultimately provide some preliminary answers to
the question of whether and how a rainy day might modify the
typical diurnal deep cycle of equatorial turbulence. However, to
put these simulations in context and aid in interpreting the results,
the paper begins by characterizing the statistical properties of
rainy days in the central equatorial Pacific Ocean, including their
distribution in time and the accompanying atmospheric surface
characteristics. Then, the paper describes the range of ocean con-
ditions observed before rainy days as well as the observed oceanic
responses to a rainy day. With that climatological and observa-
tional context, the paper describes the three simulated ocean re-
sponses to rain in LES. Finally, two observational examples of the
ocean response to a rain event are presented, which are the only
two known examples that include collocated surface meteorology,
ocean temperature, salinity, and velocity profiles, as well as turbu-
lent microstructure observations from ypods on the equator in the
central Pacific Ocean. However, the discussion focuses on the
LES results, because the ypods are only deployed at a few depths
below the surface mixed layer.

2. Methods

The results are obtained via an analysis of atmospheric and
oceanic observations collected from the TAO/TRITON
mooring array, output from the JRA55do atmospheric surface
reanalysis, as well as output from LES of the ocean surface
boundary layer forced by the atmospheric reanalysis.

a. TAO mooring and buoy data

From the TAO data on the Global Tropical Moored Buoy
Array (GTMBA) website (see the Data availability statement
and McPhaden et al. 2010), we use daily-averaged rain rates to
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identify rainy days along the equator at 170°, 155°, and 140°W.
These daily rain rates are averaged from 0000 to 2400 UTC at
all locations, and local solar times are 9-12 h behind UTC de-
pending on the longitude. Although the 00002400 UTC aver-
aging interval is a subjective choice, the alternatives are not
obviously superior because climatological hourly rain rates are
distributed fairly uniformly across the day with only a modest
peak between midnight and sunrise. Hence, the standard pub-
lished 00002400 UTC product is used for convenience and
consistency.

From 0°N, 170°W, where rainy days are more frequent, we
use the high-frequency 10-min rain, air temperature (at 2.2 m),
relative humidity (at 2.2 m), and wind speed and direction (at
3.5 m) for further analysis. In addition, 2-min shortwave and
longwave radiation data are used. Below the ocean surface, we
use high-frequency hourly salinity, 10-min temperature (at
1-, 5-, 10-, 25-, and 50-m depth), as well as hourly velocities
from the current meters (at 10- and 25-m depth) and the acoustic
Doppler current profiler (ADCP) data (in 5-m bins from 30 m
down). Only data with quality flags 1 or 2 are retained. From
these high-frequency moored buoy observations at 170°W, air—
sea fluxes are estimated from the atmospheric and 1-m-deep
ocean observations using the bulk formulas in the COARE
algorithm (the coare35vn MATLAB code; see Fairall et al.
2003; Edson et al. 2013).

b. Surface analyses

We use version 1.3 of the atmospheric surface reanalysis
JRAS5do (Tsujino et al. 2018). This product spans 1958
through 2018 at 3-hourly (in UTC) and nominally 0.5° resolu-
tion and includes the downwelling surface shortwave and
longwave radiation, the rain rate, the sea level pressure, as
well as the wind speed and direction, air temperature, and
specific humidity 10 m above the sea level. Leap days are
omitted, hence two rainy days near leap days are also ex-
cluded from the analysis in section 3b below. As the near-
equatorial grid points are located about 1/4° north and south
rather than on the equator, these nearest points are averaged
to estimate the value on the equator.

We also use sea surface temperature analyses. The monthly
1° resolution product Centennial In Situ Observation-Based
Estimates Sea Surface Temperature (COBE-SST; Ishii et al.
2005) is used to estimate surface fluxes from the JRAS5do
atmospheric surface fields (as in Tsujino et al. 2018) using the
same bulk formulas that are applied to the TAO observations
(the coare35vn MATLAB code; see Fairall et al. 2003; Edson
et al. 2013). There are errors in these flux estimates due to
errors in the estimated atmospheric and ocean states, in addi-
tion to uncertainties in the bulk flux formulas. The former is
constrained by comparing the flux estimates from the reanaly-
sis with the flux estimates directly from the TAO data. On
seasonal and longer time scales, rain in the central equatorial
Pacific is strongly correlated with El Nifio (Ropelewski and
Halpert 1987, 1996; Trenberth and Caron 2000; Adler et al.
2017), so we also use the NOAA/NCEP monthly Oceanic
Nifio Index (ONI) from 1958 to 2018, which is a 3-month run-
ning mean of ERSST.v5 sea surface temperature anomalies in
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FIG. 2. The larger-scale ocean context for the LES is from a 1/20° resolution regional ocean
model of the central and eastern equatorial Pacific Ocean. The plots include 6-h averages of
(a) sea surface temperature and (b) salinity with rain rate contours overlaid in black during the
period simulated by LES. (c) In addition, a depth-longitude section shows the zonal velocity
(color), potential density (white contours every 0.2 kg m ™), gradient Richardson number Ri,
(gray contours, after smoothing with a 5-point/27.5-km zonal average), KPP surface boundary
layer depth [black, defined as in Large et al. (1994)], and mixed layer depth (dashed magenta,
defined by the first depth level where the potential density is 0.015 kg m > denser than the sur-
face level, and smoothed with a 5-point/27.5-km zonal average). The snapshots are at 1500 UTC,
i.e., 0400-0500 local time depending on the longitude. Cyan circles in (a) and(b) and lines in
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(c) indicate the LES locations.

the Nifno 3.4 region relative to centered 30-yr base periods up-
dated every 5 years (Huang et al. 2017).

c¢. Large-eddy simulations

This study presents results from three LES from a broader
array of simulations of equatorial upper-ocean turbulence.
These three runs are hindcasts representative of roughly 2-8
October 1985 at 165°, 160°, and 155°W along the equator (for
the mesoscale oceanic context, see Fig. 2). The configurations
are very similar to those of Whitt et al. (2022). Although the
protocol and code are essentially the same, there are two
main differences. First, these LES are in different locations
than those reported in Whitt et al. (2022) and hence have dif-
ferent boundary conditions, initial conditions, and large-scale
tendencies which are published in the configuration files
(Whitt 2022b). Second, the domain is deeper in these runs,
since the simulations are further west (144 versus 108 m).
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Otherwise, the methodology is the same as in Whitt et al.
(2022).

To briefly review, the LES (originally developed by Taylor
2008) solve the nonhydrostatic Boussinesq equations with a
Smagorinsky-type closure to represent subgrid-scale mixing in
a horizontally periodic 306 m X 306 m X 144 m deep domain
spanned by a uniformly spaced 0.85 m X 0.85 m X 0.5 m reso-
lution grid. The subgrid Prandtl number increases with the
gridscale Richardson number according to a formula from
Anderson (2009), and the subgrid-scale diffusivity of salinity,
temperature, and buoyancy are the same. Thus, the LES
resolve the outer scales of the turbulence and provide in-
sight into the turbulence physics without strong sensitivity
to the subgrid closure, although there is an implicit assump-
tion that the buoyancy Reynolds number is sufficiently
large and hence the dynamics of molecular mixing are not
too important (which is typically true in the boundary layer,
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but see Walesby et al. 2015). In all cases, the LES begin at 0600
UTC 2 October 1985 and run for 5-7 simulated days. The LES
are forced at the surface by 6-hourly surface fluxes of momen-
tum, salt, and heat (including penetrating shortwave radiation),
which are read in from a file. The fluxes were derived using the
bulk flux algorithms of Large and Yeager (2009) in a 1/20° res-
olution regional ocean hindcast of the central and eastern
equatorial Pacific in the regional ocean modeling system
(Shchepetkin and McWilliams 2005; Haidvogel et al. 2008)
forced by the JRAS55do reanalysis (as described in Whitt et al.
2022). Rain and evaporation are represented as virtual salt
fluxes at the surface boundary in the LES; there are no explicit
freshwater or volume changes, and the model formally has a
rigid top and bottom. There is an implicit assumption that sur-
face gravity waves only modestly alter the turbulent transports,
which is motivated by the weak winds and small waves (with
1-2-m significant heights) in the region (see Young 1999;
Babanin 2006; Echevarria et al. 2019). But, waves almost
certainly have some effect, which should be quantified in fu-
ture work. In addition, the horizontally averaged profiles of
temperature and momentum in the LES evolve due to the
large-scale (i.e., averaged 15 km horizontally, 8 m vertically,
and 6 h temporally) tendencies of temperature and momen-
tum associated with advection and the pressure gradient force
from the regional model (the large-scale salinity tendency is
set to zero in the LES). The bottom temperature and horizon-
tal momentum are set to fixed constants, which are chosen
based on the initial conditions at each respective location. The
bottom boundary condition does not significantly influence
the interior evolution of the velocity and temperature profile
due to the large-scale interior tendencies and the fixed small
diffusivity and viscosity at the bottom boundary. The time
evolution of the surface and interior forcing and the resulting
horizontally averaged statistics from the LES are saved and
published online (Whitt 2022¢,d).

d. Ocean turbulence observations on TAO moorings
during rainy days

Direct measurements of turbulent fluctuations are sparse in
the ocean, but the central equatorial Pacific, specifically 0°N,
140°W, is relatively well observed due to the multidecade de-
ployments of Oregon State University ypods on the TAO
mooring. The ypods measure turbulent temperature fluctua-
tions that can be used to estimate the turbulent vertical heat
flux (Moum and Nash 2009; Perlin and Moum 2012; Moum
et al. 2013; Warner and Moum 2019; Cherian et al. 2020;
Smyth et al. 2021; Moum 2021). Although rainy days are ex-
ceptionally rare at 140°W, occurring only a handful of times in
the entire observational record from the TAO buoys, ypods
were deployed during two rainy days (12 April and 19 June)
during the 2015 El Nifo. In both of these events, the rain ex-
ceeded 24 mm in 24 h (by definition), and about 35 mm of to-
tal rain fell in a 48-h period. However, all 35 mm occurred in
a single 4-h high-intensity event in April, whereas the rain
was spread across several shorter and less-intense events with
a 24-h maximum just exceeding 24 mm in June.
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Data revealing the ocean-atmosphere response during
these two events are taken from the GTMBA website (see
the Data availability statement and McPhaden et al. 2010).
Subsurface turbulent heat fluxes are taken from the shallow-
est available ypod data during each rainy day (at 29- and
69-m depth in April and June, respectively). These turbulence
observations are contextualized with subsurface temperature
and salinity observations from the 10-min and hourly prod-
ucts, respectively, which are available at 1, 5, 10, 20, 40, 60,
and 80 m for both variables and additionally at 25 and 45 m
for temperature. Zonal and meridional velocity are derived
by merging the hourly current meter observations (at 10, 25,
40, and 80 m) and the hourly ADCP data (in 5-m bins below
30 m). The velocity observations are mapped to a single 2.5-m
vertical grid using biharmonic spline interpolation, where
time is scaled so that one hour has a “distance” equal to 10 m
in the vertical. Temperature and salinity are interpolated to
the uniform 2.5-m depth grid using cubic splines. From that
uniform grid, a mixed layer depth is calculated as the shallow-
est depth where the potential density p is 0.015 kg m ™~ denser
than the vertically averaged potential density in the top 10 m
(this definition of the MLD is used throughout this paper). In
addition, the gradient Richardson number is calculated from
the buoyancy and horizontal velocity,
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During these rain events at 140°W, hourly air-sea fluxes are
available directly from the GTMBA website, including the net
air-sea heat flux Q. the net freshwater flux Fry =R — E
(rain minus evaporation), and the surface stress |7|. The surface
shortwave radiation is from the 2-min product. Heat and
freshwater fluxes are converted to buoyancy fluxes, where
Buet = B3, + BL, is a sum of salinity (virtual salt flux) and
temperature contributions,
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3. Observations of the surface atmosphere and
upper-ocean during rainy days

a. Frequency and spatiotemporal distribution of rainy
days in the central Pacific

Following, e.g., Allen and Ingram (2002), the frequency of
rainy days (>1 mm h™! on average or 24 mm day ') is quanti-
fied and contextualized in a log-log plot showing the upper
half of daily rain quantiles from the TAO buoy data and the
JRASS5do reanalysis at several longitudes along the equator in
the central Pacific (Fig. 3). The distributions are all qualita-
tively similar and consistent with the climatological distribu-
tion of mean rainfall, in that rain rates are lower to the east at
all quantiles shown. For example, the TAO observations
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FIG. 3. Quantiles of the daily (24-h-average) rain rates at three
central Pacific sites along the equator (as indicated in the legend)
are derived from the TAO buoy data (solid lines) and the
JRAS5do reanalysis (dashed lines). For reference, the horizontal
black lines indicate the maximum average rain rate (in any 24-h
window) in the events with available simulations or observations of
turbulence, including the simulated event at 0°, 160°W in October
1985 (cf. Fig. 1), and the observed events in April and June 2015 at
0°, 140°W.

indicate that rainy days > 24 mm occur only once every few
years at 140°W and a handful of times every year at 170°W on
average. However, the TAO buoy observations have notably
more rain in the extremes and more variation as a function of
longitude than the JRAS55do reanalysis. The TAO data and
the JRAS55do reanalysis are not expected to be exactly the
same, since the reanalysis represents an average over roughly
6000 km? and extends further back in time, but the distribu-
tions do show that the simulated rain event in early October
1985 in the JRAS55do (Fig. 1) is plausible even without direct
observations to verify the amount of rainfall during this
particular event. In addition, these distributions put the
October 1985 rain event in context. The peak daily-average
(0000-2400 UTC) rain rate of 1.2 mm h™' at 160°W is be-
tween the 99th and 99.9th percentile of daily-average rain
rates at 155°W, and between the 97th and 99th percentiles
at 170°W. In addition, the maximum 24-h-average rain rate
at 160°W (without regard to hours) is between the 99th and
99.9th percentiles at both 155° and 170°W. Hence, a rain
event like the one at 160°W in Fig. 1 occurs infrequently,
on the order of once in 100 days.

However, the seasonal and interannual distributions of
rainfall events exceeding 24 mm day ' (1 mm h™! on average)
at 170°W demonstrate that the event shown in Fig. 1 is actu-
ally more unusual than the quantile distributions suggest, be-
cause this event occurs in October and during a slightly
negative ONIT (Fig. 4). In general, rainy days occur more fre-
quently during a positive ONI and more than twice as fre-
quently from December through February compared to
October. These results in Fig. 4 are qualitatively consistent
with the interannual and climatological seasonal variations in

Brought to you by NOAA Central Library | Unauthenticated | Downloaded 08/13/24 07:23 PM UTC

JOURNAL OF PHYSICAL OCEANOGRAPHY

VOLUME 52

total rainfall (e.g., Adler et al. 2017). Hence, a rainfall event
like this one in boreal autumn with slightly negative ONI as in
Fig. 1 effectively occurs less frequently than once in 100 days.

b. Atmospheric surface properties during rainy days

The ocean response during and after a rainy day depends
on not only the rain rates but also the net air—sea heat, fresh-
water, and momentum fluxes, which in turn depend on the at-
mospheric surface air temperature, humidity, and wind speed
among other factors (e.g., Fairall et al. 2003; Large and Yeager
2009). Figure 5 quantifies several of these complementary
changes in atmospheric surface variables in composite rain
events and distributions across all rainy days at 170°W in the
JRAS5do reanalysis and the high-frequency TAO buoy data.
The JRAS55do and TAO data are consistent. Rain rates are el-
evated to about 1-3 mm h™' on average during the rainy day,
much higher than the days before and after. The rain rate
peaks during the nighttime and is slightly higher from 0000 to
0600 local time (Fig. 5a), consistent with the mean diurnal cy-
cle of rain rates which has an amplitude of 1 mm day !, from
2.8 to 3.8 mm day !, averaged over every day of the 61 years
of 3-hourly JRAS5do data (not shown). In addition, downwel-
ling shortwave radiation is reduced by about 50 W m ™2 on av-
erage over 24 h and by 200-300 W m~? during the daytime at
the end of the rainy day (i.e., at hour 12 in Fig. 5b). The air
temperature is reduced by about 1°C, the relative humidity is
increased by about 5% (consistent with consequences of the
lower air temperature for the saturation vapor pressure via the
Clausius—Clapeyron relation), and both extrema are achieved
between 0000 and 0600 local time (Figs. 5d,e). The climatolog-
ical westward (easterly) zonal wind weakens on average dur-
ing the rainy day (Fig. 5c). A corresponding reduction in the
wind speed and wind stress occurs on average across the
JRAS55do rain events but is insignificant across the TAO data
(not shown).

In all the atmospheric surface variables, but particularly the
wind speed, there is considerable variability between rainy days
(Fig. 5). The corresponding distributions of the daily average
rain rates range from about 1 to 5 mm h™! (24-120 mm day ).
Daytime downwelling shortwave radiation anomalies, which
are most prominent at the end of the rainy day (i.e., at hour 12
in Fig. 5b), range from large reductions of —1000 W m ™2 to sub-
stantial increases of +500 W m ™2 relative to daytime before the
rainy day. And, 24-h daily average downwelling shortwave radi-
ation anomalies range from about —150 to +100 W m ™2 Daily
air temperature anomalies range from about —3° to +1.5°C,
and daily relative humidity anomalies range between about
—7.5% and +15%. Hence, the individual rain events vary con-
siderably around the multievent composite.

For the composite upper-ocean buoyancy dynamics, the
most important, systematic, and complementary change in the
atmospheric surface variables is the reduction in downwelling
shortwave radiation, which compensates for the freshening
due to rain in the net air-sea buoyancy flux (Fig. 6). Aver-
aged across all rainy days, the net heat flux into the ocean is
reduced by 47 W m 2 (JRA55do) and 52 W m 2 (TAO)
relative to nearby days, and shortwave radiation anomalies
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FIG. 4. (a) Interannual and (b) seasonal distributions of rainy days (identified by more than 24 mm in 24 h) at
0°,170°W are derived from the TAO data (blue) and the JRA55do reanalysis (purple). The frequency of rainy days is
correlated with El Nifo (positive ONI), as expected. The total number of rainy days by this definition is 75 for the
daily TAO data and 467 for the JRAS55do reanalysis. The bar heights in the probability distributions are normalized

so that they sum to one.

[45 W m ™2 (JRA55do) and 40 W m ™2 (TAO)] are the dom-
inant cause of the net anomalies. The sensible heat flux
[5W m~2 (JRAS55do) and 8 W m 2 (TAO)] and the rain it-
self [4 W m™2 (JRAS55do) and 6 W m > (TAO)] tend to
modestly strengthen these net heat flux anomalies, while long-
wave radiation and latent heat flux tend to weaken the anomalies
[by 1 W m~? (JRAS5do) and 5 W m ™2 (TAO) for longwave,
and by 6 W m? (JRAS55do) and insignificantly (TAO) for
latent]. Averaged across all rain events, the reduction in short-
wave radiation during the daytime at the end of the rainy day
(i.e., under the yellow bar in Fig. 6) yields a stronger reduction in
the stabilizing net surface buoyancy flux associated with tempera-
ture effects BL,, than the concomitant increase in the net stabiliz-
ing buoyancy flux associated with the rain and salinity effects
BS,,. As aresult, B, is reduced during the daytime at the end of
the rainy day on average across all rain events (Figs. 6 and 7).
Combining temperature and salinity effects, the daytime buoy-
ancy flux By = BL, + B3, (under the solid yellow bar in Fig. 6)
is stabilizing on all but one of 465 rainy days in the JRAS55do
data and on all but 7 of the 29 (24%) rainy days with valid buoy-
ancy fluxes in the TAO data. Destabilizing daytime buoyancy
fluxes occur when the shortwave radiation is strongly suppressed,
and the stabilizing rain is insufficient to overcome net buoyancy
loss associated with other contributions to the net flux. During
nighttime (under the solid black bar in Fig. 6), the stabilizing ef-
fect of precipitation yields BS,, > 0 and compensates the destabi-
lizing surface heat flux BT, <0 that typically drives nighttime
convection in the ocean. The rain is not sufficient on average

Brought to you by NOAA Central Library | Unauthenticated | Downloaded 08/13/24 07:23 PM UTC

across rain events to produce a stabilizing net buoyancy flux
Byt > 0 at night, but on 33% (JRAS55do) to 38% (TAO) of
rainy days the nighttime buoyancy flux is stabilizing rather than
destabilizing (Fig. 7a), in which case convection is suppressed in
the ocean boundary layer. The net effect of these changes is
higher B, into the ocean and a suppressed diurnal cycle in B
on average during a rainy day: the stabilizing positive buoyancy
flux is reduced during the daytime, but the destabilizing negative
buoyancy flux is increased to a greater degree at nighttime [quali-
tatively similar compensation is found elsewhere, e.g., in the west-
ern Pacific warm pool as reported in Anderson et al. (1996)].

¢. Oceanic mean conditions during rainy days

The next section quantifies the ocean response to rainy
days by subtracting a 4-day moving average, because the upper-
ocean salinity, temperature, and velocity profiles vary consider-
ably between rain events for unrelated reasons thereby obscur-
ing the forced response to the rainy day. In preparation for that
analysis, this section quantifies the 4-day mean oceanic condi-
tions during the observed rainy days at 0°, 170°W for context
(Fig. 8; note the interannual and seasonal distribution of rainy
days in Fig. 4). We find that salinity varies from about 34 to
35.5 psu above 100-m depth. And, the interquartile range is
about 0.5 psu at any of these depths. Temperatures range
from about 26° to 31°C at 1-m depth and from about 22° to
30°C at 100 m. The interquartile range is about 0.5°C at 1 m and
3°C at 100 m. The zonal velocities take both signs at all depths
above 125 m and range from about —1.25 to +1.25 m s™'. The
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FI1G. 5. (left) The TAO (blue) and JRAS5do (purple) data are aggregated into composite time series showing how
the atmospheric conditions at 0°, 170°W evolve on average (thick lines) during a 4-day window surrounding a rainy
day (which is defined by more than 24 mm of rain under the gray bar, i.e., from 0000 to 2400 UTC). The time axes are
zero at local midnight (about 1100 UTC). The thin lines bracket the interquartile ranges. (right) Distributions of the
24-h averages during each rainy day (i.e., under the gray bars) along with the number of included rain events, which
varies depending on the data stream. Among the distributions, in (a) the rain rates are simply the 24-h average rain
rates during each rainy day, whereas in (b)—(e) the distributions are rainy-day anomalies, which are calculated as dif-
ferences from the conditions averaged over the other days in the 4-day window around each rainy day. Tick marks in-
dicate the mean of each distribution. The rainy-day anomalies are similar in the JRAS55do and TAO data, but there
are notable differences between the 4-day mean of the composite wind speed, air temperature, and humidity, which
arise from different spatiotemporal sampling and/or bias. Scaling the buoy data from the sample height z, = 2-4 m to
the nominal 10-m height of the JRAS55do data increases the magnitude of wind speed by about 7% and reduces tem-
perature and humidity by about 1% and cannot fully explain these differences.

interquartile range is about 0.5 m s~ ! at any given depth above  significant (unquantified) uncertainty in these variables as

125 m. In general, the observed median temperature and zonal
velocity profiles during rain events are more consistent with
El Nifio than the climatological mean or La Nifa, as expected
(cf. Johnson et al. 2002).

Previous studies (e.g., Pacanowski and Philander 1981;
Peters et al. 1988; Lien et al. 1995; Smyth and Moum 2013;
Pham et al. 2017) have shown that the squared vertical shear
of horizontal velocity S2, the vertical buoyancy gradient N2,
and the gradient Richardson number Ri, = N*/S> are impor-
tant constraints on and indicators of the upper-ocean turbu-
lence in the eastern equatorial Pacific (although there
remains active debate about the details). Although there is
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measured with a sparsely sampled mooring, Smyth and
Moum (2013) suggest that the median Ri, from hourly data
may in fact be relatively robust to these sampling limita-
tions. Hence, Figs. 8d—f show profiles of the medians and in-
terquartile ranges of 2, N?, and Ri, across all the rain
events. We find that the medians §* ~ N> ~ 10™* s™2 are
both strong as expected and decline by about an order of
magnitude from 107> to 107*° s72 from 110- to 25-m
depth. However, compared to §%, N* is somewhat stronger
at 110 m and somewhat weaker at 25 m such that the median
gradient Richardson numbers range from about 1 at 110 m
to 0.25 at 25 m. That is, there is an indication of strong
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FIG. 6. The TAO (blue) and JRAS55do (purple) data are aggregated into composite time series
of the net downward surface buoyancy flux B, averaged over all rain events at 0°, 170°W (which
are defined by more than 24 mm of rain in the 24 h under the gray bar, i.e., 0000-2400 UTC).
The time axis is zero at local midnight on the rainy day (about 1100 UTC). The buoyancy flux is
also decomposed into contributions associated with temperature BI, (dashed lines) and salinity
B3, (dotted lines). The temperature contribution B, is smoothed with a 24-h moving average
to filter out the diurnal cycle and facilitate comparison with the salinity contribution BS,,, which
has a negligible diurnal cycle. The number of events incorporated in each composite is indicated
in the panel title. The solid black and yellow bars on the top axis indicate the primary nighttime
and daytime windows referred to in Fig. 7, and the dotted black and yellow bars indicate the al-

ternate nighttime and daytime windows that are subtracted to obtain nighttime and daytime

1977

anomalies associated with a rainy day.

shear, strong stratification, and marginal instability at about
25 m, which is suggestive of deep-cycle turbulence (Smyth
and Moum 2013).

For future reference, note that the LES mean profiles of
temperature, salinity, and velocity at 160°W differ consider-
ably from the median profiles observed at 170°W (Fig. 8; see
also Fig. 2). These differences are likely attributable to the
fact that the LES is during a period of slightly negative rather
than positive ONI and located 1000 km east of the observa-
tions (cf. Johnson et al. 2002). However, the simulated shear,
stratification, and Richardson number profiles are qualita-
tively similar to the observations, suggesting that the turbu-
lent response to a rainy day in the LES is plausibly similar to
a typical turbulent response to a rainy day at 170°W.

d. Oceanic response to the rain in observations

As we will see, the typical observed temperature and salin-
ity anomalies due to a rainy day in the high-frequency TAO
mooring observations at 0°, 170°W are about 3-5 times
weaker than the interquartile range of the unrelated slow
(>4 day) oceanic variability described in the previous sec-
tion. Hence, the forced ocean response to a rainy day is
quantified in this section as an anomaly from a 4-day moving
average representing the unrelated slow evolution of the
ocean. With this approach, the composite upper-ocean salin-
ity, temperature, and buoyancy anomalies are statistically
significant, with 95% confidence in a bootstrap analysis
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assuming each rain event is independent (Figs. 9 and 10).
These significant oceanic anomalies tend to lag the atmo-
spheric anomalies by several hours and are clearest near the
surface. Each of the salinity, temperature, and zonal velocity
responses during the rain events will be discussed in turn.

1) SALINITY

Although the data from a few infrequent strong rain events is
not sufficient to quantify the slight diurnal cycle in upper-ocean
salinity (Drushka et al. 2014), the data do clearly quantify a sig-
nificant salinity response to rain events: salinity is anomalously
low for about 24 h from nighttime during the rainy day to night-
time following the rainy day (from about 0 to 24 h in Fig. 9). The
event-average composite and individual-event extreme salinity
anomalies are surface intensified and most negative at the shal-
lowest sensor at 1 m (Figs. 9 and 10). At 1 m, the composite
event-average anomaly is more negative than —0.1 psu for about
12 h in the daytime during and following the rain, from hours
6 to 18 in Fig. 9. The 24-h-average anomalies range from about
—04 to + 0.1 psu with a mean of about —0.1 psu. A fresh salin-
ity anomaly is also present at 5-m depth throughout the daytime
following the rain (as at 1 m), but the composite anomaly is
weaker (about —0.04 psu at 5 m compared to —0.1 psu at 1 m)
and the distribution of 24-h anomalies is more tightly clustered
around the mean. At the deeper sensors at 10 and 25 m, the sa-
linity anomaly emerges later after the rain and is weaker than at
the 1- and 5-m sensors. The relatively late emergence of fresh
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FIG. 7. Histograms (blue from TAO and purple from JRA55do) show (a) the distributions of
the nighttime average (under the solid black bar in Fig. 6) and (c) the subsequent daytime aver-
age (under the solid yellow bar in Fig. 6) surface buoyancy flux B, during each rain event as
well as (b),(d) the corresponding anomalies relative to the other days in each 4-day window
around the rain event. Alternate nighttime and daytime windows are indicated by the dotted
black and yellow bars in Fig. 6. The bar heights in each histogram are normalized so that they
sum to one. Tick marks indicate the mean of each distribution.

salinity anomalies at these deeper depths is qualitatively consis-
tent with the expected evening descent of a shallow daytime
warm/rain mixing layer due to stabilizing surface buoyancy flux
By, relatively modest winds, and hence a relatively a small day-
time Monin—-Obukhov length scale (Monin and Obukhov 1954),
which is a scaling for the depth where the stabilizing buoyancy
forcing overcomes the destabilizing wind forcing and can some-
times be useful for predicting the depth of daytime rain/warm
layers (Thompson et al. 2019).!

A back-of-the-envelope calculation shows that these com-
posite fresh upper-ocean salinity anomalies are quantitatively
consistent with the composite net freshwater flux anomaly
that occurs in conjunction with the rain (Fig. 6). In particular,
a salinity anomaly of —0.1 psu integrated over a 10-m surface
warm/rain layer is equivalent to a depth-integrated buoyancy
anomaly of about +0.007 m? s~2. Time-integrating the compos-
ite surface buoyancy flux anomaly associated with precipitation
and evaporation B3, in Fig. 6, which is about + 5 X 10”8 m? s>
averaged over 48 h, yields a very similar +0.009 m? s~ depth in-
tegrated buoyancy anomaly (see also Fig. 9d).

! Throughout the paper, the buoyancy flux used in the calcula-
tion of the Monin-Obukhov depth is B, minus the contribution
from solar radiation that penetrates below that depth (Large et al.
1994).
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2) TEMPERATURE

In contrast to salinity, the diurnal cycle is a dominant fea-
ture of the high-frequency temperature anomalies before,
during and after the rain events (Fig. 9b; cf. Fig. 9a). The max-
imum of the composite positive diurnal temperature anomaly
at 1 m is about +0.16°C before the rain event, and the peak to
trough amplitude of the diurnal cycle at 1 m is about 0.23°C.
Before the rain, the maximum 1 m composite diurnal temper-
ature anomaly occurs in the late afternoon (e.g., hour —33 in
Fig. 9), and the minimum 1 m composite diurnal temperature
occurs at just about daybreak (e.g., hours —42 and —18 in
Fig. 9). There are weaker but significant diurnal cycles in tem-
perature at 5- and 10-m depth. But, the temperature compo-
sites in Fig. 9 do not reveal a significant diurnal cycle at 25 m
or deeper, presumably because of the small number of rainy
days and the confounding nondiurnal high-frequency variabil-
ity, e.g., due to internal waves. Before the rainy day, the diur-
nal cycle composites from the upper 10 m of the 170°W
mooring data in Fig. 9b are qualitatively similar to composites
at 155°W and 180° reported by Masich et al. (2021) (which
were created with much more data and without regard to rain
events). However, Masich et al. (2021) also report a modest
but significant diurnal cycle with a peak-to-trough amplitude
of about 0.06°C at 25-m depth at 155°W, presumably because
of the greater number of days they composited.
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FIG. 8. (a)~(c) Medians and interquartile ranges of 4-day-mean ocean profiles of the salinity, temperature, and zonal velocity during the rain
events observed in the TAO moored buoy data from 0°, 170°W. (d)—(f) Medians and interquartile ranges of the squared vertical shear, vertical
buoyancy gradient, and gradient Richardson number derived from the 2-hourly binned observations across all rain events (i.e., without apply-
ing a 4-day mean to each event beforehand). For reference, the analogous LES profiles at 160°W are given by the black dotted lines. The
y-axis grid lines indicate the depths where the observations are collected in (a) and (b). And, Ri, = 1/4 is indicated by a vertical line in (f).

Subtracting the diurnal cycle (defined from —48 to —24 h)
before each rain event from each high-frequency temperature
anomaly time series and then compositing yields the charac-
teristic nondiurnal high-frequency temperature anomalies
during a rain event in Fig. 9c. This nondiurnal composite high-
lights the clear and significant temperature response to the
rain event, which is qualitatively very similar to the salinity re-
sponse (cf. Figs. 9a,c). Relative to the diurnal cycle before the
rainy day, the near-surface temperature becomes significantly
cooler at about daybreak following the rainy day (hour 6 in
Fig. 9¢). It may be noted that the composite temperature
anomalies become significant a few hours later and persist a
few hours longer than the salinity anomalies (cf. Fig. 9a).
However, like the salinity anomalies, the cool temperatures
are surface intensified during the daytime after the rainy day
(hours 6-18 in Fig. 9¢c), as expected in a daytime shallow
warm/rain mixing layer. The rain-event-induced temperature
anomalies are most extreme (<—0.16°C relative to a previous
diurnal cycle at 1 m) during the afternoon following the rainy
day (i.e., hours 12-18 in Fig. 9c). And, the anomalies are
mixed vertically and become more uniform over the top 25 m
during the night after the rainy day (hours 18-30). The distri-
butions of 24-h-mean temperature anomalies at 1 and 5 m
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during and after rainy days (0-24 h) span roughly —0.4° to
+0.2°C and are very similar to the analogous salinity distribu-
tions (Figs. 10a,b).

A back-of-the-envelope calculation shows that these com-
posite cool upper-ocean temperature anomalies due to the
rain events are consistent with the heat flux anomalies (domi-
nated by reductions in shortwave radiation) that occur in con-
junction with the rain (see Figs. 5 and 6 and section 3b). In
particular, a temperature anomaly of —0.1°C over a 10-m sur-
face warm/rain layer is equivalent to a depth-integrated buoy-
ancy anomaly of about —0.003 m* s~2. Time-integrating the
composite and smoothed BL, anomaly in Fig. 6, which is
about —2.5 X 107® m* s on average over 36 h (see Fig. 6),
yields the same —0.003 m? s~ depth-integrated buoyancy
anomaly. It may be noted that these buoyancy anomalies are
about half the magnitude and opposite in sign to those associ-
ated with salinity. That is, heat flux and temperature anoma-
lies during rainy days are significant to the ocean boundary
layer buoyancy response to a rainy day (see also Fig. 9d).

Finally, because cool temperature anomalies in Fig. 9c are
strongest during the daytime, it may be noted that the ampli-
tude of the composite diurnal cycle in temperature at 1 m is
about 50% weaker during and just after the rain compared to
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FIG. 9. Composite time series reveal the high-frequency ocean response to a rainy day as ob-
served in the TAO mooring data at 0°, 170°W, including anomalies in (a) salinity; (b),(c) tempera-
ture; and (d) buoyancy, which is further decomposed into contributions from temperature and sa-
linity (b = gaT — gBS). Measured depths are indicated by grid lines in the y axis in (a)—(c); results
in (d) are from the sensors at 1 m. Contour spacings are 0.01 psu and 0.02°C. The time listed on
the x axes is relative to a zero at local midnight during the rainy day (about 1100 UTC). A 4-day
moving average is subtracted from all the variables and at each depth to extract these high-
frequency signals. In (c), the data from the first 24 h is also subtracted from all four 24-h periods
in order to illustrate the high-frequency deviations from the regular diurnal cycle due to the rain
event. The gray bars on the top axes indicate the 24-h averaging window used in Fig. 10, which is
lagged 12 h behind the window used to identify the rain events and average the atmospheric
anomalies in Fig. 5. The number of events with data from the salinity and temperature sensors at
5 m are given in the panel titles.

before (Fig. 9b; see also Fig. 9d). On the other hand, the
peak-to-trough amplitude of the high-frequency buoyancy
anomaly at 1 m, which reflects the time-integrated effects of
both the salinity and temperature anomalies, is actually some-
what larger than the diurnal cycle before the rain in addition

also the increased buoyancy stratification in conjunction with
a shallower daytime rain/warm mixing layer.

3) VELOCITY

to being shifted up to higher values (Fig. 9d). This strong posi-
tive buoyancy anomaly on a daily time scale at 1 m reflects
not only the increased buoyancy input to the upper ocean, but
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High-frequency ocean velocity anomalies are modified by and
influence (via their effect on mixing) the upper-ocean tempera-
ture and salinity stratification. However, velocity observations
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velocity anomalies during rain events in the TAO observations at 0°, 170°W. The blue and red
distributions show two depths, as indicated in the legends. Means of each distribution are indi-
cated by tick marks on the x axis. The averaging window, which is indicated by the gray bars
on the top axes in Fig. 9, is lagged by 12 h relative to the atmospheric averaging window used in
Fig. 5, since the strongest ocean anomalies tend to lag the atmospheric forcing.

are unfortunately unavailable at the 1- and 5-m depths where the
temperature and salinity anomalies are most prominent. More-
over, the velocity variability below 10 m due to other processes,
including the daily variability shown in Fig. 10c as well as higher-
frequency variability (not shown), is quite substantial compared
to the diurnal signal due to surface forcing. Presumably as a re-
sult, no significant rain-event composite zonal velocity anomalies
were found. In addition, the diurnal cycle could not be separated
from the other variability during and around the rainy days.
Below 30 m, some significant diurnal and semidiurnal signals are
found before and after the rain event, but these signals are quite
sensitive to whether an estimate of the barotropic velocity is re-
moved and are therefore thought to be unrelated to the rain
event and thus not shown.

For reference when considering the example events in sections
4 and 5, Masich et al. (2021) find a significant diurnal cycle in the
downwind velocity (typically, more negative zonal velocities in
this case) from 10- to 50-m depth at 155°W and from 10 to 25 m
at 180° using enhanced velocity measurement techniques and
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many more diurnal cycles aggregated without regard to rain. The
peak-to-trough diurnal amplitude is about 6 and 12 cm s™! at
10-m depth at 155°W and 180°, respectively. The amplitude de-
cays somewhat at deeper depths, but much more rapidly at 180°
than 155°W. Masich et al. (2021) also find that diurnal velocity
and temperature anomalies are approximately but not exactly in
phase, and positive temperature anomalies are associated with
more downwind (i.e., more negative zonal) velocities.

4. LES of the ocean surface boundary layer during
rainy days

The LES provide valuable insight into the unobserved modu-
lation of strong equatorial shear, stratification, and turbulence by
a rain event on the equator in the central Pacific. Specifically, the
LES provide highly resolved (0.5 m) vertical profiles of the hori-
zontally averaged temperature, salinity, velocity, vertical shear,
density stratification, gradient Richardson number, and turbulent
statistics (Figs. 11-13). The turbulent statistics reported below
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FIG. 11. The high-frequency ocean response to a rainy day in the LES from 165° to 155°W (left to right) is expressed in the anomalies
from 4-day mean profiles, including (a)—(c) salinity, (d)-(f) temperature, (g)—(i) zonal velocity, and (j)—(1) buoyancy. (m)—(o) Time series
of the total surface fluxes of buoyancy and momentum. Overlaid in (a)—(l) are the mixed layer depth (magenta dashed), the depth Hgip
where the bulk Richardson number Ri, = 0.2 (black), the mixing layer depth (green, above which the dissipation e > 2 X 1078 m? s73),
and the Monin—Obukhov depth (gray). The net surface buoyancy flux in (m)-(0) is further decomposed into shortwave (SW) and virtual-
salt flux (VSF) contributions, as indicated in the legend below. Contours are spaced every 0.01 psu, 0.02°C, 0.01 m s !, and every

0.01 ga=2.9 X 107> m s ™2 (from top to bottom). Time tick marks are at local midnight.

include the dissipation rate of turbulent kinetic energy e and the
turbulent vertical fluxes of salt Fs, temperature/heat Fr, and
buoyancy Fj, in addition to zonal momentum F;. However, only
one rain event is simulated at three different locations and times.
Moreover, of the three, only one simulation (at 160°W) experi-
ences rainfall exceeding the threshold of a rainy day used in the
observational analysis above, i.e., more than 24 mm rain in a sin-
gle day (0000-2400 UTC) (Fig. 1). The maximum daily rainfall
at 155°W and at 165°W is about 14 and 18 mm day !, respec-
tively (Fig. 1). Nevertheless, these examples are useful for pro-
viding insight into the diversity of responses and the sensitivity of
the responses to the particular rain-rate threshold of 24 mm cho-
sen above.

The mesoscale ocean context for the three LES is shown in
Fig. 2. The shear is strong in the upper 100 m and the stratifi-
cation is sufficiently weak that the gradient Richardson num-
ber Ri, < 1 is low in the upper ocean at all longitudes (see
also Fig. 8). However, there is also mesoscale variability be-
tween the three LES locations, in addition to variations in the
timing and intensity of the rain (Fig. 1). In particular, al-
though there is quite a bit of similarity between the LES
mean profiles of temperature and zonal velocity, fairly subtle
variations in shear and stratification lead to significant zonal
variations in Ri,. For example, the contour where Ri, = 0.5
(in Fig. 2c) is at about 90 m at 165°W but only 45 m at 160°
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and 155°W. These variations significantly impact the parame-
terized boundary layer turbulence in the regional ocean
model, in which boundary layer mixing extends to a depth
Hg;, (denoted by a black line in Fig. 2c) where a bulk Rich-
ardson number

Hpy, AD

|Auh|2 + v?

Ri, (Hygy,) = “)

exceeds a threshold (0.3 in this model); Ab is the buoyancy
difference between the depth Hyy, and the surface layer (av-
eraged above 0.1 Hgj,), |Auyl® is the squared difference in
horizontal velocity between Hp;, and the surface layer, and v,
is a turbulent velocity scale that depends on the surface forc-
ing (for more details, see Large et al. 1994). In particular, it
may be noted that the depth Hg;, (black line in Fig. 2c) varies
from about 10 to 45 m between 150° and 170°W along the
equator and sometimes deviates quite significantly from the
mixed layer depth (magenta dashes in Fig. 2c). We will see
that these mesoscale variations in the shear, stratification, and
Richardson number influence the turbulence physics simu-
lated in the three LES.

Indeed, perhaps the most notable characteristic of the
ocean’s response to a rainy day in the LES is the substantial
diversity of ocean responses to rain. Nevertheless, a rainy day
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FIG. 12. As in Fig. 11, but the variables shown in the top four rows include (a)—(c) vertical buoyancy gradient N2, (d)(f) the squared
vertical shear S (divided by 4 to facilitate comparison with N), (g)~(i) the gradient Richardson number Ri, = N*/S>, and (j)~(1) the dissi-

pation rate of turbulent kinetic energy e.

does still manifest in some consistent ways in the upper ocean
in these simulations. And, both the diversity and consistency
are qualitatively similar to observations (Figs. 9 and 10).

For some examples of consistency, observe that at all three
longitudes there is a clear reduction in upper-ocean salinity
due to the rain, and the diurnal cycles of both the shortwave
radiation and the net surface buoyancy flux are suppressed
(Fig. 11). In addition, the upper 10 m in the simulation at
160°W is forced by a much stronger freshwater flux anomaly
and (as expected) is associated with fresher upper-ocean sa-
linity anomalies and cooler upper-ocean temperature anoma-
lies in the late afternoon when the mixing layer is shallow
during the rainy day (Fig. 11). There are also strong upper-
ocean buoyancy and buoyancy gradient N> anomalies in the
upper 10 m at 160°W in the late afternoon (Fig. 12), and these
buoyancy anomalies are caused by the surface-intensified re-
duction of salinity in a shallow daytime mixing layer, consis-
tent with observations.

Although we do not have the observations to compare with
many other outputs of the LES, many of these outputs are
qualitatively as expected based on analogies to observations
in other locations or to more well-observed physics in the cen-
tral equatorial Pacific (e.g., rain layers to diurnal warm
layers). For example, the simulated rain event is associated
with upward turbulent salinity fluxes (i.e., downward turbu-
lent buoyancy fluxes) at all longitudes, which seem to vary
with the amount of rainfall, the salinity stratification, and the
vertical extent of the mixing layer (Fig. 13). In addition, the
stronger rain event at 160°W is associated with a more
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negative surface zonal velocity anomaly and stronger shear in
the afternoon during and after the rain compared to the simu-
lations at other longitudes that are forced by less rain (Figs.
11 and 12). This enhanced velocity and shear anomaly is con-
sistent with the convergence of momentum in an unusually shal-
low daytime mixing layer due to enhanced B, and stratification
(Anderson et al. 1996; Shcherbina et al. 2019). Throughout this
stratified daytime rain layer at 160°W, the gradient Richardson
number Ri, < 1/4 (Fig. 12h), and the base of the mixing layer is
similar to the depth where Ri, = 1/4. The base of this mixing
layer happens to be deeper than the mixed layer but shal-
lower than the depth Hg;, where the bulk Richardson number
Ri, = 0.2 (note that this threshold is different from the one used
in the regional ocean model and in Fig. 2, where it is Ri, = 0.3).
In addition, this daytime shallow rain layer begins to descend
downward in the afternoon when B, is stabilizing, consistent
with the mean-profile stability argument that the mixing layer de-
scends as the mean shear overwhelms the mean stratification as
in the descent of the daytime warm layer in the central equatorial
Pacific (e.g., Schudlich and Price 1992; Smyth et al. 2013; Pham
et al. 2017). Finally, the dissipation rate is elevated relative to the
other days (Fig. 12) in the shallow rain layer at 160°W, including
during its descent to the nighttime deep cycle, as expected when
the momentum flux converges across a thinner more strongly
sheared mixing layer during daytime (e.g., ten Doeschate et al.
2019; Iyer and Drushka 2021b) (see also studies of diurnal warm
layers, e.g., Sutherland et al. 2016; Hughes et al. 2021).

On the other hand, many of the expected or consistent
characteristics of the ocean response to the strong rain at
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FIG. 13. As in Fig. 11, but the variables in the top four rows include (a)-(c) the downward turbulent salt flux Fg (expressed as a down-
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160°W in LES (as described above) are not even qualitative
characteristics of the ocean response to the weaker rain
events at 155° and 165°W. In addition, the quantitative nature
of even the consistent simulated responses to the rain as well
as many other features are complicated by factors other than
the rain. For example, consider the question of what controls
the magnitude of the salinity response to rain at 1 m? Al-
though more rain will yield more negative salinity anomalies
if the salinity is mixed vertically to a similar depth, the LES
results highlight how the complexities of ocean mixing com-
plicate the relationship between rainfall and salinity anoma-
lies at 1 m. In quantitative terms, the most negative salinity
anomalies at 1 m vary by about a factor of 7 from —0.026 psu
at 155°W to —0.12 psu at 160°W to —0.018 psu at 165°W. In
comparison, the total-event rainfall differs similarly but by a
much smaller factor of about 2.5, from 17.7 mm at 155°W, to
43 mm at 160°W, to 19.2 mm at 165°W. Notably, the relation-
ship between the salinity anomaly at 1 m and the rainfall is
neither monotonic nor a linear function of the total rain (cf.
Drushka et al. 2016; ten Doeschate et al. 2019). In addition,
this nonlinearity would be exaggerated by accounting for the
wind stress or wind speed, which is expected to be in some
sense inversely related to the salinity anomaly and perhaps
linearly so if the mixing layer depth is proportional to wind
speed (e.g., Pollard et al. 1973; Drushka et al. 2016), but not
necessarily if, e.g., the mixing layer depth scales as wind speed
to the third power as in Monin—Obukhov similarity theory
(Monin and Obukhov 1954) or another model (for some
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models of wind-driven mixed layer deepening; see, e.g., Kato
and Phillips 1969; Price 1979; Trowbridge 1992; Pham and
Sarkar 2017). In the LES, the weakest salinity anomaly at 1 m
and the deepest mixing layers during and after the rain occur
at 165°W in conjunction with the weakest wind (Figs. 11m-o).
In contrast, under a fairly similar rain rate and stronger wind,
a shallow daytime warm/rain layer does emerge at 155°W as it
does at 160°W under much stronger rain and stronger wind.
The somewhat surprisingly weak 1-m salinity anomaly at
165°W reflects a broader set of different characteristics in that
simulation relative to the other two. First, there is a particu-
larly thick, deep, and highly sheared but marginally unstable
layer with Ri, ~ 1/4 and vigorous deep-cycle turbulence that
can be sustained by shear through even stabilizing daytime
By; (Figs. 12 and 13). Although the thickness and depth of
the deep cycle seems unique at 165°W among these three
LES, we expect a thick deep cycle to be fairly common in the
central equatorial Pacific, albeit modulated by mesoscale vari-
ability [e.g., based on observations at 140°W and the modeling
of Pei et al. (2020), Cherian et al. (2021), and Whitt et al.
(2022)]. Second, the diurnal cycle in B, is especially de-
pressed by the rain event at 165°W due to the timing of the
stabilizing rain at night and the relatively strong suppression
of downwelling shortwave radiation during the day. In con-
trast, the rain peaks at about midday at 160°W, such that the
rain does not suppress convection at night and maintains a rel-
atively strong stabilizing B, during the day. As a conse-
quence, the diurnal cycle in buoyancy is more strongly
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FIG. 14. Observations of two rain events in the TAO data at 0°, 140°W are presented: (a),(b) temperature (color), zonal velocity (black
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Note the different y axis and color bar ranges in (a)—-(d).

disrupted by the weaker rain event at 165°W than the stronger
rain event at 160°W.

In summary, the LES results provide limited qualitative
support for the idea espoused in the introduction, that rains
less than 24 mm day ' typically have a fairly modest direct
impact on the boundary layer buoyancy (via salinity) and
hence physics. However, these results also underscore the ob-
servational result that rain events are also associated with sys-
tematic heat flux anomalies that can (on their own) alter the
upper-ocean buoyancy enough to rather dramatically alter
the ocean boundary layer physics, e.g., by preventing the for-
mation of the shallow daytime warm/rain layer in the example
at 165°W. Moreover, the heat flux anomalies and hence the
impacts on the ocean physics are not necessarily linearly re-
lated to rain rates.

5. Does a rain event modify the turbulent heat and
buoyancy fluxes in the deep cycle?

Although it is clear from the results of the previous sections
that rainy days significantly modify the turbulence in the up-
per 10-20 m of the ocean boundary layer in the central equa-
torial Pacific, it is not so clear from those results how the rain
modulates the fluxes of heat and buoyancy in the deep-cycle
turbulence below the mixed layer, which is a major reason
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why equatorial turbulence has a potent effect on the sea sur-
face temperature and climate (e.g., Moum et al. 2013). This
section uses the LES results to address the question of
whether the rain affects the deep-cycle turbulence in the cen-
tral equatorial Pacific. However, the section begins with some
motivating observations.

a. Observations from xpods on the TAO mooring at

0°, 140°W

Remarkably, given how rare rainy days are at 0°, 140°W
(Fig. 3), there are observations from ypods on the TAO
mooring of the ocean’s turbulent response to two rainy days
during the 2015 El Nifio at 0°, 140°W (Fig. 14). As in the ex-
amples from LES discussed in the previous section, the rain is
associated with negative salinity anomalies in the top 10 m
that persist for about 1-2 days. Shortwave radiation is sub-
stantially reduced, the diurnal warming of the sea surface tem-
perature is depressed, and the mixed layer is anomalously
shallow for a period of time. Below the mixed layer, the tur-
bulent heat flux weakens during both rain events. Consistent
with reduced turbulence, the gradient Richardson number in-
creases from Ri, ~ 0.25 indicative of marginal instability to
Rig ~ 1 indicative of stability. Although just two examples
with data from only a single depth below the mixed layer,
these results raise the intriguing suggestion that the surface
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buoyancy forcing due to the rain and solar radiation anoma-
lies might disrupt the balance between shear and stratification
as well as the deep-cycle turbulence in the marginally unstable
layer below the surface mixed layer.

b. LES

To quantitatively evaluate how deep-cycle turbulence is in-
fluenced by the rain, we use the LES results and follow Whitt
et al. (2022) by quantifying the maximum over depth of the
daily-averaged turbulent temperature flux (F7)™** and buoy-
ancy flux (Fp,)™®. Whitt et al. (2022) focus on this maximum
for two reasons: First, this subsurface maximum flux bounds
the maximum effect of mixing in a daily-averaged and depth-
integrated upper-ocean heat or buoyancy budget. Second, the
maximum flux, and the depth where it occurs z..x, can be
used together with an estimate of the surface flux and an esti-
mate of the depth of the surface mixing layer, where the flux
approximately goes to zero, to constrain a simple model of
the whole upper-ocean heat or buoyancy flux profile.

Whitt et al. (2022) focus first on the buoyancy flux (F,)™**
because of its role as a sink in the turbulent kinetic energy
budget, which is approximately in the canonical production—
buoyancy flux—dissipation balance (Osborn 1980), and be-
cause it was hypothesized that heat fluxes are approximately
proportional to buoyancy fluxes in the equatorial Pacific. Fur-
thermore, it was hypothesized that (F,)™"* can be scaled as a
power law product including two physical factors that nomi-
nally represent the turbulent momentum flux and mean shear,
based on an approximate proportionality between shear pro-
duction and buoyancy flux in the turbulent kinetic energy
budget in the deep cycle [with a canonical proportionality co-
efficient of about 0.2 (Gregg et al. 2018)]. The first and most
important factor in the power law is the bulk vertical shear S,
which is defined from a linear fit to the velocity averaged
over a day from the base of the low-Ri, deep-cycle layer
(Rig < 0.35; thick black lines in Figs. 11-13) to 5 m depth.
The second is the friction velocity u, = /|7|/pgy, Where |7] is
the magnitude of the wind stress. Smyth et al. (2021) re-
cently found that the mean shear and the wind stress were
the most useful predictors of the intensity of deep-cycle tur-
bulence in years of ypod observations at 0°, 140°W. And,
Whitt et al. (2022) show that power laws of the form

0.88

(F,)™*=3.1x10"%s,|"™, and ®)

(F,y™™= 0161295, ", (6)

(optimized via linear regression on the LES output) explain
about 70% and 90% of the simulated variance in (F},)™** in
68 days of LES (34 at each of 0° and 3°N along 140°W). In ad-
dition, these scalings explain about 50% and 40%, respec-
tively, of the observed variance in (F,)™* with mean bias less
than a factor of 2 in a completely independent validation on
38 days of observations with microstructure profiles about
every 10 min at 0°, 140°W from Lien et al. (1995). Finally, the

resulting scalings are derived empirically via linear regression,
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FIG. 15. (a)—(c) Scatterplots show several properties of the maxi-
mum over depth of the daily-mean downward turbulent buoyancy
flux (F,)™ in the three LES. These daily means begin and end at
about noon local time (2230 UTC), for consistency with Whitt et al.
(2022). The contributions of the turbulent temperature and salt
fluxes to (F,)™™ are shown in (a),(b) and two scalings (5) and (6)
are shown in (c). The net virtual surface salt flux at the surface is
shown in color (rainy days are blue). The most rainy day at 160°W
is anomalous in (a) and (b) and pointed out with an arrow.

but the approximate form (F,)™ ~ 0.2u2S, can also be de-
rived theoretically (Smyth et al. 2017, 2021).

A hypothesis that one might derive from these results is
that the surface buoyancy flux has little significant and direct
influence on or predictive power over (Fp)™* or the energet-
ics of the deep-cycle turbulence. Here, we test this hypothesis
in the extreme case of strong positive surface buoyancy flux
anomalies associated with a rare heavy rain event in the cen-
tral Pacific using the three LES reported above.

Perhaps surprisingly in light of what seemed like quite sub-
stantial deviations in the near-surface physics due to rain, not
a single daily (F,)™** deviates from either scaling by more
than about a factor of 2 across all three rain events [Fig. 15¢
shows results from 13 full days, each of which starts and ends
at 2230 UTC or about noon local time for consistency with
Whitt et al. (2022)]. To the extent there are outliers in (F,)™*,
they do not include the days with the heaviest rain. Fur-
thermore, (F;,)™** does not seem to be systematically lower
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FIG. 16. Scatterplots show the relationship between the maxi-
mum over depth of the daily-mean turbulent buoyancy flux (F,)™**
and the maximum over depth of the daily-mean turbulent tempera-
ture flux (F7)™*. (a) An approximate linear relationship is shown
between (Fp)™™ and (F,)™, and the buoyancy-scaled tempera-
ture flux ga(Fr)™* is within a factor of two of (F,)™* although
(Fp)™ is typically slightly stronger than ga(F7)™**. (b) A close re-
lationship is also shown between the depths z,,,.x Where the respec-
tive maxima (F7)™™ and (F,)™ occur, with one notable exception
on the rainiest day noted by an arrow. (c) The depth Hg;, where
the bulk Richardson number Ri, = 0.2 is related to zax, With two
notable exceptions that seem to be associated with the rain events
and are noted by arrows.

or higher on rainy days, when it takes both relatively high
(7 X 1078 m? s7%) and low (3 X 10°% m® s~2) values. The
buoyancy perturbation due to rain also has no obvious impact
on the depth of the deep-cycle layer defined by low Ri, < 0.35
(thick black lines in Figs. 11-13). And, the maximum daily-
mean downward turbulent temperature flux (F7)™ (or equiv-
alently heat flux) can be predicted within a factor of 2 from
(Fp)™™ on all 13 full days from the three events (Fig. 16a).
Taken together, these results support the hypothesis that even
relatively rainy days have little impact on the deep-cycle tur-
bulence in the central equatorial Pacific.

However, there are also some more subtle indications that
rain does have some impact on the deep-cycle turbulence.
Notably, on the rainiest day at 160°W (the bluest dot), the
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depths at which the maximum heat and buoyancy flux occur
differ dramatically. The maximum heat flux occurs at about
40 m, whereas the maximum buoyancy flux occurs at about
15 m (Fig. 16b). In addition, at the depth z,.x Where (F,)™™
occurs, the temperature flux is actually reversed (so heat is
transported upward) and the upward salinity flux sets (F,)™**
(Figs. 15a,b). On the other hand, with the exception of this
one rainy day, i.e., the only simulated day in which the rain
exceeds our 24-mm threshold, the maximum occurs at a
fairly similar depth z.., in both the (F7) and (F,) profiles
(Fig. 16b), and the heat flux generally dominates (F,)™**
(Figs. 15a,b). A final comment can be made with regard to
the depth zyax. Although z,.x can often be predicted from
the daily maximum depth where the bulk Richardson num-
ber is 0.2 (as in Whitt et al. 2022), there are two days where
HRgib and zp.y differ notably in these LES (Fig. 16c). The
most extreme failure of the Hgj, ~ Zmax scaling (with
Zmax < HRip) occurs at the end of the rainy day at 160°W,
and the failure is likely caused by the relatively strong, shal-
low, and long-lived upward turbulent salinity and down-
ward turbulent buoyancy flux anomalies that are required
to erode the buoyant warm/rain layer (Figs. 11b,k and
13b,k). Taken together with the observational examples,
these results suggest that surface buoyancy fluxes can signif-
icantly modify the deep-cycle dynamics: by modifying the
partitioning of buoyancy fluxes between heat and salinity as
well as systematically reducing the vertical penetration and
modifying the vertical structure of the turbulent fluxes of
heat and buoyancy.

6. Conclusions

The coincidental simulation of the ocean response to a rare
rainy day in large-eddy simulations in the central equatorial
Pacific raised the question: how does rainfall modify the air—
sea buoyancy exchange and the unique ocean surface bound-
ary layer physics, and in particular the deep-cycle turbulence,
on the equator in the central Pacific?

An analysis of atmospheric surface observations and rean-
alysis demonstrates that rainy days > 24 mm, in which the
buoyancy due to the rain substantially modifies the fairly reg-
ular diurnal cycle of upper-ocean buoyancy and physics, are
rare. Such rainy days occur roughly once every 100 days on
average in the central equatorial Pacific but are more com-
mon during boreal winter and El Nifo. Composites of atmo-
spheric surface conditions quantify a variety of systematic
changes in the surface atmosphere during a rainy day. Most
importantly, they highlight fairly dramatic reductions in the
daytime downwelling shortwave radiation, which is crucial to
account for when assessing the influence of a rain event on
the air—sea buoyancy flux as well as the upper-ocean buoy-
ancy and physics. On average, the reduction in shortwave ra-
diation together with the stabilizing rain yield about a 50%
reduction in the amplitude of the diurnal cycle in addition to
an overall increase in the net air-sea buoyancy flux during
rain events. The significance of these changes for ocean phys-
ics is highlighted in a large-eddy simulation in which reduced
daytime shortwave radiation during a rain event suppresses



1988

the formation of the typical daytime warm/fresh layer even
under stabilizing rain.

An analysis of the observed upper-ocean responses to rainy
days highlights the substantial spread in the distributions of
the upper-ocean salinity and temperature. The scatter in these
oceanic responses is plausibly attributable to the variability in
the atmospheric forcing during the rainy days, variability in
the oceanic preconditions, or other intrinsic oceanic variabil-
ity that occurs during the rain event but is unrelated to the
rain. Nevertheless, the sustained high-frequency observations
from the TAO mooring at 0°, 170°W do reveal significant
composite temperature, salinity, and buoyancy responses to a
rainy day. These anomalies are surface intensified and stron-
gest (roughly —0.12 psu or +0.0009 m s~2 and —0.16°C or
—0.0005 m s at 1 m on average on days with more than
24 mm of rain) during the daytime during and after a rain
event, consistent with a shallow daytime warm/rain mixing
layer and the anomalies in the air—sea flux of heat and fresh-
water during the rain event. Although these composite results
reflect significant quantitative relationships between the rain
rate and the magnitude of other atmosphere—ocean anoma-
lies, caution is required if extrapolating or predicting based on
these relationships due to the substantial variability between
rainy days, the large number of relevant variables, and the
comparatively limited number of observations.

Three large-eddy simulations provide the first explicit (un-
parameterized) look at how ocean boundary layer turbulence
responds to a rare strong rain event on the equator in the cen-
tral equatorial Pacific, which would be very difficult to inten-
tionally observe in a temporary process study. On the one
hand, the results of the simulation at 160°W, the only run in
which the rain was sufficient to meet our threshold of 24 mm
for a rainy day, are generally consistent with the observations
from the TAO mooring, and many features of the solutions
are as expected based on analogies with observations of the
ocean response to rain elsewhere. On the other hand, the
LES results also highlight how the complexities of the ocean
mixing complicate the upper-ocean response to rain, for ex-
ample, when the shortwave radiation anomaly associated with
the rain event prevented the formation of the shallow daytime
warm/fresh mixing layer under the rain at 165°W.

The manuscript concludes with the finding that a rainy day
can have subtle but significant impacts on the diurnal deep-cycle
turbulence, which is most significant for the upper-ocean heat
and momentum budgets. In particular, neither the total vertical
extent of the deep-cycle layer nor the bulk energetics of the
deep-cycle turbulence, which is controlled primarily by the ocean
shear and wind stress, are significantly modified during a rainy
day in the LES. However, a rainy day can completely change the
partitioning of the deep-cycle buoyancy flux between heat and
salinity fluxes (even reversing the signs). And, the rain may sys-
tematically modify the vertical structure of the turbulent fluxes
and lead to relatively stronger fluxes at shallower depths. Consis-
tent with this qualitative conclusion, observed turbulent heat
fluxes from moored ypods below the mixed layer decline during
two rare rainy days at 0°, 140°W during the 2015 EIl Nifio.

Finally, future work is needed to leverage and build on
these results toward a more complete understanding of how
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rain impacts the lower atmosphere and upper ocean. Most im-
portantly, although the results are expected to be of general
relevance to rainy days in the central equatorial Pacific, the
lower atmosphere and upper ocean responses to a rainy day
are expected to differ qualitatively in other locations, where
processes that are omitted (e.g., surface waves) and/or of mi-
nor importance (e.g., wind) in the central equatorial Pacific
are far more significant. Finally, although rainy days that sig-
nificantly perturb upper-ocean buoyancy dynamics are rare in
the central equatorial Pacific, their strong correlation with El
Nifio and the importance of accurate simulations of El Nifio
for global long-range weather and climate simulation suggests
that further study may be warranted in this particular region
and context, as well as more broadly.
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