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Abstract During the termination of the last ice age, atmospheric CO2 rose ~80 ppm, but the origin of this
carbon has not been fully resolved. Here we present novel constraints on the patterns and processes of
deglacial CO2 release using three marine sediment cores from the southwest Pacific. Carbon isotopes (δ13C)
and boron to calcium ratios (B/Ca) of benthic foraminiferal calcite provide records of the δ13C of total
dissolved inorganic carbon (DIC) and carbonate ion concentrations ([CO3

2−]) in seawater, respectively.
Together these properties indicate enhanced storage of respired CO2 between 1.2‐ and 2.5‐km water depth
during the Last Glacial Maximum (19–23 thousand years ago, ka). The first major rise in atmospheric CO2

during the last deglaciation, at the time of Heinrich Stadial 1, was accompanied by increases in δ13C and
[CO3

2−] at all core depths. The initial increases could be attributed to southward shifted westerly winds
driving increased upwelling in the Southern Ocean, sending a signal of enhanced ventilation northward into
the Pacific. Our results confirm that southern Pacific interior water masses served as an important reservoir
for CO2 during the last glacial period, likely extracted from the atmosphere via the biologic pump. Some
abrupt changes in Pacific carbon storage coincide with changes in Southern Ocean pH (Rae et al., 2018,
https://doi.org/10.1038/s41586‐018‐0614‐0), upwelling indicators (Anderson et al., 2009, https://doi.org/
10.1126/science.1167441), and pCO2 (Monnin et al., 2001, https://doi.org/10.1126/science.291.5501.112),
indicating that portions of the deep Pacific carbon pool can be ventilated rapidly to the atmosphere via the
Southern Ocean.

1. Introduction

The Pacific Ocean fills the world's largest ocean basin and acts as a major reservoir of carbon that can be
readily exchanged with the atmosphere (Key et al., 2004). Many marine geochemical paleorecords indicate
that during the Last Glacial Period, the Pacific Ocean held more carbon than it does today, accounting for a
substantial portion of glacial atmospheric CO2 drawdown (Anderson et al., 2019; Basak et al., 2018;
Bradtmiller et al., 2010; Hoogakker et al., 2018; Ronge et al., 2016; Sikes et al., 2016; Skinner et al., 2015).
However, the amounts, specific locations, and mechanisms of glacial carbon storage and subsequent release
have not been fully resolved. Some studies have examined evidence for intensified glacial carbon storage in
the abyss (Basak et al., 2018; Broecker & Clark, 2010; Herguera et al., 1992; Sarnthein et al., 2013), which
might be favored in an intensely salinity‐stratified ocean; others have proposed the existence of a “floating,”
mid‐depth carbon‐enriched water mass sandwiched by lower carbon water (Jacobel et al., 2017; Ronge et al.,
2016; Sikes, Cook, & Guilderson, 2016). Increased spatial coverage is needed to resolve the dimensions of
Pacific carbon reservoirs, and independent evidence from multiple proxies is required to quantify CO2 sto-
rage and to assess carbon sources and fluxes.

In the modern ocean, δ13C of dissolved inorganic carbon (δ13CDIC) is broadly correlated with nutrient con-
centrations due to the simultaneous uptake of nutrients and isotopically depleted carbon by phytoplankton
in surface waters, and the release of those same nutrients and carbon when detrital, sinking organic matter is
broken down bymicrobes in deeper waters (Broecker & Peng, 1982). South Pacific interior waters were char-
acterized by depleted δ13C during the LGM compared to the Holocene, suggesting that these waters stored
more respired carbon during the glacial period (Herguera et al., 1992; Herguera et al., 2010; Sikes et al.,
2016; Ullermann et al., 2016). Additional processes exert control on δ13CDIC, and deconvolving these com-
peting signals can be challenging even in the modern ocean (Eide et al., 2017; Gruber & Keeling, 2001;
Schmittner et al., 2013). However, in the deep ocean a strong relationship exists between Apparent
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Oxygen Utilization, which is the most direct measure for respired CO2, and δ13CDIC, demonstrating the uti-
lity of δ13CDIC as a means of tracking changes in respired carbon (Figure S1 in the supporting information).
Additional, independent proxies may be used to complement δ13C and develop a deeper understanding of
marine carbon cycling. Generating independent estimates of carbonate ion concentration ([CO3

2−]) in tan-
dem with δ13CDIC is one way to gain new insight into changes in ocean carbon storage (Allen et al., 2015;
Chalk et al., 2019; Marchitto et al., 2005; Yu et al., 2008; Yu et al., 2010; Yu et al., 2013).

The concentrations of carbonate ion ([CO3
2−]) and other dissolved inorganic carbon species are governed by

seawater's alkalinity and by total dissolved inorganic carbon (DIC). An injection of respired CO2 into deep
water raises DIC and initially decreases [CO3

2−]. In turn, this lowers the saturation states of calcite and ara-
gonite (Ω). If Ω falls far enough, seafloor carbonate deposits will begin to dissolve (Subhas et al., 2017),
which releases mineral‐bound calcium and carbonate ions back into seawater, raising [CO3

2−].
Dissolution continues until a new balance between supply and loss of ingredients for carbonate is reached
(Broecker & Peng, 1987).

Organic matter respiration decreases both [CO3
2−] and δ13CDIC (Yu et al., 2008). In contrast, carbonate dis-

solution increases [CO3
2−] and exerts little effect on δ13CDIC because the δ13C of marine carbonates is very

close to that of seawater (Zeebe & Wolf‐Gladrow, 2001). This is one example of how [CO3
2−] and δ13CDIC

may be used in concert to gain insight into specific processes affecting ocean carbon storage. Such processes
include not only biologic pump activity and seafloor dissolution but also air‐sea gas exchange and oceanmix-
ing (Yu et al., 2008; Yu et al., 2019). Past [CO3

2−] and δ13CDIC may be reconstructed from the boron to cal-
cium ratio (B/Ca) and δ13C, respectively, of benthic foraminiferal calcite preserved in marine sediments.
Reconstructed values for bottom water oxygen may also be combined with [CO3

2−] to estimate past alkali-
nity and DIC (Anderson et al., 2019).

Our core sites in New Zealand's Bay of Plenty are well‐positioned to monitor changes in deep and intermedi-
ate water masses exchanging between the Pacific and Southern Oceans (Figure 1 and Table 1). The shallow-
est site (1.2 km, RR0503‐79 JPC, hereafter core 79) is bathed today by relatively fresh intermediate water with
high δ13CDIC and high [CO3

2−]. This well‐ventilated, thermodynamically enriched signature is visible to
~20°N and serves as an important source of high δ13C water to the ocean interior (Eide et al., 2017). The dee-
pest site (2.5 km, RR0503‐125 JPC, hereafter core 125) is influenced by a mixture of carbon‐rich, lower
δ13CDIC interior waters derived from the North Pacific and Upper Circumpolar Deep Water from the
Southern Ocean. The strongest minima in δ13CDIC and [CO3

2−] in the Pacific Ocean are located at lower
intermediate depth in the North Pacific (−0.6‰, 50 μmol/kg); at similar depths in the South Pacific this
strong signature of organic matter respiration has been diluted by mixing with southern sourced waters.
The mid‐depth site lies at 1.6 km (RR0503‐83 TC and JPC, hereafter core 83), below the low‐salinity core
of intermediate water and above the lowest‐δ13CDIC, low‐oxygen core of CO2‐rich Pacific interior waters
(Allen et al., 2015). Past changes in the chemical composition or extent of these water masses should be evi-
dent in these sediment records.

2. Materials and Methods
2.1. Age Control

Age models for all three cores (Table 1) were constructed using geochemically fingerprinted and previously
dated tephras as well as 14C ages derived from the planktic foraminifer Globorotalia inflata (Allen et al.,
2015; Shane et al., 2006; Sikes, Elmore, et al., 2016). G. inflata samples were briefly sonicated in methanol,
leached in 0.001N HCl, converted to CO2, and graphitized prior to AMS‐14C analysis at Lawrence
Livermore Center for Accelerator Mass Spectrometry. Calendar ages were calculated using INTCAL13
(Reimer et al., 2013) and ages were assigned to samples by linear interpolation (Figure 2 and Table S1 in
the supporting information).

2.2. Stable Isotopes

All stable isotopes discussed in this study are derived from calcite tests of Cibicidoides spp., dominantly C.
wuellerstorfi, and were previously published in Sikes, Elmore, et al. (2016). Samples were analyzed on a
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Micromass Optima Mass Spectrometer at the Rutgers University Stable Isotope Laboratory. Further details
are available in Sikes, Elmore, et al. (2016).

2.3. B/Ca Sample Preparation

Sediment samples were washed through a 63‐μm sieve with deionized
water and then oven dried at <40 °C. Cibicidoides wuellerstorfi (also called
Planulina wuellerstorfi) specimens were picked from the >150‐μm size
fraction (sensu stricto; Rae et al., 2011). Samples consisting of 5–10 speci-
mens were partially crushed between glass slides and subjected to clean-
ing protocols for removal of clay particles, oxides, and organic matter
(Rosenthal et al., 1997).

Figure 1. Study location in the southwest Pacific. (a) Sediment cores (red circles) were collected as part of a larger depth
transect from New Zealand's Bay of Plenty (Sikes, Elmore, et al., 2016). The locations of the Subantarctic Front (SAF) and
Antarctic Polar Front (APF) are shown in dashed lines. Two dotted lines indicate the seasonal range of the Subtropical
Front (STF). (b Three sediment core sites are shown in the context of a modern water property transect (P15) from the
World Ocean Circulation Experiment accessed through Ocean Data View (Key et al., 2004; Schlitzer, 2004). Salinity
contours (gray) and δ13CDIC (colors) illustrate the influence of relatively fresh Antarctic Intermediate Water and isoto-
pically depleted Pacific Deep/Intermediate Water.

Table 1
Locations and Depths of Cores From the Bay of Plenty, New Zealand in the
southwest Pacific

Core Latitude (°S) Longitude (°E) Water depth (m)

RR0503‐79 36.9585 176.5928 1165
RR0503‐83 36.7375 176.6398 1627
RR0503‐125 36.1983 176.8892 2541
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2.4. B/Ca Analysis

Cleaned samples were dissolved in ultrapure 0.065 N HNO3 and analyzed
on a sector‐field mass spectrometer (Thermo Scientific Element XR) at
Rutgers University. An aliquot of a spiked gravimetric standard was ana-
lyzed every five samples. Ammonia gas was introduced to the spray cham-
ber to decrease boron washout times, and a suite of six standards with
differing [Ca] (1.5–8 mM) was run with each batch to quantify and correct
for matrix effects (Babila et al., 2014).

2.5. Carbonate Ion Calculation

Foraminiferal B/Ca values were converted to ΔCO3
2‐ according to the

modern core‐top calibration of Yu et al. (2013): B/Ca = 1.14 ΔCO3
2−

+ 176.6. Carbonate ion concentrations were then calculated from
ΔCO3

2− according to the equation: ΔCO3
2− = [CO3

2−]sat − [CO3
2−]in

situ, where [CO3
2−]sat is the carbonate ion concentration required for

calcite saturation (Ω = 1). Modern [CO3
2−]sat values of 53.4, 58.9,

and 70.6 μmol/kg were adopted for sites 79, 83, and 125, respectively,
based on nearby hydrographic stations from GLODAP v2 (Olsen
et al., 2016) (Table S2). Modern bottom water at 1.2 km in the south-
west Pacific contains a small amount of CFC‐11 and CFC‐12, suggest-
ing a maximum of ~10 μmol/kg anthropogenic CO2 (Sabine et al.,

2004; Key et al., 2004). Decreasing modern DIC by 10 μmol/kg at site 79 raises [CO3
2−] by 5

μmol/kg. Since the specific value of anthropogenic CO2 at core site 79 is uncertain, and the maximum
estimate falls within the 95% confidence interval of [CO3

2−] reconstruction here (±10 μmol/kg), a cor-
rection for anthropogenic CO2 is not made. This should be reassessed when improved estimates of the
ocean inventory of anthropogenic CO2 are available. Bottom water at 1.6 and 2.5 km contains negligible
CFC‐11 (Key et al., 2004); therefore, a correction for anthropogenic CO2 is not necessary for these sites.
Youngest available samples from sites 79, 83, and 125 are 3.8, 1.4, and 0.8 ka, respectively, all predating
the onset of the industrial era; [CO3

2−] calculated from B/Ca of C. wuellerstorfi from these samples
according to the Yu et al. (2013) calibration falls within modern values from the southwest Pacific, with
the exception of site 79 (Figure S2). This offset between the youngest sample (3.8 ka) and modern
values is likely due to a real difference in [CO3

2−] in waters bathing this site ~4 ka compared to today.
The offset does not affect downcore calculations since the full calibration equation is directly applied to
fossil‐derived B/Ca with no involvement of core‐top values (cf., Yu et al., 2014). A uniform [CO3

2−]sat
value is assumed throughout each core because small glacial temperature, salinity, and pressure changes
result in [CO3

2−]sat differences that are within the bounds of the proxy's calibration uncertainty (Allen
et al., 2015). All carbonate system calculations were done with the Matlab program CO2SYS.m (van
Heuven et al., 2011) employing the total seawater scale, K1 and K2 constants of Lueker et al. (2000),
KSO4 of Dickson (1990), and total boron of Uppström (1974).

3. Results
3.1. Quality Control

We set minimum limits for sample Ca concentration ([Ca]) and maximum limits for levels of elements com-
monly present in contaminating phases (e.g., clays). Data from samples with solution [Ca] less than 0.3 mM
were excluded, as were samples with Al/Ca above 1,000 μmol/mol. A total of 5 samples out of 183 were
excluded on this basis (3%; see Table S3). One additional sample in core 125 was excluded due to extreme,
anomalous trace element results, perhaps related to visible evidence of dissolution and an abundance of pyr-
ite in the bulk sample. This data point will be revisited in future work involving proxies for bottom
water oxygen.

Data presented in this study are derived from analyses conducted between 2011 and 2017. Recurrent analysis
of the same three internal consistency standard solutions with B/Ca of 33, 160, and 239 μmol/mol yields

Figure 2. Age models for southwest Pacific cores based on geochemically
fingerprinted tephras (squares) and planktic foraminiferal 14C ages (cir-
cles). Tephrachronology is based on the work of Shane et al. (2006). Dates
and depths are provided in Table S1 in the supporting information.
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analytical precisions of ±5.0, 2.8, and 1.9, respectively (% RSD). Corresponding standard errors are 0.5, 1.3,
and 1.3 μmol/mol. Since the minimum B/Ca value in our data set is 148 μmol/mol, we apply 3% RSD.

Eight pairs of replicate samples were analyzed from core 83, which had the highest abundance of C. wueller-
storfi. Shells were split into two groups and crushed separately; therefore, any differences between replicates
reflect both population and analytical influences. B/Ca differences between replicates ranged from 0.8 to
13.5 μmol/mol with an average of 7.5 μmol/mol (Table S4). Based on these replicate data, average standard
error for reconstructed ΔCO3

2− is 3.3 μmol/kg, and % RSD is 2.9, very similar to the analytical %RSD.

Combining the analytical and replicate RSDs (√(RSDA
2 + RSDB

2) yields 4% RSD. The standard error asso-
ciated with the global B/Ca‐ΔCO3

2− core‐top calibration is ±10 μmol/kg (Yu et al., 2013,
supporting information).

3.2. Reconstructed [CO3
2−] and δ13C Records

Holocene [CO3
2−] profiles were reconstructed from the average of available C. wuellerstorfi B/Ca data

between 0 and 8 cal kyr B.P. for each core. The profile generated from Bay of Plenty cores (79, 83, and
125; dark blue circles) mimics modern [CO3

2−] data from the region (light blue circles; Figure 3). The aver-
age Holocene value for the deepest core (125, 2.5 km) is elevated relative to modern values at the same depth.
However, the youngest available value from this core (0.8 ka) agrees with modern data within 1σ (Figure S2),
suggesting that the B/Ca proxy does faithfully represent bottomwater conditions, and the elevated Holocene
average is due to the presence of higher [CO3

2−] during the early‐middle Holocene.

At all three core sites in the southwest Pacific, average [CO3
2−] and δ13C were lower during the Last Glacial

Maximum (LGM; 19–23 ka) than during the middle to late Holocene (0–8 ka) (Figures 3 and 4). At 1.2‐, 1.6‐,
and 2.5‐km depth, average glacial [CO3

2−] was lower by 10, 16, and 19 μmol/kg, respectively. Based on a
two‐tailed Student's t test, the Holocene and LGM means of the two deeper cores (83 and 125) are

Figure 3. Comparison of mean [CO3
2−] for mid‐late Holocene (0–8 ka; filled symbols) and Last Glacial Maximum (LGM;

19–23 ka; open symbols). Southwest Pacific (SWP) glacial values are lower than Holocene values (blue circles; this study).
In the eastern equatorial Pacific (EEP), glacial values are lower than Holocene values between ~2.2 and 3.2 km, while
shallower and deeper cores have similar Holocene and LGM values (orange squares), as do those in the western equatorial
Pacific (gray diamonds; Doss & Marchitto, 2013; Umling & Thunell, 2018; Yu et al., 2010; Yu et al., 2013). In the Atlantic,
cores deeper than 3 km exhibit LGM [CO3

2−] lower than Holocene, similar to parts of the deep Pacific. In contrast, LGM
[CO3

2−] in Atlantic cores shallower than 3 km is higher than Holocene values, resulting in a steeper glacial vertical
[CO3

2−] gradient in that ocean basin (Chalk et al., 2019; Lacerra et al., 2017; Yu et al., 2008). For most regions, Holocene
averages agree with modern [CO3

2−] within 1σ (horizontal bars; Key et al., 2004). Location details and average values are
provided in Table S5 and Figure S3 in the supporting information.
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significantly different at a >99% confidence level, while those for the shal-
lowest core (79) are different at an 89% confidence level.

The initial deglacial rise in both δ13C and [CO3
2−] in all cores occurs

within Heinrich Stadial 1 (~18.0–14.5 ka). Assigning a more precise tim-
ing for these changes is not currently possible given the combined uncer-
tainties of the age model and the proxy‐based reconstructions and the
strong variability within each record, particularly in core 83 (supporting
information). In all three cores, δ13C and [CO3

2−] roughly covary
throughout the records, with the exception of core 79 from ~12 to 8
ka (Figure 4).

Interior waters experience minima in both δ13C and [CO3
2−] during the

glacial period, with lowest values occurring below 1.5 km (Figure 5).
During the deglaciation, both δ13C and [CO3

2−] rise slowly in deep water
(2.5 km) and increase in rapid steps in mid‐depth and shallow water (<2
km; Figures 4 and 5). Average Holocene and LGM δ13C and [CO3

2−] for
all three southwest Pacific cores are also shown on a δ13C versus [CO3

2−]
cross‐plot (Figure 6). The mean LGM to Holocene trajectories in δ13C ver-
sus [CO3

2−] space for all three cores are remarkably similar considering
the wide depth range (1.2–2.5‐km water depth) and the different deglacial
evolutions of each core (Figure 4).

4. Discussion
4.1. Last Glacial Maximum in the Southwest Pacific

At all three core sites, average [CO3
2−] and δ13C were lower during the

LGM (19–23 ka) than during the middle to late Holocene (0–8 ka;
Figures 3 and 4). At 1.2‐, 1.6‐, and 2.5‐km depth, average glacial [CO3

2−]
was lower by 10, 16, and 19 μmol/kg, respectively, and these Holocene
and LGMmeans are significantly different at 89% (1.2 km) and >99% con-
fidence levels (1.6 and 2.5 km; two‐tailed Student's t test). Given that gla-
cial surface ocean [CO3

2−] was likely elevated ~50 μmol/kg relative to the
Holocene (Barker & Elderfield, 2002; Lea et al., 1999), the surface‐to‐
interior ocean differences in this region must have been 60‐70 µmol/
kg greater during the LGM than during the Holocene, consistent with
the idea of higher biologic pump efficiency during the glacial period
(Allen et al., 2015; Anderson et al., 2019; Hertzberg et al., 2016; Sikes,
Elmore, et al., 2016).

The biologic pump dominates the modern deep‐ocean distributions of
δ13C (Craig, 1970; Kroopnick, 1985; Lynch‐Stieglitz et al., 1995) and
[CO3

2−] (Yu et al., 2008). If we assume that the entire glacial‐interglacial
δ13C change at these sites is due to degradation of biogenic material, and

that isotopic compositions and stoichiometric ratios of those materials remained roughly the same as today,
the expected mean glacial [CO3

2−] at site 83 due to the addition of respiratory CO2 is calculated to be ~70
μmol/kg (assuming δ13C of organic matter is −24‰, δ13C of dissolving carbonate is 0‰, and Corg:CCaCO3

of regenerated material above the lysocline in the Pacific is 1.3 after Broecker and Sutherland (2000)).
Any discrepancy between such a simplistic prediction and ameasured value could be explained by a number
of factors, including changes in the isotopic or stoichiometric composition of biogenic particles, the ratio of
organic matter to carbonate in degrading material, formation/dissolution of marine carbonates, including
the global increase in ocean alkalinity during the LGM due to carbonate compensation, the temperature
or extent of air‐sea δ13C equilibration, and/or kinetic effects. Our rough estimate of 70 μmol/kg based solely
on δ13C is 7 μmol/kg higher than the value of 63 μmol/kg reconstructed from B/Ca for this site (Table S5),
which is within the calibration uncertainty reported by Yu and Elderfield (2007).

Figure 4. Carbon isotopes and [CO3
2−] from southwest Pacific cores for the

last ~30 kyr. Isotope data (black symbols) are derived from Cibicidoides
(Sikes, Elmore, et al., 2016) and [CO3

2−] estimates (colored symbols) are
derived from C. wuellerstorfi B/Ca according to the calibration of Yu et al.
(2013). Vertical error bars on individual data points are ±0.05‰ for isotopes
(1σ precision of standards) and ±4% for [CO3

2−] (combined analytical and
population‐variation RSD; see text for details). Solid lines represent the
average of 1,000 smoothed Monte Carlo simulations of the data resampled
within ±10 μmol/kg and ±0.25‰ for [CO3

2−] and δ13C, respectively.
Shaded bands represent the nonparametric 95% confidence interval for the
smoothed mean (see supporting information for details). Open symbols
located at zero age represent the modern bottomwater [CO3

2−] at core sites.
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The glacial‐interglacial trajectories of all three southwest Pacific cores
roughly align with the best fit photosynthesis‐respiration line for the mod-
ern ocean from Yu et al. (2008), implying that, like today, the degradation
of sinking biogenic particles played a dominant role in setting the [CO3

2−]
and δ13C of the glacial ocean (Figure 6). Radiocarbon evidence suggests
that much of the deep ocean (>2 km) had higher reservoir ages and was
less well ventilated during the last glacial period than today, perhaps
accounting for nearly half of the glacial‐interglacial CO2 change
(Sarnthein et al., 2013; Sikes, Cook, & Guilderson, 2016; Skinner et al.,
2015). At some locations in the North and South Atlantic, benthic δ13C
closely follows the pattern of δ13C of atmospheric CO2, implying that a
portion of these records may be explained by partial equilibration with a
13C‐depleted atmosphere (Lund et al., 2019; Lynch‐Stieglitz et al., 2019);
in contrast, our southwest Pacific records do not emulate atmospheric
composition during the early deglaciation, implying stronger influence
of oceanic processes in the Pacific. Although the overall trend in the rela-
tionship between δ13C and [CO3

2−] during the LGM is consistent with
greater storage of respiratory CO2 in deep water, sufficient variability
exists within the records to allow for imprints from other processes, such
as air‐sea gas exchange. Additional reconstructions for dissolved nutrients
(Yu et al., 2019) and/or oxygen (Anderson et al., 2019) are needed to quan-
tify specific carbon contributions from carbonate dissolution, organic
matter respiration, and air‐sea gas exchange.

4.2. Last Glacial Maximum in the Pacific Versus Atlantic

In the Atlantic Ocean, the LGM is characterized by a steeper vertical
[CO3

2−] gradient (shallow‐to‐deep difference) than in the Holocene, with
higher [CO3

2−] above 2.5 km and lower [CO3
2−] below 3 km, consistent

with the idea of a relatively well ventilated upper cell and poorly venti-
lated deep water during that time (Chalk et al., 2019; Lund et al., 2015;
Yu et al., 2008). In contrast, our South Pacific results indicate lower
[CO3

2−] between 1.2 and 2.5 km (Figure 3), supporting the idea that
mid‐depth waters in this region were relatively isolated from the atmo-
sphere and able to accumulate respired CO2 from sinking biologic detritus

(Ronge et al., 2016; Sikes et al., 2000; Sikes, Cook, & Guilderson, 2016; Skinner et al., 2015).

In the western equatorial Pacific, LGM‐Holocene [CO3
2−] offsets are typically small (3–5 μmol/kg), inter-

preted to reflect efficient pH buffering by dissolution of seafloor carbonates to compensate for greater storage
of respiratory CO2 (Umling & Thunell, 2018; Yu et al., 2013). Offsets in the south Pacific (this study) and east-
ern equatorial Pacific (Doss & Marchitto, 2013; Umling & Thunell, 2018) are larger (~10–20 μmol/kg), per-
haps because these sites remained above the lysocline and/or experienced an ongoing injection of CO2 that
outpaced CaCO3 dissolution.

During the LGM, [CO3
2−] estimates for the deep Atlantic and Pacific lie closer together than they do during

the Holocene, while the opposite is true for the shallow Atlantic (above 3 km) (Figure 3). Together with
stable isotope data, this supports the idea that communication between Atlantic and Pacific basins via the
Southern Ocean was reduced for shallower waters during the LGM, effectively isolating the shallow
Atlantic overturning cell from the rest of the ocean (Ferrari et al., 2014; Sikes et al., 2017).

4.3. Deglaciation

The end of the last ice age was marked by a rapid rise in atmospheric CO2 accompanied by abrupt changes in
the Southern Hemisphere, including increased upwelling and rising deep‐water pH in the Southern Ocean
(Anderson et al., 2009; Rae et al., 2018). The sharp rise in atmospheric temperature at midlatitudes in the
Southern Hemisphere prior to a major rise in CO2 (Putnam et al., 2013) suggests an abrupt southward shift
of the westerly winds, which could have driven a breakdown in glacial stratification and a release of CO2

Figure 5. Depth versus age contour plot of δ13C and [CO3
2−] data shown in

Figure 4 and from Sikes, Elmore, et al. (2016). Colored dots represent indi-
vidual data points (Table S3); color contours are drawn at 0.1‰ and 5‐μmol/
kg intervals in (a) and (b), respectively. During the glacial period, low‐δ13C
and low‐[CO3

2−] water exists below 1.5‐km water depth. Both δ13C and
[CO3

2−] increase during the glacial termination, achieving near‐modern
values by the mid‐Holocene.
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from the ocean (Toggweiler & Russell, 2008). Such an atmospheric shift
has the potential to affect a wide region, spanning the full breadth of the
Southern Ocean including intermediate and deep water
formation regions.

At site 79 (1.2‐km water depth) in the South Pacific, [CO3
2−] and δ13C

start to rise ~18 ka, at the start of HS1 (Figure 4). This shift occurs at the
same time as the first deglacial pulse of upwelling in the Southern
Ocean (Anderson et al., 2009) and a sharp increase in δ13C at the same
depth in the southwest Atlantic (Lund et al., 2015; Sikes et al., 2017;
Figure S4). Today, low‐salinity intermediate water interacts with the
atmosphere at high latitudes and then sinks before moving to lower lati-
tudes, carrying a signature of Southern Ocean air‐sea gas exchange north-
ward. Therefore, the paired rise in [CO3

2−] and δ13C at site 79 is consistent
with a deepening of the boundary between well‐ventilated intermediate
waters and more poorly ventilated deep water during this time
(Clementi & Sikes, 2019; Pahnke & Zahn, 2005; Ronge et al., 2015), and
extends the footprint of wind‐driven ventilation into the
midlatitude Pacific.

The strong positive excursion in both [CO3
2−] and δ13C (~18–15 ka) is

contrary to the global pattern of δ13C of atmospheric CO2 (Schmitt
et al., 2012), suggesting that gas exchange with the atmosphere is not able
to strongly overprint or fully reset the oceanic δ13C signal at this Pacific
site during HS1, in contrast to some Atlantic sites (Lund et al., 2019;
Lynch‐Stieglitz et al., 2019). Later in the deglaciation, from ~12 to 8 ka,
[CO3

2−] decreases while δ13C increases at site 79. This temporary decou-
pling of [CO3

2−] and δ13C suggests the influence of a process other than
the creation or destruction of organic matter. One way to achieve such a

decoupling in the modern ocean is to lower the temperature at which air‐sea gas exchange occurs and allow
partial or full re‐equilibration (Lynch‐Stieglitz et al., 1995). However, oxygen isotope data from core 79
(Sikes, Elmore, et al., 2016) are not consistent with a cooling of intermediate water at this time.
Alternatively, it is possible that δ13C rose and [CO3

2−] fell due to a change in the nature of air‐sea gas
exchange between 12 and 8 ka. During this interval, atmospheric pCO2 was rising and the δ13C of atmo-
spheric CO was also increasing (Schmitt et al., 2012). Invasion of relatively δ13C‐enriched atmospheric
CO2 into Southern Ocean surface water could have resulted in isotopically enriched, lower [CO3

2−] surface
water that was eventually transformed to Antarctic Intermediate Water near the Polar Front, bringing this
signal northward into the southwest Pacific. Independent temperature and nutrient reconstructions are
needed to assess these possibilities.

Bottom water [CO3
2−] at sites 83 (1.6 km) and 125 (2.5 km) begins to rise ~18 ka as well, and [CO3

2−] at all
three core sites continues to rise through HS1. What mechanism(s) could account for a rise in deep [CO3

2−]
at this time? Today sites 83 and 125 are both strongly influenced by Circumpolar Deep Water (CDW). CDW
represents a mixture derived from North Atlantic Deep Water, Pacific Deep Water, and Indian Deep Water.
In addition, Antarctic shelf water that is not dense enough to become bottom water becomes part of CDW
(e.g., Weddell Sea Deep Water; Talley, 2011). Therefore, the properties of CDWmay be affected by changing
the properties of one or more of these component water masses and/or by altering the mixing proportions.
Today sites 83 and 125 fall within a local oxygen minimum, indicating the presence of Upper Circumpolar
Deep Water dominated by Pacific Deep Water and Indian Deep Water contributions, as opposed to Lower
Circumpolar Deep Water, which is identified by higher salinity caused by a stronger contribution from
North Atlantic Deep Water (Orsi et al., 1999). A deglacial increase in [CO3

2−] of Upper Circumpolar Deep
Water in the southwest Pacific could be driven by (1) an increase in [CO3

2−] of Pacific Deep Water and/or
Indian Deep Water, (2) a relative increase in the proportion of Atlantic‐sourced or Antarctic‐sourced deep
water characterized by relatively higher [CO3

2−], and/or (3) loss of respired CO2 by increased ventilation
to the atmosphere.

Figure 6. Comparison of mean δ13C and [CO3
2−] in the southwest Pacific

for mid‐late Holocene (0–8 ka) and glacial (19–2 ka) intervals. At all three
core sites, both δ13C and [CO3

2−] are lower during the glacial period. Error
bars represent standard error of the mean. Gray‐scale dots are from the
global data set of Schmittner et al. (2013); only data >1 km are shown, and
[CO3

2−] was calculated from published alkalinity, DIC, salinity, tempera-
ture, phosphate, and silicate data. The mean ocean shift (black arrow on y
axis) of 0.34‰ is from Peterson et al. (2014). The slope of photosynthesis‐
respiration line is the best fit for modern deep water from Yu et al. (2008),
the CaCO3 line assumes that δ13C of marine carbonate and seawater are
equal, and the air‐sea slope was calculated assuming 0.1‰ enrichment of
DIC per °C of cooling (Lynch‐Stieglitz et al., 1995; Mook et al., 1974) and
allowing full equilibration (see supporting information).
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In the Pacific, glacial [CO3
2−] is similar to Holocene values in the western

and equatorial Pacific (Figure 3), indicating that a large portion of the
deep Pacific was characterized by stable [CO3

2−]. This suggests that an
increase in the relative influence of higher‐[CO3

2−] water masses is a
more likely explanation. Independent εNd evidence from the South
Atlantic and southwest Pacific point to enhanced input of more isotopi-
cally depleted North Atlantic‐sourced water to the South Pacific during
deglaciations (Hu et al., 2016), consistent with this mechanism. To
develop a deeper understanding of the potential contributions of different
water masses to deep‐ocean [CO3

2−] change in the southwest Pacific,
more data are needed to assess glacial‐interglacial [CO3

2−] in the North
Pacific, Indian, and Southern Oceans.

The biological pump was more efficient during the last glacial period than
it is todday (Martínez‐García et al., 2014; Studer et al., 2015). A degla-
cial decrease in the efficiency of the global biological pump could account
for a portion of deglacial atmospheric CO2 rise and also drive an increase
in interior‐ocean [CO3

2−] (Lacerra et al., 2019), potentially accounting for
portions of deglacial [CO3

2−] rise in our southwest Pacific records. A
decrease in biological pump efficiency corresponds to a less complete uti-
lization of nutrients in the surface ocean (Knox & McElroy 1984).
Therefore, in the absence of changes in ocean circulation, a decrease in
efficiency is expected to drive a decrease in total export production out
of the surface mixed layer, with decreasing impact at greater depths fol-
lowing a flux attenuation curve (Martin et al., 1987). Given the variability
and resolution of our data set, assessing relatively short, millennial‐scale
changes on the order of HS1 is challenging; a comparison of glacial versus
interglacial [CO3

2−] averages is more robust. Within our three‐core depth
transect, the glacial‐interglacial [CO3

2−] difference increases with depth:
10 μmol/kg (1.2 km), 15 μmol/kg (1.6 km), and 19 μmol/kg (2.5 km).
These observations are contrary to predictions based on decreased biolo-
gic pump efficiency occurring in the absence of a change in ocean ventila-
tion. Instead, the observations point to an important role for ocean physics
in driving the deglacial change in biologic pump efficiency. The increasing
magnitude of glacial‐interglacial [CO3

2−] difference with depth (Figure 3)
suggests that the greatest change in ventilation within our transect
occurred at 2.5 km, with smaller changes in ventilation occurring at shal-
lower depths, pointing to a glacial‐interglacial change in
ocean circulation.

Support for a Southern Ocean link is provided by concurrent changes in
Southern Ocean pH (Figure 7; Rae et al., 2018). In the absence of compet-
ing effects, an increase in CO2 content of seawater results in a decrease in
pH. The existence of a strong horizontal pH gradient in the Drake Passage
during the LGM suggests relative carbon enrichment of deeper Pacific
water, while the breakdown of that gradient during deglaciation suggests
ventilation—a transfer of carbon from the deep ocean to the upper ocean
(Rae et al., 2018). The deglacial rise in pH of the Southern Ocean “lower
cell” is matched by the [CO3

2−] and δ13C rise at South Pacific site 125
(Figure 7), pointing to deglacial ventilation of the South Pacific via the Southern Ocean.

Today the South Pacific sites (79, 83, and 125) and Drake Passage sites (Rae et al., 2018) are characterized by
similar neutral density, and modern dissolved oxygen transects reveal a distinct low‐oxygen core of Pacific
Deep Water penetrating the Southern Ocean at Drake Passage (Figure S6), consistent with the idea that
these Drake Passage depths are fed by South Pacific sources (Reid, 1997). Our results suggest that deeply

Figure 7. Comparison of marine and atmospheric records of the last degla-
ciation. (a) Atmospheric CO2 from Monnin (2001) (black line), Marcott
(2014) (red line), and Ahn and Brook (2008) (dashed line). (b and c) Benthic
δ13C and [CO3

2−] from core 79. (d and e) δ13C and [CO3
2−] from core 83. (f)

Boron isotopes from deep‐sea corals in Drake Passage (Rae et al., 2018),
where black line = “deep cell” and purple = “upper cell” (see text for
details). (g and h) δ13C and [CO3

2−] from core 125. Lines in (b)–(e), (g), and
(h) represent 5‐point running means. Open symbols on the y axes at zero age
represent modern bottom water composition.
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sequestered CO2 was released not only from the Southern Ocean at this time (~6% of modern ocean volume)
but also from the interior South Pacific as well (~24% of modern ocean volume; Peterson et al., 2014), ulti-
mately tapping a larger reservoir of carbon. The alignment of both millennial‐scale and longer‐term shifts
in [CO3

2−] and δ13C at our two deeper sites with pH excursions in the Drake Passage suggests that, like
today, the Southern Ocean was a major conduit for global‐scale ocean‐atmosphere gas exchange.

These observations of rising [CO3
2−] and pH are inconsistent with predictions for major release of geologic

CO2 to the deep ocean during the deglaciation (Stott et al., 2019). An injection of mantle‐derived CO2 into
seawater would cause an immediate decrease in [CO3

2−] and pH, contrary to observations. Our results do
not preclude the possibility of some amount of mantle‐derived CO2 entering the atmosphere via a different
region (e.g., in the EEP), but they do provide evidence for a deglacial loss of CO2 from a large portion of the
Pacific dominated by respired carbon rather than geologic carbon.

5. Conclusions

1. In the southwest Pacific between 1.2‐ and 2.5‐kmwater depth, average [CO3
2−] was lower during the LGM

than during the Holocene. Previous work has shown that [CO3
2-] of surface water was at least 50 µmol/kg

greater during the LGM. Thus, the new results indicate much stronger vertical gradients (surface to mid‐
depth) of [CO3

2−] during the LGM compared to the Holocene.

2. During the LGM, water masses in the Atlantic and Pacific shallower than 3 km were characterized by lar-
ger interbasinal [CO3

2−] contrasts (~50 μmol/kg) than during the Holocene (~20 μmol/kg). Interbasinal
[CO3

2−] contrasts in deeper waters (>3 km) were smaller.

3. Deglacial trends roughly align with the [CO3
2−]‐δ13C slope predicted for modern regenerated biogenic

material, implying a dominant role for the biologic pump in sequestering glacial CO2 in the South Pacific.
Additional nutrient and/or dissolved oxygen records are needed to isolate competing effects on [CO3

2−]
and δ13C.

4. During the deglaciation, [CO3
2−] in all three cores begins to rise ~18 cal kyr B.P. and continues to rise

through 15 cal kyr B.P, consistent with increasing ventilation of deep water associated with a southward dis-
placement of the southern westerlies.

5. Today, mid‐atmosphere temperature contrasts have increased, strengthening westerly winds (Swart &
Fyfe, 2012; Toggweiler & Russell, 2008). If enhanced modern wind‐driven mixing more effectively taps
the modern deep‐ocean carbon reservoir, it could make the Pacific Ocean a less effective sink for anthropo-
genic CO2 (Tamsitt et al., 2017). Our results suggest that this scenario has already played out during the last
glacial termination. Further work is needed to quantify the amounts and rates of carbon release that are pos-
sible via these mechanisms.
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