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Abstract 23 

Sulfate-driven anaerobic oxidation of methane (SD-AOM) plays a critical role in 24 

regulating the global methane budget. Determination of the diagnostic triple isotope 25 

exponent 33
θ (≡ln33

α/ln34
α) for SD-AOM can help to identify and quantify microbial 26 

sulfate reduction via SD-AOM in the environment. The history of Earth’s surface 27 

redox conditions can also be examined through the measurement of triple sulfur 28 

isotope compositions in sedimentary rocks. Due to difficulties in both culturing 29 

anaerobic methanotrophs and sampling pore-water sulfate in SD-AOM-dominated 30 

environments, however, the 33
θ values for the processes of SD-AOM have not been 31 

constrained. We propose that a set of modern cold-seep associated barite samples with 32 

low ∆δ18O/∆δ34S values bear a record of residual pore-water sulfate during SD-AOM, 33 

and therefore the triple sulfur isotope composition of these barites can be used to 34 

deduce 33
θ values. We applied a 1-D diagenetic reaction-transport model to fit ∆33S 35 

and δ′34S results from modern cold seep barites collected from five sites in the Gulf of 36 

Mexico. Based on revealed negative correlations (R2=0.77) between ∆33S and δ′34S 37 

values we calculated an upper-limit 33
θ value of 0.5100 to 0.5112 (±0.0005) given a 38 

1000ln34
α value of -30‰ to -10‰. This 33

θ value is distinctively lower than that of 39 

organoclastic sulfate reduction (OSR) in marine environments where the diagnostic 40 

isotope fractionation (1000ln34
α) is typically more negative than that of SD-AOM. In 41 

addition, cold seep barite data display a negative ∆
33S-δ′34S correlation whereas 42 

pore-water sulfates of all OSR-dominated settings show a positive one. Therefore, the 43 

diagnostic triple-sulfur isotope exponent and associated negative ∆33S-δ′34S 44 
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correlation may allow for the identification of SD-AOM in sedimentary records. 45 

 46 

Keywords: isotope fractionation; reaction-transport model; cold seeps barite; 47 

anaerobic methane oxidation; Gulf of Mexico; multiple sulfur isotopes 48 

 49 

1. Introduction 50 

Microbial dissimilatory sulfate reduction coupled with anaerobic methane 51 

oxidation (AOM) or sulfate-driven AOM (SD-AOM) has been identified as the main 52 

process consuming methane in subsurface seafloor environments (e.g., Reeburgh, 53 

2007; Eggers et al., 2018). Sulfate reduction rates in methane-seep sediments can be 54 

several orders of magnitude higher than those measured in non-seep sediments 55 

(Aharon and Fu, 2000; Joye et al., 2004). The activity of SD-AOM signifies 56 

chemosynthesis-dependent life (Campbell 2006; Kaim et al., 2014), is relevant to 57 

greenhouse gas budgets in the geologic past (Olson et al., 2016), and is a major part of 58 

the marine carbon cycle (e.g., Peckmann and Thiel, 2004; Zhou et al., 2016). Today 59 

one of the most distinct geological features of SD-AOM activity is extremely negative 60 

δ
13C value in carbonate rock, typically less than -30‰ (VPDB), (e.g., Peckmann and 61 

Thiel 2004; Feng et al., 2016). However, the δ
13C of carbonates is controlled by the 62 

mixing ratio of SD-AOM sourced CO3
2- and seawater DIC. High seawater [CO3

2-] 63 

and/or low seawater [SO4
2-] that characterizes seawater through much of the 64 

Precambrian may have decreased the fraction of SD-AOM sourced CO3
2-, which 65 

would have resulted in highly negative δ13C values preserved in marine carbonate 66 
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records far less likely to form prior to the early Paleozoic Era (Bristow and Grotzinger 67 

2013). 68 

It has been observed that coupled δ
18O and δ34S values of modern pore-water 69 

sulfate at different depths in marine sediment cores will bear a typical slope of >0.70 70 

where microbial dissimilatory sulfate reduction is dominated by organotrophic sulfate 71 

reduction (OSR) (Aharon and Fu et al., 2000; Antler et al., 2014). Recently, studies of 72 

both modern and ancient environments associated with significant SD-AOM have 73 

revealed a distinctively lower δ18O-δ34S slope that ranges from 0.27-0.50 among 74 

cold-seep barite and carbonate samples (in the form of carbonate-associated sulfate; 75 

Feng and Roberts, 2011; Antler et al., 2015; Feng et al., 2016). This finding offers a 76 

potential proxy for SD-AOM activity in geological history. However, the 77 

interpretation of δ18O-δ34S slopes has important caveats. First, the δ
18O-δ34S slope is 78 

also dependent on the δ18O value of seawater sulfate and that of seawater sulfate 79 

(Turchyn et al., 2010; Feng et al., 2016; Antler et al., 2017), which has likely changed 80 

through Earth history (Claypool, 1980). Second, the slope could be altered if early or 81 

late-stage diagenetic processes altered the δ
18O of initially deposited sulfate (Fichtner 82 

et al., 2017).  83 

The relationship among triple sulfur isotope compositions (32S, 33S, 34S) of 84 

sulfur-bearing compounds can be a diagnostic parameter for SD-AOM activity that is 85 

potentially more robust that interpretations solely based on δ18O-δ34S slopes. Pure 86 

cultures of sulfate-reducing microbes with non-methane electron donors have 87 

demonstrated a negative correlation between 1000ln34
α and 33

θ values, i.e. the 33
θ 88 
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increases when the 1000ln34
α becomes more negative as a cell-specific sulfate 89 

reduction rate decreases (Sim et al., 2011b; Leavitt et al., 2013). Here, 33
θ ≡ 90 

ln33
α/ln34

α, 3i
α is the diagnostic fractionation factor, defined as 3iRH2S/

3iRSO4
2-, where 91 

3iR is the ratio of 3iS/32S, and the superscript ‘3i’ refers to 33 or 34. This positive 92 

correlation was suggested to reflect a first order rate difference between sulfate uptake 93 

by the cell and sulfate leakage out of the cell during microbial dissimilatory sulfate 94 

reduction (Wu and Farquhar, 2013). Since the 1000ln34
α was shown to be much 95 

negative during SD-AOM than during OSR processes in marine sediments (Aharon 96 

and Fu, 2003; Deusner et al., 2014), we expect that the diagnostic 33
θ value for 97 

SD-AOM should consequently be smaller than that of typical OSR processes in 98 

marine environments.  99 

This perceived difference in minor sulfur isotope fractionation between SD-AOM 100 

and OSR processes is expected to be manifested in their ∆33S-δ′34S trajectories of 101 

their residues or products. Here, ∆
33S values are the deviation of δ′33S values from a 102 

reference line defined as ∆33S≡δ′33S-0.515*δ′34S, where δ′3iS=ln(1+δ3iS), 103 

δ
3iS=3iR/3iRref -1, and 3iRref is the abundance ratio of the 3iS and 32S in the sulfur 104 

reference standard. For example, according to a linear fit of published 1000ln34
α and 105 

33
θ values (cf. Ono et al., 2012) and the known 1000ln34

α range associated with 106 

SD-AOM processes, i.e., -40‰ to -10‰ (Aharon and Fu 2000; Deusner et al., 2014; 107 

Sivan et al., 2014), the 33
θ value during SD-AOM could be lower than 0.5125. 108 

Therefore, the corresponding ∆33S-δ'34S relationship for SD-AOM dominated 109 

pore-water sulfate profiles would exhibit a negative correlation. We predict that such 110 
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a trajectory could be distinct from the positive ∆
33S-δ'34S correlation reported for 111 

OSR-dominated pore-water sulfate profiles (e.g. Strauss et al., 2012; Pellerin et al., 112 

2015; Masterson et al., 2018). If confirmed, the ∆
33S-δ'34S relationship preserved in 113 

the sedimentary record is a potentially useful tool for distinguishing different sulfate 114 

reduction pathways. 115 

More specificity beyond our hypothesis of a different ∆33S-δ'34S relationships for 116 

pore-water sulfate profiles between SD-AOM- and OSR-dominated sediments is not 117 

available at this time. Culture experiments show that the 33
θ value has a wide range 118 

from 0.5079 to 0.5144 (e.g. Sim et al., 2011b; Leavitt et al., 2013). The activity of 119 

respiratory enzymes, which is both electron-donor- and strain-specific, influences the 120 

degree of sulfur isotope fractionation or the 1000ln34
α value (e.g. Sim et al., 2011b; 121 

Wing and Halevy 2014; Bradley et al., 2016). Therefore, our first step, should be to 122 

calibrate the ∆33S-δ′34S relationship for a pore-water sulfate profile in a typical 123 

SD-AOM-dominated sedimentary setting in a modern marine environment. 124 

Due to high sulfate reduction rates in SD-AOM settings, pore-water sulfate 125 

concentrations often rapidly decrease at shallow depths (Aharon and Fu, 2000). 126 

Top-layers of a sediment cores can easily be disturbed during coring, causing 127 

pore-water sulfate to be contaminated by seawater sulfate. In addition, low sulfate 128 

concentrations often make it difficult to collect enough pore-water sulfate for triple 129 

sulfur isotope analysis. Fortunately, modern cold-seep barite samples have been found 130 

to preserve the original isotope signals of pore-water sulfate associated with SD-AOM 131 

activity, as demonstrated by their lower δ
18O-δ34S slopes (Feng and Roberts, 2011; 132 
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Antler et al., 2015). The other important reason that we sample natural SD-AOM 133 

systems is the difficulty in culturing anaerobic methanotrophs (e.g., Girguis et al., 134 

2003). Therefore, to calibrate 33
θ and explore the ∆33S-δ′34S relationship associated 135 

with SD-AOM processes, our approach is to measure triple sulfur isotope 136 

compositions of modern seep barite samples and use a 1-D diagenetic 137 

reaction-transport model to fit a set of ∆
33S and δ′34S values to deduce a diagnostic 33

θ 138 

value for SD-AOM dominated settings. Using a ∆
33S-δ′34S correlation instead of a 139 

δ′
33S-δ′34S correlation we can improve the data resolution because ∆33S values have a 140 

much higher analytical accuracy than any individual δ′33S or δ′34S measurements. 141 

 142 

2. Material and method 143 

Barite samples from 5 different cold seep sites in the Gulf of Mexico continental 144 

slope (Fig. 1) were collected using a variety of submersibles and remotely operated 145 

vehicles. The samples were previously described (Feng and Roberts, 2011). Powdered 146 

aliquots were dissolved in 1 mM HCl solution to remove water leachable and acid 147 

leachable sulfates. BaSO4 was extracted from the residues and further purified using a 148 

DDARP method (Bao, 2006). In brief, the residues after acid treatment were 149 

dissolved by a mixed DTPA (a chelating reagent) and NaOH solution. The obtained 150 

solution was filtered through a 0.22 µm polycarbonate filter and then acidified with 151 

10M HCl droplets to ~pH=2 to induce BaSO4 precipitation. Droplets of BaCl2 152 

solution were added to ensure full precipitation of SO4
2- as BaSO4. The precipitated 153 

BaSO4 was re-dissolved and re-precipitated via another round of the DDARP method. 154 
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After bathing in a 3M NaOH solution at 90°C for >40 hours, the wash-cleaned and 155 

dried BaSO4 was measured for its δ18O value at Louisiana State University (LSU) via 156 

CO gas generated by a Thermal Conversion Elemental Analyzer (TCEA) at 1430 °C 157 

coupled with an isotope-ratio mass spectrometer (MAT 253) in continuous-flow mode. 158 

For the analysis of triple sulfur isotope compositions (i.e., δ34S and ∆33S), ~10 mg of 159 

the barite precipitates were reduced to sulfide using a Thode solution at ~100˚C 160 

(Thode et al., 1961). The generated H2S gas was carried by N2 gas stream and 161 

bubbled into a zinc acetate solution that converted H2S gas to ZnS solid. ZnS was 162 

then reacted with AgNO3 to convert to Ag2S solid. Dried Ag2S solids were reacted 163 

with F2 (g) in a nickel bomb at 250 ◦C for >12 hours to generate SF6 gas, which was 164 

purified via gas chromatography and analyzed on a MAT-253 in dual inlet mode in 165 

the Stable Isotope Laboratory at McGill University (See Crockford et al., 2016 for 166 

complete methods). Isotope compositions are reported in classical δ notations. The 167 

δ
18O is relative to Vienna Standard Mean Ocean Water (VSMOW), with an analytical 168 

precision better than ±0.3‰. Triple sulfur isotope compositions are reported related to 169 

Vienna Canyon Diablo Troilite (VCDT). The analytical errors for δ34S and ∆33S are 170 

±0.3‰ and ±0.01‰ respectively. 171 

 172 

3. Results 173 

Oxygen isotope and triple sulfur isotope compositions of barite samples are listed 174 

in Table 1. Data points can be interpreted as two distinct groups within δ18O-δ34S 175 

space, with samples bearing δ
34S values of less than 52.9‰ and a δ

18O-∆δ34S slope of 176 
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0.38±0.03 (with 95% confidence interval, n=13) denoted as “Barite 1” and samples 177 

with δ34S values greater than 62.6‰ and a δ
18O-∆δ34S slope of 0.21±0.04 (n=4) 178 

denoted “Barite 2” (Fig. 2). For Barite 1, the ∆33S correlates negatively with δ′34S 179 

values (R2=0.75, N=13), however, the 4 data points of Barite 2 do not overlap with 180 

the ∆33S-δ′34S trend defined by Barite 1 (Fig. 3). 181 

 182 

4. Discussion 183 

To establish a ∆33S-δ′34S relationship for a pore-water sulfate profile in a typical 184 

SD-AOM-dominated modern sedimentary setting, we first demonstrate that the 185 

collected barite samples from the five different sites in the Gulf of Mexico are a good 186 

model-environment (4.1). Next, we construct a model to fit observed ∆33S-δ′34S data 187 

(4.2). A reaction-transport model provides us a 33
θ value under certain assumptions 188 

(4.3). Finally, derived 33
θ values and ∆33S-δ′34S relationships for an 189 

SD-AOM-dominated sedimentary profile is then compared with those of 190 

OSR-dominated ones (4.4).  191 

4.1 SD-AOM derived barite 192 

Cold-seep barite collected from the five sites in the Gulf of Mexico captured the 193 

original isotope signals of pore-water sulfate in an SD-AOM-dominated setting. This 194 

is evident from the isotopic trajectory of δ18O-δ34S trends within barite samples (Fig. 195 

2). Both the oxygen and sulfur isotope compositions of sulfate are affected by kinetic 196 

isotope fractionations associated with individual enzymatic reactions as well as 197 

material transport. Specifically, sulfate δ18O is also influenced by equilibrium 198 
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partitioning between intracellular water and intermediate valence state sulfur species 199 

(e.g., Brunner et al., 2005; Wortmann et al., 2007). The disparity in the behaviors of 200 

sulfur and oxygen isotope fractionations has made it possible to distinguish different 201 

electron donors by examining the slope of δ
18O-δ34S trajectories for residual sulfate 202 

pools (Antler et al., 2014, 2015; Feng et al., 2016). In OSR-dominated sediments, the 203 

back flux of intracellular intermediate valence state sulfur species to sulfate is 204 

apparently larger than in other sulfate reduction processes, which has been suggested 205 

to be due to the limitation of electron donors (e.g., Antler et al., 2013). Such 206 

conditions would cause the residual sulfate δ
18O value to increase faster than its 207 

corresponding δ34S value and therefore lead to an apparent slope or a ∆δ18O/∆δ34S 208 

ratio greater than 0.7, as has been confirmed in marine sediments (e.g. Antler et al., 209 

2014). Conversely, in SD-AOM dominated environments, a higher rate of sulfate 210 

reduction allows for a smaller back flux of intracellular intermediate valence state 211 

sulfur species and therefore leads to a lower ∆δ
18O/∆δ34S ratio (0.24-0.5) in 212 

pore-water sulfate profiles (Brunner et al., 2005; Antler et al., 2013). Therefore, the 213 

low δ18O-δ34S slopes (0.38 and 0.21) displayed in Fig. 2 are consistent with these 214 

cold-seep barites being precipitated in an SD-AOM-dominated environment. The 215 

inference that this is indeed an SD-AOM-dominated environment is also evident from 216 

observed δ13C values (as low as -46.4‰) of the seep carbonate minerals associated 217 

within the barite samples from these sites (Feng and Roberts, 2011). The four data of 218 

group Barite 2, with δ34S > 62.6‰ and δ18O > 22.6‰, have a shallower slope (Fig. 2). 219 

This shift can be explained by two non-mutually exclusive processes: 1) the residual 220 
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sulfate δ18O was approaching an apparent oxygen isotope equilibrium value that is set 221 

by the seawater δ18O value, while reversibility of the whole microbial S-cycling 222 

processes did not change; and 2) the reversibility of the whole microbial S-cycling 223 

processes has changed to a different mode due to low sulfate concentrations.   224 

4.2 Application of a reaction-transport model 225 

A realistic physical model is critical to correctly deduce diagnostic α values and 226 

therefore a 33
θ value of a triple sulfur isotope system. Due to the inevitable diffusion 227 

and advection mixing effects on sulfate isotope ratios in natural environments, a 228 

reaction-transport model should be applied. A Rayleigh model has previously been 229 

used to explain the observed linear correlations of δ18O and δ34S values in SD-AOM 230 

dominated environments (Antler et al., 2015). However, studies (e.g., Aharon and Fu, 231 

2003; Druhan and Maher 2017) have demonstrated that the diagnostic α for the 232 

system would is underestimated when a Rayleigh model is applied to fit sulfate 233 

concentrations and isotope compositions in a pore-water profiles.  234 

Here, we developed a 1-D diagenetic reaction-transport model to fit the linear 235 

correlation of ∆33S vs. δ′34S to calculate the diagnostic α. Our model has a set of 236 

assumptions: 1) We regard the data from the 5 different cold-seep sites as 237 

representative of steady-state pore-water sulfate at different depths of one pore-water 238 

profile; 2) The 34
α and 33

α of SD-AOM processes are constant among samples in 239 

group Barite 1. Wing and Halevy (2014) also suggested that the 1000ln34
α value is 240 

only weakly sensitive to external sulfate concentrations, and is insensitive to sulfide 241 

concentrations under high cell-specific sulfate reduction rates (csSRR); 3) The 1000ln 
242 
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34
α values range from -30‰ to -10‰ more positive than in OSR-dominated sediments 243 

(Deusner et al., 2014; Sivan et al., 2014); 4) Both diffusion and advection play critical 244 

roles in mass transfer; 5) There is no isotope fractionation during sulfate diffusion 245 

within pore waters (Wortmann and Chernyavsky 2011); 6) Sulfate reduction rates in 246 

pore-waters is a first-order reaction with respect to sulfate concentration. In an earlier 247 

study (Berner, 1964), sulfate reduction is treated as a first-order reaction with respect 248 

to the content of “utilizable organic matter”. That is indeed the case in typical marine 249 

sediments where “utilizable organic matter” is limited. In the studied cold seep 250 

environments, however, the concentration of methane in subsurface sediments is high, 251 

thus, is not the limiting component during sulfate-derived methane oxidation. This is 252 

supported by the observed widespread occurrence of gas hydrates in the shallow 253 

subsurface (less than 6m) of the Gulf of Mexico (e.g., Sassen et al., 1999) and a 254 

measured low ∆δ18O/∆δ34S ratio in sulfate (Antler et al., 2015; Feng et al., 2016; 255 

Antler and Pellerin, 2018). Therefore, in our studied cold-seep system, the rate of 256 

sulfate reduction is limited by sulfate concentration.  257 

With these conditions, steady-state mass conservation for sulfate can be 258 

described by the equation below (Berner 1964): 259 

D
∂2C

∂Z 2
−ω ∂C

∂Z
− kC = 0                    (1) 260 

where D is the diffusion coefficient of sulfate in the sediment pore-water, C is the 261 

pore water sulfate concentration, Z is the depth, k is the reaction rate constant of 262 

sulfate reduction; velocity of advection ω is a sum of the externally imposed flow 263 

velocity and the upward directed velocity caused by compaction. With the boundary 264 
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conditions of C=C0 for Z=0 and C=0 for Z at infinity, Eq. (1) can be solved as: 265 

  C = C0EXP(
ω − ω 2 + 4Dk

2D
* Z)                  (2) 266 

Similarly, the concentrations of different sulfate isotopologues (32SO4
2-, 33SO4

2-, and 267 

34SO4
2-) can be calculated by Eq. (2). In δ′ notation, Eq. (2) can be reorganized as: 268 

          (3) 269 

where 3i
α=3ik/32k, 3i=33 or 34, Φ is equal to 4D/ω2, δ′3iS0 is the δ′3iS value at Z=0, and 270 

f is the ratio of 32C/32C0. Since the isotope fractionation associated with sulfate 271 

diffusion is assumed to be 1, ∆33S values can be calculated by, 272 

          (4) 273 

where ∆33S0 is the ∆33S value at Z=0. Equation (4) shows that ∆33S values are linearly 274 

correlated with δ′34S values, and the slope is determined by α, k, and Φ.  275 

We should note that the linear relationship between the ∆33S and δ′34S values is 276 

deduced for sulfate from different depths at one vertical pore-water profile. However, 277 

our samples presented here are from different sites. Therefore, the linear relationship 278 

between ∆33S and δ′34S values for these samples is not expected if the ∆
33S0, δ′

34S0, α, 279 

k, and Φ differ greatly among these sites. For example, different ∆33S0 and δ′34S0 280 

values for these sites will result in parallel lines given the same α, k, and Φ, while 281 

different α, k, and Φ values will lead to a poor linear correlation between ∆33S and 282 

δ′
34S values given the same ∆33S0 and δ′34S0. In contrast, our results (Fig. 3) show that 283 

barite samples from these 5 different sites form a good linear correlation between 284 

∆
33S and δ′34S values, and the modern value of seawater sulfate plots along the 285 

δ '3i S −δ '3i S0 = (
1− 1+ 3iα 32kφ

1− 1+ 32kφ
−1)ln f

∆ 33S − ∆33S0

δ ' 34S −δ ' 34S0

= 1+ 32kφ − 1+ 33α 32kφ
1+ 32kφ − 1+ 34α 32kφ

− 0.515
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extension of the line defining this linear correlation in Fig. 3 within errors. This result 286 

indicates that these different sites share similar ∆
33S-δ′34S slopes as well as ∆33S0 and 287 

δ′
34S0 values (i.e., the isotope composition of seawater sulfate), which validates one of 288 

our initial assumptions. 289 

4.3 33
θ value for SD-AOM processes 290 

As shown in Eq. (4), the ∆33S-δ′34S is determined by α, k, D, and ω. Therefore, 291 

33
θ values can be constrained by the determined ∆

33S-δ′34S slope if k, D, and ω can be 292 

constrained independently. While it is impossible to constrain k, D, and ω by our 293 

current measurements, we found that a smaller ω requires a larger 33
θ to reproduce the 294 

observed ∆33S-δ′34S slope (Table 2). In other words, when ω=0, i.e. without advection, 295 

Equation (4) will give the upper 33
θ limit of SD-AOM processes. We also found that 296 

this upper-limit 33
θ value is near the real 33

θ value after we tested for ω values that are 297 

smaller than 60 cm/yr, which is a reasonable advection rate for cold-seep area 298 

(Lapham et al., 2008) (Table 2). Therefore, it is reasonable to assume that ω=0 when 299 

constraining 33
θ. At ω=0, the slope of ∆33S/δ′34S will be determined by: 300 

                (5)  301 

Therefore, the 33
θ for SD-AOM can be obtained by the observed slope of ∆33S-δ′34S at 302 

a given 34
α value. 303 

Eq. (5) shows that 33
θ is dependent upon 34

α. The 1000ln34
α reported for 304 

microbial dissimilatory sulfate reduction has a broad range and can be as low as -70‰ 305 

(e.g., Sim et al., 2011a). Typically, 1000ln34
α is more negative than -40‰ in an 306 

OSR-dominated marine pore-water profile (e.g., Claypool et al., 2004), and more 307 

∆ 33S − ∆33S0

δ ' 34S −δ ' 34S0

=
33α −1
34α −1

− 0.515
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positive than -40‰ in an SD-AOM-dominated one (Aharon and Fu, 2000; Deusner et 308 

al., 2014; Sivan et al., 2014). Numerous studies have demonstrated that the expressed 309 

sulfur isotope fractionation associated with microbial dissimilatory sulfate reduction 310 

decrease with an increasing csSRR and eventually the 1000ln34
α will reach a high, 311 

constant, value at -10‰ to -30‰ (e.g., Leavitt et al., 2013; Deusner et al., 2014). 312 

Therefore, a value ranging from -40‰ to -10‰ should be reasonable for 1000ln34
α 313 

associated with SD-AOM where sulfate reduction rates are relatively high, e.g. 600 314 

times higher than in methane-limited sediments (Aharon and Fu, 2000). However, if 315 

we consider 1000ln 34
α values at -40‰ to -30‰, Equation (5) would give pairs of 33

θ 316 

and 1000ln34
α values that are outside of the 33

θ-1000ln34
α field obtained from culture 317 

experiments (Fig. 4) and outside of the prediction given by a kinetic model (Wing and 318 

Halevy, 2014). Therefore, the range of 1000ln34
α can be further constrained to be 319 

between -30‰ to -10‰ for our Barite 1 samples. At these 34
α ranges, the 33

θ is 320 

calculated to range from 0.5100 to 0.5112 (±0.0005) using group Barite 1 data (Fig. 321 

4).  322 

The terminal electron acceptor (sulfate) concentration also plays a role in 323 

determining the magnitude of sulfur isotope fractionation associated with SD-AOM 324 

(e.g., Habicht et al., 2005; Deusner et al., 2014). This raises the question as to whether 325 

sulfate concentrations influence 33
θ values during SD-AOM. Wing and Halevy (2014) 326 

suggested that moderate to high csSRR would lead to a less negative 1000ln 34
α, 327 

which is only weakly sensitive to external sulfate concentrations. The sulfate 328 

reduction rate is generally high in methane-rich environments. Therefore, both 329 
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1000ln34
α and 33

θ values should be insensitive to sulfate concentration changes during 330 

the formation of group Barite 1, which is supported by linear ∆33S-δ′34S and δ18O-δ34S 331 

correlations (Figs. 2 and 3). In contrast to results from Barite 1, during the 332 

precipitation of group Barite 2 (δ34S > 62.7‰), the corresponding sulfate 333 

concentration must have been very low. In the absence of k and ω values, we could 334 

not speculate on the sulfate concentration during the precipitation of group Barite 2. 335 

Here if ω is assumed to be 0, and C0 and δ34S0 is assumed to be 28 mM and 21‰ 336 

respectively, the corresponding sulfate concentration would be at 1.8 mM to 6.8 µM 337 

for a given 1000ln 34
α values of -30‰ to -10‰ (calculated with Eq. 3). Under such 338 

low sulfate concentrations, high internal sulfide concentrations would increase the 339 

reversibility in the APS reduction step (Wing and Halevy 2014). Consequently, 340 

diagnostic 33
θ and 1000ln34

α of SD-AOM would have changed, which can explain the 341 

deviation in the data plot of group Barite 2 from that of group Barite 1 (Fig. 3). A high 342 

degree of reversibility in the APS reduction step would lead δ18O values to reach an 343 

apparent equilibrium between sulfate and pore-waters, and a shallower slope along a 344 

δ
18O-δ34S trajectory as observed in Fig. 2. At low sulfate concentrations, the isotope 345 

fractionations of SD-AOM are poorly constrained in our model due to a limited 346 

availability of data. Overall, the diagnostic 33
θ values (0.5100-0.5112) with 1000ln34

α 347 

values between -30‰ and -10‰ reflect high csSRR in the studied 348 

SD-AOM-dominated setting where sulfate concentrations are likely to be much 349 

higher than 1.8 mM. 350 

The observed apparent differences between 33
θ values or 33

θ-1000ln34
α 351 
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trajectories between SD-AOM and OSR processes is most likely a manifestation of 352 

the difference in reversibility of a set of enzyme or non-enzyme-catalyzed reactions. 353 

Biochemical reversibility plays a critical role in sulfate reduction (Wing and Halevy, 354 

2014) and the reversibility is determined by the electron transfer efficiency from 355 

electron donor to sulfate reduction pathway. The typically high sulfate reduction rate 356 

associated with AOM indicates a high electron transfer efficiency from methane to 357 

sulfate, which limits the reversibility of sulfate reduction reactions and results in less 358 

negative 1000ln34
α and smaller 33

θ values. If organic molecules (e.g. ethanol, lactate, 359 

glycerol) used in culture experiments (Sim et al., 2011b; Leavitt et al., 2013), can also 360 

transfer their electrons to the sulfate reduction pathway efficiently, similarly less 361 

negative 1000ln34
α and smaller 33

θ values would be achieved. This is a possible 362 

reason why our obtained 33
θ-1000ln34

α range associated with SD-AOM overlaps with 363 

the 33
θ-1000ln34

α range reported in culture experiments (Fig. 4). However, the organic 364 

matter in typical marine sediments is quite recalcitrant and difficult to be utilized by 365 

sulfate-reducing bacteria (Berner, 1964), which limits the electron transfer efficiency. 366 

This is a possible reason as to why more negative 1000ln34
α values were observed for 367 

sulfate reduction in typical marine sediments. Note that a high net sulfate reduction 368 

rate does not necessarily correspond to a high electron transfer efficiency, e.g., as 369 

reported in organic rich sediments (Masterson et al., 2018). 370 

4.4 Dynamics of ∆33S vs. δ′34S in different marine settings 371 

Currently, triple-sulfur isotope data associated with microbial dissimilatory 372 

sulfate reduction in modern marine sediments are limited. Our observed ∆33S-δ′34S 373 
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correlation among the cold-seep barite samples is negative. However, reported 374 

∆
33S-δ′34S correlations have typically been positive for pore-water sulfate profiles in 375 

OSR-dominated environments (Fig. 5) (e.g., Strauss et al., 2012; Pellerin et al., 2015; 376 

Masterson et al., 2018). The reason for these positive correlations in OSR-dominated 377 

environments is further explored here. First, the 1000ln34
α is more negative and 33

θ 378 

value is higher in OSR-dominated settings. The typical 1000ln34
α value associated 379 

with OSR is usually more negative than -40‰ in marine sediments (e.g., Claypool et 380 

al., 2004) and the 33
θ value ranges from 0.5125 to 0.5148 (e.g., Leavitt et al., 2013; 381 

Tostevin et al., 2014). Such ranges of 33
θ and 1000ln34

α values can only be defined 382 

through a positive ∆33S-δ′34S correlation according to our reaction-transport model. 383 

Secondly, the reoxidative sulfur cycle coupled with disproportionation reactions can 384 

lead to higher ∆33S-δ′34S slope in pore-water sulfate profiles. When sulfide oxidation 385 

occurs following disproportionation, the ∆33S-δ′34S trajectory depends on the net 386 

sulfate removal rate instead of just the OSR rate. Both the 33
θ and the degree of sulfur 387 

isotope fractionation of net sulfate removal increases with an increasing amount of 388 

sulfide reoxidation (Pellerin et al., 2015). For these reasons, we now have two 389 

contrasting ∆33S-δ′34S correlations for residual sulfate between SD-AOM- and 390 

OSR-dominated settings. Therefore, we can potentially use triple sulfur isotope 391 

relationships (∆33S-δ′34S) preserved in residual sulfate preserved in sedimentary rocks 392 

to distinguish these two sulfate reduction environments. This fossil residual sulfate 393 

can either be barite or carbonate-associated sulfate preserved in carbonates.   394 

Disseminated pyrite grains are more commonly preserved than pore-water sulfate 395 
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within sedimentary records. If barite samples capture various stages of the sulfate 396 

reservoir in pore-waters from SD-AOM settings and display a distinctly negative 397 

∆
33S-δ′34S correlation, the corresponding product HS- or H2S could also display a 398 

similar negative ∆33S-δ′34S correlation. A condition for this to occur is to have 399 

sufficient Fe (II) in the system to react with the reduced S as FeS and eventually as 400 

FeS2. In an OSR-dominated sediment, a positive ∆
33S-δ′34S correlation for pore-water 401 

sulfate profiles may not be preserved among disseminated pyrite grains because pyrite 402 

grains tend to represent integrated signatures instead of a set of snap-shots of product 403 

HS- or H2S in an SD-AOM-dominated profile. Further work on the triple sulfur 404 

isotope composition of pyrite and H2S in modern SD-AOM-dominated environments 405 

is needed before we can apply these new findings to the sedimentary record. 406 

 407 

5. Conclusion 408 

Barite samples collected in five cold-seep sites in the Gulf of Mexico represent 409 

various snapshots of residual sulfate in pore-water, as evident from a low δ18O-δ34S 410 

slope (0.38) among these samples. These cold-seep barites further exhibit a linear 411 

negative correlation in ∆33S-δ′34S space. Applying a reaction-transport model, we 412 

obtained a diagnostic 33
θ value with the upper limit ranging from 0.5100 to 0.5112 413 

(±0.0005) assuming a 1000ln34
α (sulfide-sulfate) value from -30‰ to -10‰ for 414 

SD-AOM in these SD-AOM-dominated environments. This 33
θ value is lower than 415 

that of typical OSR processes in marine environments where 1000ln34
α is typically 416 

more negative than that of SD-AOM processes. Furthermore, barite samples from 417 
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SD-AOM-dominated environments display a negative ∆
33S-δ′34S correlation, which is 418 

in direct contrast to the positive correlations commonly observed for pore-water 419 

sulfate profiles from OSR-dominated settings. The diagnostically low 33
θ parameter 420 

and the negative ∆33S-δ′34S correlation can be preserved in barite, carbonate 421 

associated sulfates, and perhaps among disseminated pyrite grains in the sedimentary 422 

record, providing potential for an independent marker for SD-AOM throughout the 423 

past 2.4 billion years of Earth history. 424 
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Table captions 589 

Table 1. Oxygen isotope and triple sulfur isotope compositions of cold seep barite 590 

samples collected from sites of GC415, GC237, GB338, GB697 and MC709 in the 591 

Gulf of Mexico. 592 

Table 2. The 33
θmodeled value is predicted with a given 1000ln34

α and ω value to best fit 593 

the data of group Barite 1. The ∆
33S-δ′34S slope (i.e. ∆∆33S-∆δ′34S) is reproduced by a 594 

given set of 1000ln34
α, 33

θ and ω values. Distinctly high ∆∆33S/∆δ′34S values 595 

reproduced with ω >0.6m/yr are observed. The sensitivity test is based on the 596 

assumptions that C0 and δ34S0 are 28 mM and 21‰, respectively; D is 0.01m2/yr 597 

(Berner, 1978); and the reaction rate constant 32k is assumed to be 1mol/m2/yr 598 

(Aharon 1991). The modeled 32SO4
2- concentration profile (sulfate consumed within 599 

0.5 meter below the seafloor) is reasonable for cold-seep settings in the Gulf of 600 

Mexico (Aharon and Fu, 2000).  601 

 602 

Figure captions 603 

Fig. 1. Sampling locations in the Gulf of Mexico. 604 

Fig. 2. The δ18O-δ34S values of seep barite from modern sediments at five sites in the 605 

Gulf of Mexico. Analytical error is smaller than the sizes of the plotted symbols. 606 

Fig. 3. The ∆33S-δ′34S values of seep barites from modern sediments at five sites in 607 

the Gulf of Mexico. Analytical errors for δ′34S values are smaller than the size of 608 

the individual symbols. The black line indicates the linear fit for samples of group 609 

Barite 1, which yields a ∆33S-δ′34S slope value of 0.00314±0.00052. The area 610 
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within the dotted line corresponds to the 95% confidence interval of this fit.  611 

Fig. 4. Comparison of the 1000ln34
α-33
θ relationships for published data from 612 

non-methane based pure culture experiments (circles and squares, Sim et al., 613 

2011b; Leavitt et al., 2013) with that calculated for SD-AOM represented by our 614 

barite data from five cold-seep sites in the Gulf of Mexico (solid line). The 615 

calculation was done using the measured barite δ′
34S and ∆33S data via Eq. (5). 616 

The error (2σ) of the calculated 33
θ value is 0.0005 for each given 1000ln34

α, 617 

constrained by the Monte Carlo method considering errors for the obtained 618 

∆
33S-δ′34S slope (Fig. 3). The dash lines show that the calculated 33

θ value ranges 619 

from 0.5100 to 0.5112 when the corresponding 1000ln34
α value ranges from -30‰ 620 

to -10‰. 621 

Fig. 5. Comparison of ∆33S-δ′34S trajectories from various OSR-dominated 622 

pore-water sulfate profiles (data collected from Strauss et al., 2012; Pellerin et al., 623 

2015; Masterson 2016; Lin et al., 2017; Masterson et al., 2018) with that of 624 

cold-seep barites from the Gulf of Mexico. 625 













Sites 
Samples 

ID 
δ

18O 
VSMOW 

δ
34S 

VCDT 
δ′

34S 
VCDT 

∆
33S 

VCDT 

GC415 

B1 25.0 75.7 73.0 -0.063 
B2 25.1 73.6 71.0 -0.010 
B3 19.1 52.9 51.6 -0.052 
B4 16.9 45.0 44.0 -0.052 

GC237 

B5 9.6 28.3 27.9 0.019 
B6 8.4 24.2 23.9 0.047 
B7 13.9 38.5 37.8 -0.014 
B8 11.8 32.6 32.1 -0.006 

GB338 

B9 13.7 35.7 35.1 0.003 
B10 17.8 45.9 44.9 -0.009 
B11 14.4 37.9 37.2 -0.022 
B12 10.7 29.4 29.0 0.001 
B13 8.2 22.6 22.3 0.031 

GB697 
B14 9.2 21.3 21.1 0.060 
B15 16.7 40.3 39.5 0.013 

MC709 
B16 23.2 67.9 65.7 -0.001 
B17 22.6 62.7 60.8 -0.030 

 



 

ω m/yr 

1000ln34
α= -10‰ 1000ln34

α= -20‰ 1000ln34
α= -30‰ 

33
θmodeled 

∆∆
33S/∆δ34S, 

modeled with 
33
θ=0.51123 

33
θmodeled 

∆∆
33S/∆δ34S, 

modeled with 
33
θ=0.51060 

33
θmodeled 

∆∆
33S/∆δ34S, 

modeled with 
33
θ=0.50996 

0 0.5112 -0.00314 0.5106 -0.00314 0.5100 -0.00314 
6*10-5 0.5112 -0.00314 0.5106 -0.00314 0.100 -0.00314 
6*10-4 0.5112 -0.00314 0.5106 -0.00314 0.5100 -0.00314 
6*10-3 0.5112 -0.00314 0.5106 -0.00314 0.5100 -0.00314 
6*10-2 0.5112 -0.00309 0.5105 -0.00303 0.5098 -0.00298 
6*10-1 0.5107 -0.00258 0.5095 -0.00200 0.5082 -0.00143 

6 0.5106 -0.00252 0.5093 -0.00188 0.5081 -0.00124 

 




