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Abstract

Acidification can present a stress on organisms and habitats in estuaries in
addition to hypoxia. Although oxygen and pH decreases are generally coupled
due to aerobic respiration, pH dynamics may be more complex given the multiple
modes of buffering in the carbonate system. We studied the seasonal cycle of
dissolved oxygen (DO), pH, dissolved inorganic carbon, total alkalinity, and
calcium ion (Ca?*) along the main channel of Chesapeake Bay from May to
October in 2016. Contrary to the expected co-occurrence of seasonal DO and pH
declines in subsurface water, we found that the pH decline ended in June while
the DO decline continued until August in mid-Chesapeake Bay. We discovered
that aerobic respiration was strong from May to August, but carbonate dissolution
was minor in May and June and became substantial in August, which buffered
further pH declines and caused the seasonal DO and pH minima mismatch. The
rate of calcium carbonate (CaCOz) dissolution was not primarily controlled by the
saturation state in bottom water, but was instead likely controlled by the supply of
CaCOs particles. The seasonal variability of Ca?* addition in the mid-bay was
connected to Ca®* removal in the upper bay, and the timing of high carbonate
dissolution coincided with peak seasonal biomass of upper Bay submerged
aquatic vegetation. This study suggests a mechanism for a novel decoupling of
DO and pH in estuarine waters associated with CaCOs, but future studies are
needed to fully investigate the seasonality of physical transport and cycling of
CaCoO:.

Ocean acidification is a process where oceanic uptake of anthropogenic CO2 from the
atmosphere lowers surface ocean pH and the saturation state of calcium carbonate (Q2) (Gattuso
et al. 2015; Feely et al. 2018). In coastal waters, ocean acidification can be enhanced by
eutrophication-induced hypoxia, leading to a greater decrease in pH than expected (Cai et al.
2011, 2017). Hypoxia and acidification tend to co-occur in bottom waters, where organic matter

respiration consumes oxygen while generating CO», and these stresses can interact to threaten



many marine organisms and ecosystems (Fabry et al. 2008; Tomasetti and Gobler 2020). The
occurrence of coupled dissolved oxygen (DO) depletion and pH decrease in space and time has
been reported in many coastal systems (Cai et al. 2011; Melzner et al. 2013; Wallace et al. 2014).
Although aerobic respiration of organic matter and physical processes tend to dominate oxygen
dynamics (Fennel and Testa 2018), pH decline is regulated by additional processes that
differentially change dissolved inorganic carbon (DIC) and total alkalinity (TA) (Xue and Cai
2020). These processes include air-water CO2 exchange, carbonate dissolution and formation,
and anaerobic respiration in the sediment and overlying deep water (Cai et al. 2017; Su et al.
2020a). Processes that control the carbonate system and their impacts on pH dynamics in the
hypoxic zone are poorly quantified in many systems, and improved understanding will allow for
new insights on the interactions between acidification and hypoxia, improvement of process-
oriented modeling work, and better-constrained future projections under global climate change.

As the largest estuary on the east coast of the United States, Chesapeake Bay suffers from
long-term eutrophication, seasonal bottom water hypoxia and anoxia, and enhanced coastal
acidification (Hagy et al. 2004; Kemp et al. 2005; Cai et al. 2017). Numerous field surveys and
modeling studies have documented the seasonal, inter-annual, and decadal variations of nutrients
inputs, oxygen, organic carbon and their associated controls and linkages in Chesapeake Bay
(Testa et al. 2018; Shen et al. 2019b; Ni et al. 2020). However, studies focusing on the carbonate
system and acidification in Chesapeake Bay are still few, and often limited in spatial and
temporal scales. In the mainstem Chesapeake Bay, five recent studies documented substantial
seasonal variations in all carbonate system parameters along the salinity gradient (Brodeur et al.
2019; Shen et al. 2019a, 2020; Chen et al. 2020; Friedman et al. 2020). Waldbusser et al.

(2011a,b) also found a long-term pH decline in polyhaline surface water, and elucidated that



lower pH could reduce oyster biocalcification rate and increase shell dissolution rate. Clearly,
there are strong spatial and temporal patterns in the carbonate system in Chesapeake Bay, but the
underlying mechanisms driving these patterns remain poorly understood.

One example of a poorly understood but increasingly recognized driver of estuarine
carbonate system dynamics is the balance and dynamic of calcium carbonate (CaCQO3)
dissolution and formation. Cai et al. (2017) demonstrated that carbonate dissolution could offset
a significant proportion of the metabolic CO> effect on acidification during the late summer in
Chesapeake Bay. To resolve the apparent TA removal in the upper bay and dissolution signal in
the mid-bay bottom water, Su et al. (2020a) proposed that CaCOs3 solids formed by precipitation
and biocalcification within submerged aquatic vegetation (SAV) beds contribute to dissolution in
the mid-bay and thus buffer acidification. Najjar et al. (2019) also found a significant TA sink in
the low salinity region of the Potomac estuary, but suggested that the TA sink was likely caused
by calcification by invasive bivalve Corbicula fluminea. Thus, it appears that CaCO3 dynamics
exert great influence on the carbonate system of Chesapeake Bay. However, the seasonal patterns
of carbonate dissolution and formation and their spatial linkage still remain unclear. Therefore,
an observation-based more complete analysis of controls on carbonate system, especially
carbonate dissolution and formation, and their impacts on pH dynamics in a seasonal scale in
Chesapeake Bay is needed to improve our understanding of interactions between hypoxia and
acidification.

The purpose of this study was to investigate spatial and seasonal patterns of DO and pH
and their linkages to CaCOs dynamics in Chesapeake Bay. To do this, we compiled field data
from four cruises in May, June, August, and October 2016 (Brodeur et al. 2019; Su et al. 2019,

2020a,b), and applied a two-endmember mixing calculation to differentiate specific



biogeochemical processes controlling carbonate system from physical mixing along the salinity
gradient. We then utilized chemical proxies and stoichiometry to quantify the rates of key
biogeochemical processes, particularly aerobic respiration, carbonate dissolution and sulfate
reduction, and their impacts on DO and pH dynamics over the course of three seasons. Our
analysis identified a unique seasonal decoupling of DO and pH that coincided with a seasonal
peak in carbonate dissolution, where dissolution appeared to be supply-controlled as CaCO3 was

under-saturated in the mid-bay subsurface water during all cruises.

Materials and Methods
Study site

Chesapeake Bay is a large estuary located in the Mid-Atlantic coastal region of the
United States (Kemp et al. 2005). A deep and narrow central channel runs through the middle
portion of the bay and is flanked by broad, shallow areas. Freshwater input and turbulent mixing
drive a two-layer estuarine circulation (Boicourt et al. 1999), resulting in a long water residence
time ~180 d in Chesapeake Bay (Du and Shen 2017). Episodic wind events can cause large
reductions in stratification and drive lateral circulation between the shoals and the main channel
(Goodrich et al. 1987; Xie and Li 2018). The upper bay is well mixed, while most of the central

deep channel (as deep as 30 m) is stratified, hosting hypoxic, anoxic, and acidified deep waters.

Sampling and analytical methods

Four cruises were conducted on the R/V Rachel Carson during 4-6 May, 6-10 June, 8—
12 August, and 10-13 October 2016. At each sampling event, a YSI 6600 was attached to a
submersible pump to obtain profiles of temperature, salinity, and DO. Water was pumped to the

deck and flowed through a cellulose acetate cartridge filter (pore size 0.45 um) for sampling.



However, a Cole-Parmer® salinity meter was used to measure salinities in all discrete water
samples. The DIC samples were preserved in 250-mL borosilicate glass bottle with 50 pL
saturated HgCl> solution. The TA samples were not poisoned to prevent HgS precipitation and
H™ release in anoxic and low salinity waters (Cai et al. 2017). The DIC samples were measured
by a non-dispersive infrared analyzer (AS-C3, Apollo Scitech) within a week (Huang et al.
2012). The TA samples were analyzed by Gran titration in an open-cell setting (AS-ALK2,
Apollo Scitech) at a nearby land-based lab within 24 h of collection (Cai et al. 2010a). The
precision for DIC and TA was 0.1%. Both DIC and TA measurements were calibrated against
certified reference materials.

The pH samples were measured onboard at 25°C within 1 h of collection using an Orion
Ross glass electrode, and calibrated with three National Institute of Standards and Technology
(NIST) or formerly National Bureau of Standards (NBS) standard buffers (4.01, 7.00, and
10.01). Correcting the junction potential was not attempted in this study (Easley and Byrne 2012;
Martell-Bonet and Byrne 2020). Note that pH was also calculated from measured DIC and TA
on the NBS scale using a modified version of the CO2SYS program, which included HS™ and
NH3 species in its total alkalinity equation (Xu et al. 2017). Discrete DO samples were measured
following Pai et al. (1993) with a precision of +1 pmol kg™. Apparent oxygen utilization (AOU)
was calculated by subtracting the measured DO from the saturated DO (Pilson 2012). The DO
solubility was calculated based on Benson and Krause (1984). Biweekly and monthly DO and
pH measurements were also obtained from the Maryland Department of Natural Resources and
the Chesapeake Bay Program (http://data.chesapeakebay.net/WaterQuality). We measured Ca?*
samples using an auto-titration technique modified from Kanamori and Tkegami (1980) with a

precision better than 0.1%. The aragonite saturation state (Qarag) Was derived using measured
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Ca?", calculated CO?, and aragonite solubility of Mucci (1983). More information can be found

in Brodeur et al. (2019) and Su et al. (2020a).

Data analysis based on two-endmember mixing calculation

We first utilized a regional mixing scheme between upper estuarine water and offshore
seawater to focus on carbonate dissolution in the mid and lower bay, then used a bay-wide
mixing scheme between river water and offshore seawater to examine Ca®* variations over the
entire bay, especially in the upper bay. We choose surface water at Sta. CB2.2 as the upper
estuarine endmember, because this is a well-mixed station in a narrow section of the upper bay
before the bay widens downstream, and there are no adjacent major tributaries. Further analysis
showed that the small diel variability of biological activity in the estuarine endmember
(<30 pmol kgt) will not affect our main conclusions.

For the offshore seawater endmember, previous study has developed linear regressions of
DIC or TA or Ca?* with salinity in the Mid-Atlantic Bight (Su et al. 2020a). Then, we used the
salinity of the ocean endmember (33.618 + 0.139, mean + SD of the surface 45 m at a latitude
and longitude of 37.13333°N and 73.32533°W on 14 August 2013) in Cai et al. (2017) to derive
the offshore endmember values. We assessed the potential impacts of seasonality of DIC, TA,
and Ca?* in the offshore seawater endmember on carbonate data analysis, which would not
change our main conclusions (see Supplementary Discussion in the Supporting Information).

Compared with the relatively consistent ocean endmember values, large variations exist
in the riverine endmember due to the temporal variations of freshwater discharge (Joesoef et al.
2017; Najjar et al. 2019). Previous study has revealed that the riverine carbonate endmembers
negatively correlate with river discharge (Su et al. 2020a), thus we derived the riverine

endmember of DIC, TA, and Ca?" from the specific discharge rate during each cruise period and



10 d prior (Joesoef et al. 2017). The errors were propagated from the uncertainties of slope and
intercept of the linear regression and of the specific freshwater discharge based on Taylor’s
expression (Taylor 1997). All the endmember values and uncertainties are summarized in
Supporting Information Table S2.

Next, we present the details of the two-endmember mixing calculation and how we
separate the contributions of different biogeochemical processes to nonconservative behaviors of
DIC and TA, and their impacts on pH dynamics. The fractions of the two endmembers were

calculated based on the following equations:

festu = Jsw—Imeas (1)

)
Ssw—Sestu

fow = 1 — festw 2)

where S is the salinity, f is the mixing fraction, the subscripts “estu” and “sw” indicate the
estuarine and seawater endmember, and “meas” denotes the measured value at a given location
within the estuary. These fractions were then used to predict conservative mixing
concentrations (i.e., [X]mix) of chemical constituents (i.e., DIC, TA, or Ca?*) resulting from

two-endmember mixing:

[XTmix = [X]estu X festu + [XIsw X fow. 3)

The difference between measured and conservative values is defined as the total nonconservative

value of [X] (i.e., A[X]votal):

A[X]Total = [X]meas - [X]MIX- (4)



The positive or negative A[X]total indicates addition or removal of [X] to the water column, which
is a composite result driven by multiple biogeochemical processes, such as aerobic respiration

(AR) and carbonate dissolution (CD). Then, we subtracted the DIC and TA changes of these two
processes from the total nonconservative values (ADICtotal and AT Atotal) to Obtain the alterations

induced by other processes:

A[X]Others = A[X]total — AlX]ar — A[X]CD- (5)

The definition of “other processes” expands beyond that of the sediment efflux,
including anaerobic respiration of organic matter in the sediment and overlying deep water as
well as air-water CO exchange. Note that air—water CO, exchange affects DIC, but not TA
(Wolf-Gladrow et al. 2007). The propagation errors of DIC and TA changes induced by
different processes were calculated according to the Taylor’s expression (Taylor 1997), and
averaged over four cruises.

We calculated pH from DIC and TA in an additive manner, including mixing only
(pHwmix), mixing plus aerobic respiration (pHwmix + ar), mixing plus aerobic respiration plus
carbonate dissolution (pHwmix + ar + cp), and all processes involved (pHwix + AR + cD + Others). FOr
simplicity, the simulated pH data are expressed as means ( SD) in salinity bins of 1 from 1 to
35. The contribution of a single biogeochemical process to pH dynamics is computed by simple
subtraction, although the impact on pH is nonlinear. For instance, the contribution of aerobic
respiration (ApHar) equals pHwmix + AR minus pHwix. Due to the nonlinear nature of pH or the
synergistic effect of the two processes on pH, ApHar would be slightly different even for the
same AR, depending on the initial pHwmix and contributions from other processes, an effect not

explicitly treated here (Cai et al. 2011).



To compute the nonconservative concentration of Ca®* between river water and seawater,
the estuarine endmembers (estu) should be substituted with riverine endmembers in Egs. 1-4.
The propagation error of ACa?* was calculated in a way similar to Eq. S1 (see Supplementary

Discussion in the Supporting Information).

Results and Discussion
Decoupling of the seasonal DO and pH minima

The distributions of DO and pH reflect strong spatial and seasonal variations along the
main channel of Chesapeake Bay and a seasonal decoupling of pH and DO minima in the central
bottom waters. In May, moderate oxygen depletion and pH declines were found in the bottom
water within the northern end of the mid-bay (75-100 km from Susquehanna River), with a
minimum DO of 101 umol kg™ and pH of 7.22 (Fig. 1a,e). In June, DO declined rapidly to as
low as 21 umol kg* and the below-pycnocline water in the northern mid-bay became hypoxic
(DO < 63 umol kg?) (Fig. 1b). Low pH water was found not only within the hypoxic zone with
a seasonal minimum value of 7.10, but also in the upper bay due to mixing with the relatively
low-pH river water, the respiration of terrestrial organic matter, and the depression of
photosynthesis by low light availability (Fig. 1f) (Kemp et al. 1997). In August, the bottom
hypoxic layer expanded upwards to ~10 m depth and expanded seawards at mid-depths (Fig.
1c). Anoxic water existed at the center of hypoxic zone, while oxygen-deficit water
(<94 pmol kgt) occupied the remaining portion of the deep channel toward the bay mouth. In
contrast, the severity of acidification was alleviated in August, resulting in an elevated pH
minimum of 7.27 and a landward-retreat of low pH water (Fig. 1g). In October, bottom hypoxia

and anoxia disappeared as the water column was reoxygenated (>131 umol kg*), and pH



increased (>7.59) as stratification weakened with decreasing water temperature and increasing
storms during the fall (Fig. 1d,h).

Considering that our detailed analysis was limited to only four cruises in 2016, we
sought to more comprehensively assess seasonal variations in oxygen and pH by examining
monthly average bottom DO and pH along the mainstem Bay during 1986-2015. As shown in
Fig. 2a, DO was highest in winter and began to decline in spring throughout the Bay. The
hypoxic zone (DO < 2 mg L) first appeared in the northern end of mid-bay in late spring,
then rapidly expanded throughout the mid-bay in early summer and persisted until early
autumn. However, the spatial and temporal distributions of bottom pH were decoupled from
that of DO (Fig. 2b). Bottom pH showed a general longitudinal pattern that increased seaward.
Low pH bottom water (pH < 7.5) first appeared in the southern end of upper bay in early
spring, then gradually expanded southward to the southern end of mid-bay in June and July
before retreating northward in August and finally disappearing in mid-autumn. The pH
minimum zone (pH < 7.2) at the intersection of the upper bay and mid-bay was north of the
DO minimum zone. Moreover, the pH minimum zone occurred from April to June, while the
DO minimum zone existed during June to August. Taken together, the mismatch of the
seasonal DO minimum in August and the seasonal pH minimum in June in mid-bay bottom
water was not unique in 2016, but was a persistent summer phenomenon in Chesapeake Bay

during the past three decades.

Total nonconservative behavior of DIC and TA
In order to identify and quantify mechanisms causing the mismatch of seasonal DO
and pH minima, we first examined the seasonality of distributions of DIC and TA and their

key controls, then quantified to what extent different biogeochemical processes affect pH
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dynamics. Unlike many coastal systems where DIC and TA are linearly related to salinity,
Chesapeake Bay DIC and TA distribution patterns were nonlinearly related to salinity during
each of our four cruises in 2016 (Fig. 3), suggesting substantial internal biogeochemical
alteration of DIC and TA. Using a two-endmember mixing line between CB2.2 and an
offshore seawater endmember, we first examined the spatial and temporal variations of
carbonate system properties along the main channel of the mid and lower bay. Generally, total
nonconservative DIC and TA (ADICtotal and AT ATotal) Were positive and reached peak values
in the mid-bay, indicating strong additions of DIC and TA in this region, then decreased to
nearly zero in the lower bay (Fig. 4). The peak additions of DIC and TA increased from May
(257 and 109 umol kg?) to June (341 and 161 umol kg?) to August (450 and 348 pmol kgl),
then decreased substantially in October (66 and 73 umol kg™). Moreover, the ratio of peak
ADICrotal to peak AT ATotal decreased from May (2.4) to June (2.1) to August (1.3) to October
(<1), suggesting that there was more DIC generation than TA generation in the spring, which

switched to more TA generation than DIC generation in the late summer and fall.

Fraction of the DIC change induced by aerobic respiration

The annual cycle of aerobic and anaerobic respiration, with peak summer rates, is a
likely source of the net DIC and TA generation derived from the mixing models (Kemp et al.
1992; Cai et al. 2017). The observed DIC addition induced by aerobic respiration in the mid-bay
was quite strong from May to August (up to 151-191 umol kg™?) as the spring bloom was
respired and water temperature increased (Smith and Kemp 1995; Testa and Kemp 2014), then
became moderate in October (up to 82 pumol kg?) (Fig. 5). From May to August, ADICar
increased significantly with depth (Supporting Information Table S4), especially in the area

where surface blooms and bottom hypoxia and anoxia occurred. The average ADICar in mid-
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bay bottom water was lower in May (117 + 20 pmol kg%, n = 8) compared with June (157 +
28 umol kg, n =11) and August (154 + 31 umol kg, n = 16). However, the computed
ADICar decreased to nearly zero in the bay mouth due to mixing with oxygen-replete offshore
seawater. Thus, the seasonality of ADICar is consistent with a strong annual respiration cycle
oper- ating at peak rates within the productive mid-Bay (Smith and Kemp 1995; Cowan and
Boynton 1996).

We found that the ADICar Of hypoxic water in June was slightly higher, however, than
that in August, decoupling rates of aerobic respiration from temperature. From June to August,
the water temperature increased from 17.7°C + 0.5°C to 26.6°C £ 0.6°C, and salinity increased
from 16.9 £ 1.2 to 18.6 £ 1.9 within the hypoxic zone. As oxygen solubility has a negative
correlation with temperature and salinity, it decreased significantly from 266 + 3 to
224 + 4 ymol kg, while the average measured DO decreased less significantly from 42 + 13 to
19 + 16 umol kg2, resulting in a larger AOU in June (224 + 15 pmol kgt) than that in August
(205 + 17 umol kgt). Theoretically, warming could accelerate the rates of bacterial growth and
organic matter decomposition for a given availability of substrate, leading to higher oxygen
consumption rates (Brown et al. 2004). However, the unexpected smaller AOU in August
suggests that factors other than temperature dominated the seasonal change of respiration rates
from June to August. One possibility is that lower availability of organic substrates in August
limits biological respiration rate, as phytoplankton blooms and bottom water chlorophyll a and
organic carbon accumulation peaks in early and late spring (Testa and Kemp 2014; Testa et al.
2018; Shen et al. 2019b), and is rapidly depleted earlier in the summer (Li et al. 2016; Ni et al.
2020). This is also consistent with previous findings that a reduction in the supply of labial

organic matter to sediments slows down the total bottom respiration rate and reduces sediment
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ammonium efflux in the late summer in the mid-bay (Kemp et al. 1992; Cowan and Boynton
1996; Boynton and Kemp 2008). However, pH within these hypoxic waters was much lower in
June (7.17 £ 0.07) than that in August (7.44 £ 0.13), suggesting that pH was not solely

controlled by aerobic respiration but also by other biogeochemical processes.

Fraction of DIC change induced by carbonate dissolution

We computed the addition of Ca?* as a proxy for the rate of carbonate dissolution
seasonally, where we found rates to be minor in the mid-bay in May (<98 umol kg*) and June
(<63 umol kgt), but substantial in August (<201 pumol kg*) before decreasing in October
(<122 umol kgt) (Fig. 6). In the lower bay, ACa?* decreased to nearly zero toward the bay
mouth in August (Fig. 6¢). In coastal waters, a strong and apparently linear correlation between
Ca?* concentration and salinity may lead to a misinterpretation that Ca* behaves
conservatively. This is because that additions of Ca?* (<201 umol kg) are much smaller than
the gradient between river water (~600-800 umol kg™!) and seawater (~10,000 zmol kg™t)
concentrations (Fig. 6), and the relatively large uncertainties of Ca®* measurements (i.e., <0.1%
or <10 umol kg* for seawater analysis) and endmembers make it difficult to discern non-
conservative effects in linear mixing models. Fortunately, the composite uncertainty was
usually smaller than the non- conservative Ca?* (i.e., ACa") signal (Fig. 6, Supporting
Information Tables S3 and S4), and did not preclude us from reaching a conclusion that
carbonate dissolution peaked in August of 2016 and was much higher than other months.

The seasonality in estimated dissolution rates was influenced by wind events. The
October cruise began at the height of a strong wind event, when the highest wind speed
exceeded more than twice the normal value ~5 m s. Strong wind-driven mixing introduced

nutrient-replete bottom water to the mid-bay surface water and stimulated phytoplankton
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primary production, where oxygen saturation reached up to 162% (Fig. 1d). After the wind
event (11-13 October), Ca?* was added (<122 umol kg™?) in the southern part of mid-bay
comparable to other seasons (Fig. 6(d)). In contrast, during wind event (10—11 October), Ca®*
was removed (<84 umol kg™?) in the northern part of mid-bay at Stas. 858, CB4.1, and CB4.2
distinct from other seasons (Fig. 6d). As the underlying mechanism remains unknown, the
unexpected removal signals of Ca?* were not included in our data interpretation. During this
cruise, ACa?* was still positive near the bay mouth (CB7.4 and AO1) in October (Fig. 6d),

when a wind event induced strong vertical mixing in the relatively shallow bay mouth.

Other processes contributing to changes of DIC and TA

Other biogeochemical processes can also alter DIC and/or TA, including air-water CO>
exchange (only DIC) and anaerobic respiration of organic matter in the sediment including the
processes of denitrification, MnO» and FeOOH reduction, sulfate reduction, and methanogenesis
(both DIC and TA) (Cai et al. 2010b). These processes typically serve as sources of DIC and TA
to the water column and thus we lump them together as “Others.” As shown in Supporting
Information Fig. S3, DIC addition induced by other processes (ADICotners) increased somewhat
from May (<97 umol kg?) to June (<157 pmol kg?t) to August (<176 pmol kgt) in the mid-bay.
In October, ADICothers Was negative (removal) in the mid-bay. The magnitude in the surface
water was close to that in the bottom water in mid-bay in May and October, but increased with
depth in June and August though the increase in August (53 pmol kg?) is only slightly higher
than the average propagation error of ADICothers ( 44 pmol kgt). In the lower bay, ADICothers
decreased to nearly zero toward the bay mouth in August, while ADICothers decreased to a

minimum value (-131 zmol kg?) at Sta. AO1 near the bay mouth in October.
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In the mid-bay deep channel subsurface water (>5 m), a portion of AT Aothers Or/and
ADICothers values were negative (generally AT Aothers > -100 zmol kg™ or/and ADICothers
> -50 umol kg?) (Fig. 7), indicating sinks for TA and DIC, contrary to our expectations. The
discrepancy may mainly result from the large errors of AT Aothers and ADICotners propagated from
all other terms (i.e., “Total,” “AR,” and “CD”), which could reach up to 86 and 43 pmol kg™,
respectively. Another possible explanation is that strong water column mixing in October
potentially oxidized HS in bottom water or even sulfide minerals in sediments and largely
consumed TA. Finally, atmospheric CO invasion could increase bottom-water DIC by ~20-50
umol kg but has no effect on TA in the mid-bay in the summer (Cai et al. 2017; Shen et al.
2019a), which could explain the positive intercept of ADICothers in August (Fig. 7c).

Sulfate reduction is the most important pathway for organic carbon mineralization in
mid-bay sediments in warm seasons (Burdige and Homstead 1994; Roden et al. 1995). In the
upper few cm of mid-bay sediment, dissolved sulfide was previously not detected during spring
and autumn, but accumulated up to 2 mmol L during summer anoxia (Roden and Tuttle 1993).
The combined effect of sulfate reduction followed by sulfide oxidation (by oxygen) on TA and
DIC changes is similar to that of aerobic respiration. In contrast, sulfide can be permanently or
temporarily stored in the sediment via formation of metal sulfide. Sulfide storage has a minor or
no modification on the TA, DIC, and their ratio produced by sulfate reduction. Thus, the
accumulation of metal sulfide in the mid-bay sediment can be a proxy for the lower end of
sulfate reduction rate, which indicates that sulfate reduction is sufficient to support the observed
DIC and TA efflux from sediment to bottom water (Roden and Tuttle 1993). Our further analysis

shows that sulfate reduction followed by sulfide storage could produce 24-216 umol L* of DIC
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and 27-247 pmol L of TA to the water column, which is comparable to the positive values of
ATAothers and ADICothers in Fig. 7.

To reveal what biogeochemical processes regulate the distributions of AT Aothers and
ADICothers In the deep channel, we compiled the data in the mid-bay subsurface water and
examined their ratios (Fig. 7). The ratio of AT Aothersy ADICothers in June (0.93) is close to that of
denitrification (0.942) and sulfate reduction (1.142). In the summer, the riverine dissolved
nitrogen load is low and hypoxia and anoxia impedes nitrification, so denitrification is limited in
the mid-bay primarily due to nitrate limitation (Kemp et al. 1990; Testa et al. 2013; Testa et al.
2018). Therefore, sulfate reduction is the dominant anaerobic respiration process in mid-bay
sediment in the summer. However, the ratios of AT Aothers/ ADICothers in May (1.83) and October
(1.81) reflect a combined effect of sulfate reduction and metal oxide reduction (MnO reduction
[4.142], FeOOH reduction [8.142]) in the sediment due to the relatively high DO within the mid-
bay water column (Fig. 1). The smaller ratio of AT Aothersy ADICothers in August (1.48) may imply
that the relative importance of sulfate reduction increased while metal oxide reduction decreased
compared with that in May and October due to low or no DO in the mid-bay bottom water and
little nitrate to support denitrification. This is consistent with previous studies finding that sulfate
reduction reaches peak value in the mid-bay sediment in the summer (Roden and Tuttle 1993;
Roden et al. 1995), and much of the metal oxide reduction is dominated by interaction with

sulfide, rather than oxidation of sedimentary OM (Burdige 1993; Lustwerk and Burdige 1993).

Summary of ADIC and ATA
We averaged the data in the mid-bay subsurface water to quantify the contributions of
different biogeochemical processes to the ADICrotal and AT Atotal. FOr DIC, the contribution of

aerobic respiration increased gradually from May to August and then decreased substantially in
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October. Although the average AOU in the hypoxic zone was 20 umol kg™ higher in June than
in August, the expanded hypoxic or oxygen-deficit volumes in August resulted in an overall
higher ADICar in the mid-bay subsurface water than in June. Carbonate dissolution was minor in
May and June, but produced considerable DIC up to 144 + 33 umol kg™t or 45% + 14% in
August, which was even higher than the contribution of aerobic respiration (123 + 53 umol kg™
or 35% + 12%). In October, DIC addition was substantially less. The contribution of other
processes increased from May to June, then decreased in August and October. For TA, carbonate
dissolution was the most important process contributing to TA addition, reaching a peak value
(288 + 66 umol kg™ or 106% * 23%) in August. Generally, other processes played a secondary
role in TA dynamics. Moreover, aerobic respiration had a limited effect on TA removal during

all cruises.

pH simulation based on the evolutions of DIC and TA

To understand how different biogeochemical processes influence pH in the subsurface
water, we simulated the pH dynamics on a regional scale between CB2.2 and offshore seawater
based on the evolution of DIC and TA from component processes. Under the scenario of
conservative mixing (i.e., no biogeochemical processes), the calculated pH in different seasons is
relatively higher and converge in the seawater end, but is relatively lower and diverge in the low
salinity region (Fig. 8a). The distribution of pH against salinity nearly overlapped in May and
October, but was moderately lower in June and significantly lower in August in the low salinity
water (Fig. 8a), which were correlated with seasonal variability of freshwater discharge and
riverine DIC and TA (Su et al. 2020a). Under the scenario of conservative mixing plus aerobic
respiration, pH slightly decreased in October, moderately decreased in May, and significantly

decreased in June and August in the mid-bay subsurface water, because aerobic respiration
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produces CO- and acid resulting in pH decline (Fig. 8b). In contrast, carbonate dissolution can
increase TA, and is proposed as a buffer to neutralize anthropogenic and metabolic CO>
(Andersson et al. 2005; Cai et al. 2017; Macreadie et al. 2017). Since carbonate dissolution was
minor in May and June but significant in August, pH changes associated with carbonate
dissolution increased slightly in May and June, but were substantially elevated during August in
the mid-bay subsurface water, resulting in a higher pH in August, moderate pH in May, and
lowest pH in June under the scenario of conservative mixing plus aerobic respiration plus
carbonate dissolution (Fig. 8c). With additional consideration of other processes, pH was still
lowest in June, while pH in August was lower than that in October in the mid-bay subsuface
water (Fig. 8d).

We use the hypoxic waters in June and August as an example to show how different
processes influenced pH dynamics and led to a mismatch of the seasonal DO minimum in June
and seasonal pH minimum in August. To do this, we first selected a series of simulated pH
values at salinity 17 in June and at salinity 18 in August according to the average salinity of the
hypoxic zone during this time. We then set the pH induced only by conservative mixing in June
as base point and calculated the contributions of each biogeochemical process to pH changes in
June and August, respectively. As shown in Table 1, pH calculated from conservative mixing in
August is 0.04 units lower than that in June. Since AOU within the hypoxic zone was higher in
June than that in August, the pH decline caused by aerobic respiration is larger in June (0.78)
than that in August (0.74). In contrast, carbonate dissolution was minor in June but significant in
August, thus the pH increase caused by carbonate dissolution is much smaller in June (0.05) than
that in August (0.71). Furthermore, other processes increased pH by 0.07 units in June and

decreased pH by 0.31 units in August. The sum of the four processes induced a pH decline of
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0.66 units at salinity 17 in June and 0.39 units at salinity 18 in August, relative to the base point
at salinity 17 in June (Table 1). Therefore, the mismatch of the seasonal DO minimum (near-
anoxia in August) and pH minimum (in June) can be attributed to the increased carbonate
dissolution in August.

Table 1. Contributions of each biogeochemical process to pH changes in
mid-bay deep channel subsurface water in June and August.

pH Changes June, S =17 August, S=18
ApHuwix 0* -0.04 £ 0.01
ApHar -0.78 £0.20 -0.74 +0.18
ApHcp 0.05+0.31 0.71+0.24
ApHothers 0.07 £0.33 -0.31+0.25
Sum -0.66 + 0.49 -0.39 £ 0.39

*We set the pH induced only by conservative mixing at salinity 17 in June as a base point.

Supply-controlled CaCOs dissolution

We next sought to address why carbonate dissolution was minor in May and June, but
became substantial in August. We addressed this question by first examining the ambient
saturation state of CaCOs minerals (Q2) in these 3 months. When Q > 1, CaCOg precipitation or
preservation is thermodynamically favored; when Q = 1, CaCO3z minerals are in equilibrium with
the surrounding water; when Q < 1, CaCOs dissolution is favored (Mucci 1983). The saturation
state of aragonite (Qarag) iN the mid-bay subsurface water during May, June, and August was less
than 1, indicating that most of mid-bay subsurface waters were in carbonate dissolution favorable
conditions. Therefore, the stronger carbonate dissolution in August was not caused by passing
the tipping point of Qarag SWitching from >1 to <1, which occurred as early as May while Qarag
reached its seasonal minimum in June. That leads us to speculate that the seasonal carbonate

dissolution pattern was controlled by the supply from an external source of CaCO3 solids.
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We next sought to identify sources of CaCOs production. Following the method in Su et
al. (2020a), we used the removal of Ca?* to trace the process of CaCOj3 formation along the
mainstem Chesapeake Bay. The maximum removal of Ca?* usually occurred in the upper bay
and increased from May (126 + 69 umol kg™) to June (224 + 57 umol kg?), reaching peak value
in August (393 + 61 umol kg?), and then decreased in October (315 + 63 umol kg™?) (Fig. 9). As
we did not consider an additional river endmember in the Potomac River though it has higher
carbonate concentrations and contributes 19% of the annual freshwater input to Chesapeake Bay,
our estimates of upper estuarine removals of Ca?*, TA, and DIC are on the conservative side.

The seasonal pattern of Ca?* removal (or CaCOs formation) in the upper Bay generally
coincides with the seasonal cycle of aboveground biomass of SAV in Chesapeake Bay (Moore et
al. 2000; Gurbisz et al. 2017), which begins to increase in late spring, reaches a growth peak in
the late summer, and declines in the fall, making SAV-driven CaCO3 formation a strong
candidate process for CaCOs sources in Chesapeake Bay. However, Najjar et al. (2019)
suggested that bivalve calcification was more explanatory than SAV coverage to interpret a
significant TA sink in the low salinity zone of Potomac River Estuary, one of the main tributaries
in Chesapeake Bay. It is clear that both abiotic precipitation and the activity of marine calcifiers
(e.g., SAV leaves, epiphytes, bivalves) can contribute to sinks of Ca?* and TA in low-salinity
waters, but how the CaCOs solids can be transported downstream and support further carbonate
dissolution in the mid-bay subsurface water needs additional explanation. The numerical model
simulation in Su et al. (2020a) showed that fine particles with diameters of 2 and 8 um could
reach the mid bay within 10 d and have impacts on the mid and lower bay, while those with a
diameter of 20 um were mostly trapped in the upper bay during the entire summer. Therefore,

bivalve shells are much less likely than small CaCO3 particles to be transported long distances to
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support dissolution elsewhere, as we observed in the mainstem Chesapeake Bay. Thus, further
research is needed to quantify the controls on and alternative sources of CaCO3 formation in
Chesapeake Bay and other estuaries, as well as the particle transport mechanisms in the
longitudinal and lateral dimensions that distribute CaCO3z generated in low salinity waters.
Furthermore, the role of this CaCOz cycling along the Bay axis and the seasonality of its
influence on the status of Chesapeake Bay as a CO2 source or sink also deserve more research

(see Supplementary Discussion in the Supporting Information).

Summary and Conclusions

We are the first to report the mismatch of seasonal DO and pH minima in Chesapeake
Bay, which is further confirmed by long-term observation data in bottom water during 1986—
2015. Our analysis of seasonal distributions and apparent nonconservative transformation rates
of carbonate system properties revealed that the seasonal mismatch between DO and pH in
oxygen-deleted bottom waters emerges from supply-controlled carbonate dissolution. Our
finding that carbonate dissolution in late summer was not primarily controlled by thermodynamic
equilibrium as inferred from the low Q (< 1) has implications for inferences that CaCO3
unsaturated conditions should be associated with dissolution. Our seasonal analysis reinforces
the findings of Su et al. (2020a) that CaCOs solids formed in productive, low-salinity SAV beds
is a potential source of CaCOs to support mid-Bay dissolution and pH buffering. Here, we
further clarify the seasonal picture of the carbonate system to suggest that high dissolution rates
are restricted to summer because dissolution is supply limited in other seasons. Our proposed
mechanisms may be of general applicability to other estuarine systems where SAV or other

upstream subsystems may generate CaCOz solids and support dissolution and buffer pH in
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downstream waters. We believe our study sets the stage for more detailed observational and

modeling studies to verify the specific processes involved in the potential estuarine pH buffer.
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Fig 1. Spatial distributions of dissolved oxygen (DO) and pH along the main channel of Chesapeake Bay
in May, June, August, and October 2016. Panels (a)—(d) show DO and contours for anoxia (0 pmol kg™t),
hypoxia (< 63 umol kg or roughly <2 mg O, L), and oxygen-deficit water (<94 umol kg™ or roughly
<3 mg O, L1). Panels (e)—(h) show pH and contours for low pH waters (<7.5). The geological location of
this section extends from the Susquehanna River mouth to the bay mouth (AO1). The upper bay
(39.0-39.5°N), mid-bay (37.9-39.0°N), and lower bay (37.0-37.9°N) were separated according to Kemp
et al. (2005).
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Fig 2. Long-term (1986-2015) monthly average bottom DO and pH along the mainstem bay. The
stations were arrayed in an order from upper bay to lower bay, and mid-bay includes Stas. CB3.3 to
CB5.3. The red dash lines indicate the hypoxic zone in panel (a) and low pH bottom water in panel (b).
The red dot lines indicate the DO minimum zone in panel (a) and pH minimum zone in panel (b). These
field data were obtained by the Maryland Department of Natural Resources and the Chesapeake Bay
Program (http://data.chesapeakebay.net/WaterQuality).
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Fig 3. Distributions of dissolved inorganic carbon (DIC) and total alkalinity (TA) against salinity in the
mainstem bay in May, June, August, and October 2016. The open circles show the field data, while the
filled triangles represent the endmember values. The solid lines indicate the conservative mixing between
the estuarine endmember (CB2.2) and the offshore seawater endmember, while the dash lines show the
conservative mixing between the riverine endmember and the offshore seawater endmember.
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Fig 4. Deviations of dissolved inorganic carbon (DIC) and total alkalinity (TA) from the conservative
mixing lines between estuarine and offshore endmembers. These total nonconservative values are a
combined effect of multiple biogeochemical processes. Note that a positive (negative) value means
chemical addition (removal) to the water column.
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Fig 5. Non-conservative DIC induced by aerobic respiration (AR). Blue squares are field data, while red
circles and their error bar represent the value of the mean standard deviation of subsurface water (>5 m) in
salinity bins of 1. For example, the field data distributed within salinity 19-20 were represented by the red
circle at salinity = 20.
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Fig 6. Nonconservative DIC induced by carbonate dissolution (CD). Blue squares are field data, while red
circle and its error bar represent the value of mean standard deviation of subsurface water (>5m) in
salinity bins of 1. The gray squares in June (salinity >20) and October (during wind event) were not
included in our data interpretation (see Su et al. 2020b and the main text for explanation).
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Fig 7. Ratios of nonconservative TA and DIC induced by other processes excluding aerobic respiration
and carbonate dissolution in the mid-bay subsurface water.
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Fig 8. pH simulation in different scenarios. pH was calculated from DIC and TA in an accumulative
manner, including mixing only (a), mixing plus aerobic respiration (b), mixing plus aerobic respiration
(AR) plus carbonate dissolution (CD) (c), and all processes involved (d).
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Fig 9. Deviation of calcium ion from conservative mixing between riverine and offshore seawater
endmembers. Negative value means removal while positive value means addition of calcium ion across the
entire bay. The error bar means propagation error. There is a zero reference line.
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