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ABSTRACT

Variability in the strength of low-cloud feedbacks across climate models is the primary contributor to the

spread in their estimates of equilibrium climate sensitivity (ECS). This raises the question: What are the regional

implications for key features of tropical climate of globally weak versus strong low-cloud feedbacks in response to

greenhouse gas–inducedwarming? To address this question and formalize our understanding of cloud controls on

tropical climate, we perform a suite of idealized fully coupled and slab-ocean climate simulations across which we

systematically scale the strength of the low-cloud-cover feedback under abrupt 23CO2 forcing within a single

model, thereby isolating the impact of low-cloud feedback strength. The feedback strength is varied bymodifying

the stratus cloud fraction so that it is a function of not only local conditions but also global temperature in a series

of abrupt 23CO2 sensitivity experiments. The unperturbed decrease in low cloud cover (LCC) under 23CO2 is

greatest in the mid- and high-latitude oceans, and the subtropical eastern Pacific and Atlantic, a pattern that is

magnified as the feedback strength is scaled. Consequently, sea surface temperature (SST) increasesmore in these

regions as well as the Pacific cold tongue. As the strength of the low-cloud feedback increases this results in not

only increased ECS, but also an enhanced reduction of the large-scale zonal and meridional SST gradients

(structural climate sensitivity), with implications for the atmospheric Hadley and Walker circulations, as well as

the hydrological cycle. The relevance of our results to simulating past warm climate is also discussed.

1. Introduction

a. Cloud feedbacks

Global warming in response to rising atmospheric

CO2 levels is often quantified using equilibrium climate

sensitivity (ECS), which is defined as the increase in the

global mean surface temperature, after the system has

equilibrated, due to an atmospheric CO2 doubling. ECS

is primarily affected by climate feedback processes that

strengthen or weaken the system response to CO2 in-

duced warming [for an overview of various climate

feedbacks, see Flato et al. (2013)].

There is considerable uncertainty in determining the

sign and magnitude of cloud feedbacks. Based on both

climate models and observations, the Intergovernmental

Panel on Climate Change Fifth Assessment Report

(IPCC AR5) estimates that the net cloud feedback is

likely positive, 10.6Wm22 8C21 with an uncertainty

range of 20.2 to 12.0Wm22 8C21 (IPCC 2013). This

uncertainty is largely due to the spread in low-level

cloud responses seen across the global climate models

(GCMs) participating in phases 3 and 5 of the Coupled

Model Intercomparison Projects (CMIP3 and CMIP5)

(Bony and Dufresne 2005; Webb et al. 2006; Sherwood

et al. 2014) and is themain source of theGCMs spread in

ECS estimates (28–4.68C) (Bony et al. 2006; Vial et al.

2013; Caldwell et al. 2016).

The three fundamental components contributing to

the net cloud feedback are cloud amount, cloud altitude,

and cloud optical depth feedbacks [for a review on cloud

feedbacks, see Zelinka et al. (2017)]. In this study,

we specifically investigate the low-level cloud amount

feedback. Stratus clouds in the tropical and subtropical

regions generally display a positive cloud amount feed-

back (Zelinka et al. 2012; Geoffroy et al. 2017) with their

coverage decreasing as surface temperatures rise; how-

ever, the spatial structure is not homogeneous.

Uncertainty in low-cloud feedbacks is largely due to

the parameterization of subgrid processes, such as sensi-

tivity to shallow convective mixing parameters (Tomassini

et al. 2015; Sherwood et al. 2014; Brient et al. 2016; Vial

et al. 2017). To address this, Bretherton (2015) used high-

resolution large eddy simulations and cloud-resolvingCorresponding author: Ehsan Erfani, eerfani@gmu.edu
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model to simulate tropical and subtropical stratus and

cumulus clouds. The results shed light on our under-

standing of low-cloud feedbacks by investigating the

central mechanisms controlling the response of marine

boundary layer (MBL) stratocumulus to warming, with

the balance of positive and negative feedback processes

leading to reduced cloudiness and a net positive short-

wave cloud feedback, in agreement with GCMs.

Another complicating factor in evaluating the strength

of low-cloud feedbacks is that cloud feedbacks are not

time-invariant. Using CMIP5 simulations with instanta-

neously quadrupled CO2 levels, Andrews et al. (2015)

show that time-varying cloud feedbacks lead to nonlinear

ECS as delayed ocean heating and the adjustment of

surface warming patterns allow new cloud feedbacks

to come into play. The majority of this temporal evolu-

tion in cloud feedbacks happens in the Southern Ocean

(Armour et al. 2013) and eastern tropical Pacific

(Andrews et al. 2015; Ceppi and Gregory 2017; Andrews

and Webb 2018). The mechanisms behind this non-

linearity are not well understood due to the complicated

atmosphere–ocean processes, especially in the equato-

rial Pacific (Collins et al. 2010). Another complicating

factor is teasing out cloud feedback signals associated

with natural variability from those due to greenhouse

gas–induced warming (Zhou et al. 2016; Mauritsen 2016;

Andrews and Webb 2018).

In this study we aim to systematically evaluate the

implications of globally weak versus strong low-cloud

feedbacks for key climate features, specifically the me-

ridional temperature gradient, the hydrological cycle

and the mean state for the tropical Pacific. The moti-

vation behind this is twofold. This analysis aims to pro-

vide insight into the link between model-dependent

low-cloud feedback strength and the response of these

key climate features across climate change projections.

Second, this sensitivity study assesses the extent to

which strongly positive low-cloud feedbacks could aid in

simulating past warm climates.

A persistent challenge in modeling the past warm

climates of the Pliocene, Miocene, and Eocene is

reproducing the polar amplified warming, the muted

tropical warming, and the much weaker equator-to-pole

temperature gradients that characterized them (Huber

and Caballero 2011; Lunt et al. 2013; Goldner et al. 2014;

Fedorov et al. 2013; Dowsett et al. 2013; Salzmann et al.

2013; Evans et al. 2018). This has implications for cap-

turing associated east–west SST gradient changes in the

equatorial Pacific (e.g., Burls and Fedorov 2014a;

Fedorov et al. 2015). This data–model mismatch has

become known as the equable climate problem (Sloan

and Barron 1990; Huber and Caballero 2011; Huber

2013). Required changes in cloud radiative forcing,

which GCMs fail to produce, appear to be at the heart of

this problem. This could be rooted in one of two main

mechanisms: 1) the inability of parameterized cloud

physics to resolve key cloud feedback responses under

warming or 2) missing aerosol indirect effects. Missing

cloud radiative forcing mechanisms that have been

proposed include high-latitude cloud feedbacks due to

longwave trapping by convective clouds (Abbot and

Tziperman 2008a,b), optically thick low clouds (Cronin

and Tziperman 2015; Cronin et al. 2017) and polar

stratospheric clouds (Sloan et al. 1992; Peters and Sloan

2000; Kirk-Davidoff et al. 2002), alteredmidlatitude and

tropical cloud radiative forcing (Sagoo et al. 2013; Burls

and Fedorov 2014b), and altered natural aerosol con-

centrations (Kump and Pollard 2008; Kiehl and Shields

2013; Unger and Yue 2014; Upchurch et al. 2015). Here

we explore the extent to which amplified low-level cloud

feedbacks might address this issue, paying particular

attention to reducing tropical meridional and zonal

temperature gradients (Fedorov et al. 2015), and the

hydrological response (Burls and Fedorov 2017).

b. Mechanisms controlling large-scale surface
temperature gradients

The meridional (equator to midlatitudes) and equato-

rial zonal (east–west) surface temperature gradients

control theWalker and Hadley circulations, respectively,

and are critical characteristics of tropical climate. In this

subsection, we briefly summarize important (equilibrium-

climate) mechanisms controlling these surface tempera-

ture gradients in both slab-ocean models (SOMs) and

fully coupled models (FCMs), and in section 3e we ex-

plain how these mechanisms relate to our results.

The weakening of the zonal SST gradient as a function

of warming, without ocean dynamics, is investigated by

Merlis and Schneider (2011, hereafter MS11) who use a

cloud-free, idealized atmospheric GCM coupled to a

SOM. The lack of clouds in their model means that the

net shortwave (SW) gradient is zero and therefore the

surface energy balance is primarily between the zonal

gradient in the surface latent heat flux (LE) and the

gradient in theQ flux (QF: ocean energy flux divergence

that accounts for the effect of the ocean circulation on

SST): D(QF);DLE, where D is the east–west gradient

[MS11, their Eq. (4) and Fig. 3]. MS11 present a scaling

for the zonal SST gradient that describes their GCM

results. The LE is approximated as a linear function of

the saturation specific humidity (qs) using the bulk

aerodynamic formula [MS11, their Eq. (5)]. In the

tropics, the zonal LE gradient scales with the zonal qs
gradient [MS11, their Eq. (6)]: DLE;Dqs(Ts), where qs
is strongly dependent of surface temperature (Ts). To

derive a temperature gradient scaling, qs is linearized
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[MS11, their Eq. (7)]: Dqs(Ts); (›qs/›T)DTs. Then, by

rearranging this equation, the zonal surface temperature

gradient is obtained as a function of Dqs and an inverse

function of the rate of change of qs with temperature

[MS11, their Eq. (8) and Fig. 2]: DTs ;Dqs(›qs/›T)
21,

which can also be stated as DTs ;DLE(›qs/›T)
21. Since

QF is invariant across their simulations, DLE must re-

main invariant, and therefore the zonal Ts gradient de-

creases with warming to the extent that qs increases with

temperature (based on the Clausius–Clapeyron rela-

tionship). The physical interpretation of this equation can

be understood by the following counterexample (as ex-

plained by MS11): if the zonal SST gradient was un-

changed with warming, the zonal LE gradient would

increase continuously with warming, and such large LE

gradient would not balance the prescribed QF. Knutson

and Manabe (1995) first pointed out this sensitivity of

evaporative cooling to climate change and the associated

weakening of surface temperature gradients with global

warming in GCMs, calling it the evaporative damping

mechanism. In the MS11 study the reduced zonal SST

gradient is associated with a weakening of trade winds

and the Walker circulation (see MS11 and references

therein for a discussion of the weaker Walker scaling).

In reality, oceanic and atmospheric circulations are

coupled and the QF will respond to changes in the

Walker/Hadley circulation and the strength of the zonal/

meridional gradients. Liu and Huang (1997, hereafter

LH97) present a theory for this coupled system based on

an idealized box model that incorporates the inherent

coupled response of SST gradients, atmospheric circu-

lation, and ocean heat transport and provides a scaling

for the relationship between the zonal SST gradient in

the equatorial Pacific and the meridional SST gradient,

as well as how the strength of both these gradients is set

by the meridional gradient in the local equilibrium SST

(where local equilibrium SST is defined as the SST

that would occur in the absence of ocean circulation).

Burls and Fedorov (2014a) and Fedorov et al. (2015)

perform a series of modified cloud albedo andCO2 FCM

sensitivity experiments and show that the idealized box

model solutions of LH97 generally agree with their

simulation results.

In the idealized boxmodel, the upper ocean (the upper

50m) is divided into three boxes (the warm pool, the cold

tongue, and the extratropics), and each box is represented

by amean upper-ocean temperature. The temperature of

each box is determined by an ocean QF and surface heat

flux. The surface heat flux is parameterized as radiative

damping toward the local equilibrium SST that would

occur in the absence of ocean circulation. The Walker

and Hadley circulations are coupled to the upper-ocean

zonal temperature gradient (DTuo,zonal) and upper-ocean

meridional temperature gradient (DTuo,meridional), re-

spectively, with both these circulations determining the

strength of the ocean volume transport by the ocean,

wind-driven subtropical cells (STCs), which in turn con-

trols the QF, thereby capturing the coupled nature of the

system. See LH97 and Eqs. (1)–(3) in Fedorov et al.

(2015) for further details.

The steady-state analytical solution of the box model is

DTuo,zonal 5DTuo,meridional/(1/Q1 3/22 «), where « is a

branching parameter accounting for the polewardEkman

transport out of the cold tongue box relative to the

Ekman transport out of the combined warm pool and

cold tongue boxes; Q is the nondimensionalized volume

transport into the cold tongue box: Q5 qtr/m2; q is the

dimensional transport, tr is the restoring time scale of

surface heat fluxes, and m2 is the volume of the cold

tongue box. This solution is not very sensitive to the range

of q and tr values seen across the numerical sensitivity

experiments performed by Burls and Fedorov (2014a)

and Fedorov et al. (2015) (see their Fig. S8) and as such a

tight relationship is seen between the two gradients across

these simulations following the LH97 scaling.

Utilizing the LH97 box model solutions together

with a simple energy balance model, Burls and Fedorov

(2014a) present a scale argument for the relationship

between DTuo,zonal and the meridional TOA albedo

gradient in the Pacific basin (see their Fig. 13a). Reducing

the albedo of midlatitude clouds (weakening the meridi-

onal TOA albedo gradient) leads to an increase in the net

SW radiation over themidlatitude ocean surface, which in

turn increases midlatitude upper-ocean temperature and

decreases DTuo,meridional. This results in an increase in the

temperature of water subducted in the extratropics and

transported to the equator by the meridional overturning

circulation (STC), and consequently a rise in the temper-

ature of water upwelled in the eastern equatorial Pacific,

decreasing DTuo,zonal. Meanwhile, tropical albedo controls

the heating of a water parcel as it travels from east to west

across the equatorial Pacific. Therefore, the meridional

TOAalbedo gradient acts as a control on theDTuo,zonal [for

more details, see Burls and Fedorov (2014a)].

Another proposed mechanism affecting the zonal

temperature gradient is the thermostat mechanism

(Clement et al. 1996; Sun andLiu 1996). Thismechanism

asserts that the zonal SST gradient will increase under

uniform global warming because warm pool SST is

largely governed by the local surface heat budget while

cold tongue SST is largely governed by the upwelling of

cooler subsurface waters. Therefore, a uniform increase

in the surface heat flux over the tropics will more ef-

fectively warm the west than the east. Off-equatorially

induced changes in the temperature of subsurface waters

upwelled into the cold tongue are not accounted for in
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this purely tropics-based theory and as such it has sub-

sequently been argued that this mechanism could only

operate as part of the transient adjustment to warming,

while the equilibrium response is controlled by the cou-

pled processes involving the ocean STCs and tropical

extratropical interactions encapsulated by the box model

(Liu 1998; Luo et al. 2017). Liu (1998) does however show

that the equilibrium response of the box model to uni-

form heating across the tropics and extratropics can result

in a strengthening of the zonal and meridional SST gra-

dients as seen by Seager andMurtugudde (1997) [andXie

et al. (2010) for the Southern Hemisphere meridional

SST gradient in climate projections]. This occurs due to

latitudinal differences in the surface heat flux sensitivity

to SST perturbations (Liu 1998), which effectively act to

increase the meridional gradient in the local equilibrium

SST. These latitudinal differences in the surface heat flux

sensitivity to SST perturbations are due to the wind speed

dependence of the latent heat flux, such that stronger off-

equatorial winds allow the uniform forcing to be balanced

by a smaller SST change in the subtropics/extratropics

(Seager and Murtugudde 1997). Note however that me-

ridional differences in the strength of cloud feedbacks

generally ensure that changes in radiative heating are not

uniform, exerting the dominant control on themeridional

gradient in the local equilibrium SST and hence the

equilibrium response of zonal and meridional SST gra-

dients, as supported by our results.

Our study aims to build on this previous work by in-

vestigating the response of these large-scale gradients,

the coupled ocean–atmosphere circulation, and the hy-

drological response under warming when the strength of

the low-cloud amount feedback is systematically varied.

The experimental design of the low-cloud sensitivity

experiments performed is explained in the following

methodology section (section 2). The results presented

in section 3 include a discussion of responses in the

global means, climate sensitivity, transient adjustment,

spatial distributions,meridional gradients, the hydrological

cycle, and zonal gradients. Finally, the conclusions are

discussed in section 4.

2. Methodology

The numerical experiments in this study were per-

formed using the Community Earth System Model

(CESM), version 1.2.2, with the T31gx3v7 configuration

(Shields et al. 2012). Under this setup the atmospheric

component of the model [Community Atmosphere

Model version 4 (CAM4)] has 26 vertical levels and a T31

spectral dynamical core that amounts to a horizontal

resolution of 3.758. The oceanic component [Parallel

Ocean Program (POP)] has 60 vertical levels and a

horizontal resolution ranging from 18 at the equator to 38
near the poles. To ascertain the influence of ocean dy-

namics this study consists of two distinct sets of experi-

ments: the first uses the B_1850_CN CESM component

set, which is FCM with the POP dynamic ocean com-

ponent, and the second part uses the E_1850_CN com-

ponent set in which the ocean component is a SOMwith

prescribed climatological Q flux from the FCM control.

Our numerical experiments consist of four key steps.

Step 1: A CESM control run with preindustrial CO2

level that was run for a period of 500 years for the FCM,

and 100 years for the SOM, in order to reach equilib-

rium.Hereafter, these experiments are called ctrl (Exp 1

for the FCM, and Exp 11 for the SOM in Table 1).

Step 2: A CESM simulation was branched from the

ctrl with double CO2 levels and run for a period of 1800

years for the FCM and 100 years for the SOM.We called

these experiments 23CO2 (Exp 2 for FCM, and Exp 12

for SOM in Table 1).

Step 3:As in step 2we branch from the ctrl with double

CO2 levels but we modified the stratus clouds1 using the

following equation:

CF(SST)5CF
0
(12 c)SST2SST0 ,

where CF0 is the default cloud fraction calculated by the

model (before modification), CF is cloud fraction after

modification (now a function of global mean SST), SST

is globally averaged SST at each time step, SST0 is the

globally averaged SST for the last 100 years of ctrl, and c

is an arbitrary constant to control the strength of the

modification. This approach is loosely based on the ap-

proach taken by Mauritsen and Stevens (2015) to scale

the iris effect using the precipitation efficiency of con-

vective clouds; however, here global rather than local

SST changes are used. This allows us to encompass and

extend the spread in low-cloud feedback strengths seen

1 In the CESM cloud fraction FORTRAN code, stratus clouds and

low layered clouds are calculated at each model level below 700 hPa;

however, there are separate calculations for each cloud type: stratus

clouds formbased on an empirical relationship betweenmarine stratus

cloud fraction (CFst) and the stratification between 700 hPa and the

surface [Klein and Hartmann 1993; also see Collins et al. 2004, their

Eq. (4.180)]: CFst 5 0:57(u700 2 us)2 0:5573, where u700 and us are the

potential temperatures at 700 hPa and the surface, respectively.On the

other hand, the low-layered clouds form when the relative humidity

(RH) exceeds a threshold [Collins et al. 2004, their Eq. (4.184)]:

CFll 5 [(RH2RHlow
min)/(12RHlow

min)]
2
, where RHlow

min is minimum

relative humidity threshold for low-layered clouds and is equal to

0.88 for the resolution used in our study [for more details, see

Collins et al. (2004, chapter 4.7)]. Hereafter, the term ‘‘stratus

clouds’’ refers to the modification of both low layered and marine

stratus clouds in the CESM cloud fraction code.
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across CMIP5 models in one model. In our study, eight

different values were assigned to c parameter: 20.2,

20.15, 20.1, 20.05, 0.05, 0.1, 0.15, and 0.2. As shown

in the next section, positive c values correspond to a

more positive low-level cloud feedback and vice versa.

The larger the value of the c parameter, the more ex-

treme the reduction in low cloud cover (LCC). We

found that a value of c 5 0.5 removes the stratus clouds

completely, and therefore is not included this experi-

ment in the manuscript. Exp 3–10 for the FCM, and Exp

13–20 for the SOM fall under step 3, and are run for a

period of 1800 years for the FCM and 100 years for the

SOM. The results presented are based on the last 100

years of the FCM and the last 80 years of the SOM

simulations unless otherwise mentioned.

Step 4: To demonstrate that by varying the c param-

eter and modifying the low-cloud feedback strength the

ctrl climate remains largely unchanged we repeat each

experiment in step 3, but as a branch from the ctrl with

preindustrial CO2 levels for a period of 100 years for

both the FCM and SOM experiments. As shown in

Table 1, Exp 21–28 for the FCM and Exp 29–36 for the

SOM are associated with this step. Note that the power

in Eq. (1) for experiments in this step is very small and

therefore we expect a negligible feedback and the con-

ditions to remain similar to the ctrl.

To compare the simulations with observations, we

calculated the observed SST climatology using data

from the Hadley Centre Sea Ice and Sea Surface Tem-

perature dataset (HadISST) from 1950 to 1999 with a

horizontal resolution of 18 and temporal resolution of

1 month (Rayner et al. 2003).

3. Results

a. Global means and climate sensitivity

We start by characterizing each simulation in terms of

global means. Tables 2 and 3 show the annual, global

mean SST, LCC, top of atmosphere (TOA) imbalance,

and ECS for the FCM and SOM experiments, re-

spectively. The results for SST and LCC in Tables 2 and 3

can also be seen visually in Fig. 1a. For cases with pre-

industrial CO2, as expected from Eq. (1), the imposed

modification to the low-cloud fraction calculation leads

to negligible changes in the FCM SST and LCC (Exp 21–

28) and small changes in the SOMSSTandLCC (Exp 29–

36). In these experiments, since the difference between

SST and SST0 remains small, CF stays close to control

values (CF0) and therefore the modification to the feed-

back strength is of little significance. That the SOM ex-

periments show some weak sensitivity to the c parameter

under preindustrial CO2, while the FCM experiments do

not, ismost likely because the reduced ocean heat storage

capacity in the SOM allows for a moderate low-cloud

feedback in response to internal variability (Fig. 1a).

For the experiments with doubled CO2 concentra-

tions, global mean SST values range from 18.088 to

24.418C for the FCM experiments and from 17.748 to
25.138C for the SOM experiments. As the c parameter is

increased from20.2 to 0.2 global LCC decreases [based

on Eq. (1)], leading to enhanced global warming in re-

sponse to the same CO2 radiative forcing. LCC ranges

from 25.69% to 39.14% for the FCM and from 24.85%

to 39.17% for the SOM experiments. As expected, the

most extreme positive (negative) feedback strengths

lead to the warmest (coolest) global mean SST and

smallest (largest) global LCC.

As summarized in Tables 2 and 3, the imposed vari-

ation in the low-cloud feedback strength result in

TABLE 1. A description of the CESM experiments (Exp) per-

formed in this study.

Exp No. Configuration CO2 level c parameter

1 Fully coupled Preindustrial No modification

2 Fully coupled 23CO2 No modification

3 Fully coupled 23CO2 20.2

4 Fully coupled 23CO2 20.15

5 Fully coupled 23CO2 20.1

6 Fully coupled 23CO2 20.05

7 Fully coupled 23CO2 0.05

8 Fully coupled 23CO2 0.1

9 Fully coupled 23CO2 0.15

10 Fully coupled 23CO2 0.2

11 Slab ocean Preindustrial No modification

12 Slab ocean 23CO2 No modification

13 Slab ocean 23CO2 20.2

14 Slab ocean 23CO2 20.15

15 Slab ocean 23CO2 20.1

16 Slab ocean 23CO2 20.05

17 Slab ocean 23CO2 0.05

18 Slab ocean 23CO2 0.1

19 Slab ocean 23CO2 0.15

20 Slab ocean 23CO2 0.2

21 Fully coupled Preindustrial 20.2

22 Fully coupled Preindustrial 20.15

23 Fully coupled Preindustrial 20.1

24 Fully coupled Preindustrial 20.05

25 Fully coupled Preindustrial 0.05

26 Fully coupled Preindustrial 0.1

27 Fully coupled Preindustrial 0.15

28 Fully coupled Preindustrial 0.2

29 Slab ocean Preindustrial 20.2

30 Slab ocean Preindustrial 20.15

31 Slab ocean Preindustrial 20.1

32 Slab ocean Preindustrial 20.05

33 Slab ocean Preindustrial 0.05

34 Slab ocean Preindustrial 0.1

35 Slab ocean Preindustrial 0.15

36 Slab ocean Preindustrial 0.2
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climate sensitivities to CO2 doubling ranging from 2.188
to 9.818C in the FCM experiments and from 1.958 to

10.898C in the SOM experiments. The larger the c pa-

rameter, the higher the ECS. Note that the ECS esti-

mates for Exp 9 and 10 are the least accurate in

comparison to the other runs, because the TOA imbal-

ance is the largest (TOA imbalance is equal to 0.44 and

0.47Wm22 for Exp 9 and 10, respectively). Still, the

TOA imbalance in our study is acceptable, and smaller

than that used in previous studies to calculate ECS based

on model data (Lin et al. 2010; Otto et al. 2013).

The LCC feedback strength scales fairly linearly with

the c parameter (Fig. 1b), while global mean SST

(Fig. 1a) andECS (Tables 2 and 3) scale nonlinearly with

the c parameter as expected given the inverse relation-

ship between feedback strength and ECS. As a result,

the unmodified model’s response to a CO2 doubling

(Exp 2 and 12; Tables 2 and 3; Figs. 3a and 5a) is more

easily amplified by positive c values than suppressed by

negative c values.

b. Transient adjustment

Here we briefly show the temporal adjustment to

an abrupt CO2 doubling within each experiment. The

time series of global annual mean SST, LCC, and TOA

imbalance for the FCM experiments are shown in

Figs. 2a–c. Two main time scales can be seen in the SST

evolution. First, an initial fast time scale (;100 yr) that is

an initial abrupt change in SST. This is also seen in the

results of Burls et al. (2017, hereafter B17) andMarshall

et al. (2015), and is caused by the initial adjustment of

the upper ocean (thermocline). The second slow time

scale associated with deep ocean adjustment occurs over

1000 years or more (B17). As the c parameter is in-

creased, and the low-cloud feedback strengthens, the

rate of change in SST associated with the initial fast

adjustment time scale increases. Interestingly, for posi-

tive c values, and to some extent the control simulation,

there does appear to also be an intermediate time scale

of adjustment between years 100 to ;400–600 depend-

ing on the run. Toward the end of the simulations (1800

years), the rate of change in global mean SST is negli-

gible for all cases, except Exp 8. Although the full ad-

justment of deep ocean for this model is generally

obtained after ;3000 years, such adjustment has mini-

mal effect on equatorial SSTs (Fedorov et al. 2015; B17).

The LCC and TOA imbalance (Figs. 2b and 2c) shows

that all cases (except perhaps Exp 8 for LCC) are well

adjusted by the end of 1800-yr simulation. The relatively

large initial TOA imbalance (near 3Wm22), resulting

from the abrupt CO2 increase and modified low-cloud

response, drops abruptly within the first time scale. By

TABLE 2. Annual global means of SST, LCC, TOA imbalance, and ECS for the FCM simulations.

c parameter

SST (8C) LCC (%) TOA imbalance (Wm22)

ECS (8C)Preindustrial CO2 23CO2 Preindustrial CO2 23CO2 Preindustrial CO2 23CO2

No modification 16.59 18.78 37.65 37.33 0.0465 0.0350 3.08

20.2 16.53 18.08 37.62 39.14 0.0699 20.0054 2.18

20.15 16.51 18.20 37.60 38.82 0.0923 0.0352 2.35

20.1 16.53 18.32 37.63 38.46 0.0596 0.0349 2.50

20.05 16.53 18.52 37.64 37.94 0.0751 0.0350 2.76

0.05 16.60 19.31 37.65 36.20 0.0968 0.0722 3.77

0.1 16.61 20.63 37.61 33.60 0.0725 0.2009 5.37

0.15 16.59 23.11 37.66 28.61 0.0932 0.4364 8.32

0.2 16.60 24.41 37.61 25.69 0.0928 0.4733 9.81

TABLE 3. As in Table 2, but for SOM simulations.

c parameter

SST (8C) LCC (%) TOA imbalance (Wm22)

ECS (8C)Preindustrial CO2 23CO2 Preindustrial CO2 23CO2 Preindustrial CO2 23CO2

No modification 16.38 18.50 37.83 37.24 20. 0471 20.0459 2.91

20.2 16.37 17.74 37.93 39.17 20.0451 20.0505 1.95

20.15 16.37 17.86 37.89 38.79 20.0434 20.0367 2.11

20.1 16.38 18.00 37.89 38.43 20.0412 20.0465 2.27

20.05 16.38 18.22 37.87 37.91 20.0490 20.0449 2.56

0.05 16.42 19.16 37.74 35.91 20.0428 20.0351 3.77

0.1 16.48 21.58 37.60 31.93 20.0351 0.0480 6.78

0.15 16.64 24.02 37.24 27.19 20.0409 0.0271 9.64

0.2 16.81 25.13 36.72 24.85 20.0333 0.0007 10.89
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the end of 1800-yr run, the TOA imbalance is less than

0.035Wm22 for Exp 2–6 (negative c values) and equal

to 0.07, 0.20, 0.44, and 0.47Wm22 for Exp 7, 8, 9, and 10,

respectively (Table 2). It is worth noting that Exp 10

displays a unique adjustment response: after the initial

abrupt drop of TOA imbalance to 2Wm22, a rise in

imbalance is seen for 200 years, reaching to amaximumof

2.5Wm22. Thereafter, both TOA imbalance and its rate

of change decrease. The reason for this rise seems to be

associated with the significant rise in SST over this time

period (resulting from strong positive feedbacks) as seen

in Fig. 2a. Breaking this SST adjustment into regional

domains (figure not shown) reveals that the extratropics,

particularly between 508 and 708S in the Southern Ocean

contributes the most in the sudden rise in SST within this

experiment. The domain-averaged SST analysis shows

that the tropics (between 308S and 308N) adjust the fast-

est, followed by adjustment in the NH (08–908N), SH (08–
908S), SH extratropics (south of 308S), and the Southern

Ocean (between 508 and 708S), in agreement with the

results of Marshall et al. (2015; see their Fig. 4).

Because of the absence of ocean heat uptake, the

SOM experiments demonstrate a very different evolu-

tion pattern (Figs. 2d–f), with only the initial time scale

corresponding to an abrupt change in SST and LCC

within 20–30 years. Thereafter, no drift is seen in SST

and LCC, as they are fully adjusted with negligible TOA

imbalance (absolute values does not exceed 0.06Wm22;

Table 3) 40 years after the start time.

c. Spatial distributions

Modifying the low-cloud amount feedback strength

has regionally distinct implications. The spatial distri-

bution of annual-mean FCM LCC and SST differences,

with respect to the ctrl experiment, are shown for a

representative subset in Figs. 3 and 4, respectively. The

unmodified 23CO2 experiment experiences a negative

LCC feedback over the high-latitude oceans with a

maximum LCC increase of ;20%, as well as over the

subtropical stratus cloud deck regions, although the

negative feedback here is relatively weak. A positive

feedback is seen over the midlatitude ocean, as well as

parts of the tropical and subtropical ocean. The decrease

in LCC in the midlatitudes and the increase in LCC in

the high latitudes appears to be associated with [but not

necessarily caused by; see Ceppi et al. (2014) for a dis-

cussion of cause vs effect] a poleward shift in the storm

tracks (Eastman and Warren 2013; Ceppi et al. 2014;

Norris et al. 2016; Shaw et al. 2016), as well as a poleward

shift of the Hadley cell (Grise and Polvani 2014;

Tselioudis et al. 2016; Lipat et al. 2017). While this is an

interesting aspect of our results, given the tropical focus

of this study, we defer a thorough investigation of the

mid- and high-latitude changes to future work.

In the c520.2 23CO2 experiment the negative LCC

feedback in the high-latitude ocean and the stratus cloud

deck regions is enhanced while the strength of the pos-

itive feedback in the midlatitudes is weakened. As a

result, the global LCC is larger than the control acting

as a negative radiative feedback and reducing the ECS

(Table 2). SST warming is suppressed in this experiment

especially in the midlatitude Southern Ocean, as well as

the tropical and subtropical eastern Pacific.

Positive c values cause a decrease (;30% for c5 0.15)

in LCC in the midlatitude oceans, (encroaching on the

high-latitude SouthernOceans as c values increase), and

the subtropical eastern Pacific andAtlantic. Consequently,

warming is enhanced in the midlatitudes (;108C for c 5
0.15). The slight increase in LCC over the central Pacific

equatorial ocean (e.g., ;5% for c 5 0.15) is due to an

increase in shallow convective clouds as SST in the Pacific

cold tongue increases (;88C for c 5 0.15), the zonal SST

gradient decreases substantially, and tropical convection

extends farther eastward. High-level cloud cover also in-

creases in this region (figure not shown), indicating en-

hanced deep convection. The increase in SST in the Pacific

cold tongue (;88C for c 5 0.15) is due to regional

FIG. 1. (a) Annual mean global LCC vs SST for all 36 experi-

ments in this study that are categorized in four groups: FCM with

preindustrial CO2, FCM with doubled CO2, SOM with pre-

industrial CO2, and SOM with doubled CO2. (b) The global mean

LCC feedback within each doubled CO2 experiment as a function

of the c parameter. The red line and text indicate the least squares

fit here and throughout similar figures in the manuscript.
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decreases in LCC, as well as the warming of waters sub-

ducted in the extratropics and transported to the equator

by the ocean subtropical cells (see section 3e).

Figures 5 and 6 present the annual mean LCC and SST

differences with respect to ctrl for the SOM experiments.

Overall, the patterns are similar to FCM, but the SOM

simulates stronger positive and negative LCC feedback

responses for a given c value. The enhancement of both

the regional negative feedbacks (when c is set to20.2) and

the regional positive feedbacks (when c is set to 0.15) is

stronger in the SOMcounterpart. As a result, the decrease

(increase) in ECSwhen c520.2 (c5 0.15) is larger in the

SOM (Tables 2 and 3) and the regional SST responses are

amplified compared to those in the FCM. One important

exception to this is the eastern Pacific cold tongue region

where the lack of a dynamic ocean component in the SOM

experiments excludes the STCwarmingmechanism active

in the FCM experiments (see section 3e).

Figure 7 distills the warming patterns in terms of two

important controls on tropical circulation, the zonal-

mean meridional SST gradient (DTmeridional) and the

zonal SST gradient in the equatorial Pacific (DTzonal) as

defined in Table 4. Both of these gradients progressively

weaken as low-cloud feedbacks become more positive.

FIG. 2. The time series of (a) annualmean global SSTs, (b) annualmean global LCC, and (c) a 10-yr runningmean

of the global TOA imbalance for FCM experiments with doubled CO2 level for the entire 1800-yr run time. (d)–(f)

As in (a)–(c), but for SOM experiments for the entire 100-yr run time.
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Wewill now discuss the relationship between key feature

of tropical climate and these weakening meridional

and zonal gradients in sections 3d and 3e respectively.

d. Meridional gradients

1) STRUCTURAL CLIMATE SENSITIVITY

We refer to changes in the meridional SST gradient as

the structural climate sensitivity, an important factor

that acts together with ECS in characterizing the hy-

drological response to global warming (e.g., Burls and

Fedorov 2017). Zonal mean SST anomalies with respect

to the ctrl are shown for the FCM experiments in Fig. 8a.

Warming is the strongest in the midlatitudes in both

hemispheres (508–608N/S) where LCC decreases the

most. Tropical warming also increases with c but is

muted by comparison such that the larger the c param-

eter, the weaker the meridional SST gradient (Fig. 7a).

FIG. 3. The annual mean LCC differences with respect to ctrl experiment (Exp 1) for four FCM experiments:

(a) 23CO2 (Exp 2), (b) c520.2 (Exp 3), (c) c5 0.1 (Exp 8), and (d) c5 0.15 (Exp 9). The LCC is unitless (%).

FIG. 4. As in Fig. 3, but for SST. The SST unit is 8C.
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For a given positive c value, the SOM experiments

have a weaker meridional SST gradient. This is the re-

sult of warmermidlatitude SST anomalies relative to the

FCM experiments (Fig. 8b), due to enhanced LCC de-

creases (Fig. 3 vs Fig. 5), and because the poleward

ocean heat transport remains fixed while it decreases at

most latitudes (Figs. 8c and 8d) across the FCM experi-

ments. As a result, the sensitivity of meridional SST

gradients to warming is weaker in the FCM simulation

than the SOM simulations (Fig. 7a). Note however that

the opposite is true for the zonal SST gradients (Fig. 7b),

once again due to the ocean heat transport response

discussed in section 3e.

The progressive weakening of poleward ocean heat

transport by the wind-driven ocean STCs across the

FCM experiments (Figs. 8c and 8d) is due to the

FIG. 5. The annual mean LCC differences with respect to ctrl experiment (Exp 11) for four SOM experi-

ments: (a) 23CO2 (Exp 12), (b) c520.2 (Exp 13), (c) c5 0.1 (Exp 18), and (d) c5 0.15 (Exp 19). The LCC is

unitless (%).

FIG. 6. As in Fig. 5, but for SST. The SST unit is 8C.
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weakeningmeridional SST gradient. Consistent with the

results and theory discussed in Burls and Fedorov

(2014a) and Fedorov et al. (2015), a weaker meridional

SST gradient acts to reduces both the meridional tem-

perature gradient component of temperature advection

by the STCs, as well as their strength by weakening

the Hadley circulation (Fig. 7c). The maximum of the

mean atmospheric meridional streamfunction is used

as a measure of the Hadley cell strength. It is the max-

imum in the hemisphere where the Hadley circulation

is strongest. This way of quantifying changes in the

strength of the Hadley circulation includes the effects

of both the local meridional gradient in the hemisphere

in which the Hadley circulation is the strongest, as well

as the temperature difference between hemispheres,

since both affect the strength of Hadley cell (Broccoli

et al. 2006; Kang et al. 2008). However, the latter effect is

secondary, given the structure of the meridional SST

changes, as shown in Fig. 8.

2) THE HYDROLOGICAL CYCLE RESPONSE

Figure 9a shows the zonalmean of precipitationminus

evaporation (P 2 E) anomalies with respect to the ctrl

for the FCM experiments. The strongest anomalies oc-

cur between;158S and 158N due to a southward shift in

the intertropical convergence zone (ITCZ), largely in

the Pacific as illustrated by Fig. 9c. While similar shifts

occur in the SOM simulations (Fig. 9b) they are muted

in comparison, as illustrated by Fig. 9d. This is associated

with a reduced zonal SST gradient response in the SOM

simulations relative to the FCM simulations (Fig. 7b).

Subtropical drying between ;108–308N/S occurs

across all the experiments (Fig. 9). As discussed in Burls

and Fedorov (2017), from a zonal-mean perspective,

subtropical P 2 E changes are controlled by two com-

peting factors: 1) global warming–induced specific hu-

midity changes that act to enhance subtropical moisture

divergence [following the thermodynamic scaling of

Held and Soden (2006), generally referred to as the wet-

gets-wetter dry-gets-drier mechanism] and 2) the re-

laxation of the meridional SST gradient that acts to

reduce the strength of atmospheric meridional Hadley

circulation and hence subtropical moisture divergence.

To evaluate the relative contribution of these two

mechanisms, and the extent to which they are related to

global mean and meridional temperature changes, we

present in Fig. 10 the same decomposition as shown in

Burls and Fedorov (2017, their Fig. 5). The range of

meridional gradient changes seen across the set of ex-

periments present in this study (Fig. 10b) is less than

FIG. 7. (a) The meridional SST gradient (DTmeridional) vs global mean surface temperature (GST), (b) the

equatorial Pacific zonal SST gradient (DTzonal) vs GST, (c) Hadley strength vs DTmeridional, and (d)Walker strength

vsDTzonal. The experiments with doubled CO2 levels for FCM (Exp 2–10) and SOM (Exp 12–20) are shown here by

blue dots together with their respective control simulations Exp 1 (11). The red dots in (b) indicate the scaling of

MS11. See Table 4 for the definition ofDTzonal andDTmeridional, and see the text for the definition ofHadley strength

andWalker strength. The light gray dots show results from the abrupt CO2 and modified cloud albedo experiments

of Burls and Fedorov (2014a) and Fedorov et al. (2015) for comparison. Also, r indicates the correlation between

variables, and r* the required correlation value for significance at the 95% level based on a Student’s t test taking

into account the effective degrees of freedom.

1 MAY 2019 ERFAN I AND BURL S 2507

Brought to you by NOAA Central Library | Unauthenticated | Downloaded 03/03/22 05:52 PM UTC



those presented in Burls and Fedorov (2017), while the

range in global mean surface warming is comparable

(Fig. 10a). As a result, global warming dominates the

subtropicalP2E response, preventing it from increasing

in any of these experiments because the dynamic term is

never strong enough to overcome the thermodynamic

term. Nevertheless, the relationships between these

competing terms and global mean and meridional tem-

perature changes still holds (Figs. 10c,d).

e. The equatorial Pacific zonal surface temperature
gradient

To illustrate the impact of cloud feedbacks and ocean

coupling on the zonal gradient in equatorial Pacific

SSTs, SST is averaged along the equator (from 88S to

88N) and depicted in Fig. 11. Observed SSTs are ;298C
in western Pacific and decrease toward east, falling

to;258C in the eastern Pacific. The ctrl suffers from the

well-known cold tongue bias in climate models, simu-

lating SSTs that are too cold by;28C from 1608 to 2608E
(Wang et al. 2014; B17). Overall, the annual global mean

SST in the ctrl is ;1.58C colder than that in HadISST

observations. Nevertheless, we are interested in how the

strength of the low-cloud feedback response to a CO2

doubling influences equatorial Pacific SSTs and conse-

quently the zonal SST gradient—a key feature control-

ling Walker circulation strength and ENSO.

A larger c parameter corresponds to warmer equa-

torial SSTs.Warming in the FCM is asmuch as 48C (68C)
in the western Pacific (eastern Pacific) in the c 5 0.2

simulation. In addition, the west–east SST gradient

progressively weakens as c is increased (Fig. 7a). For the

SOM experiments (Fig. 11b) equatorial Pacific SSTs

respond similarly to the FCM experiments, but for a

given c parameter, the SOMExp 17–20 simulate warmer

SSTs in the western Pacific, compared to the FCM.

Furthermore, for a given c value the zonal SST gradient

is stronger in the SOM experiments, compared to the

FCM cases (Fig. 7b), the reasons for which are discussed

below. In both sets of experiments the Walker circula-

tion strength is well correlated with the strength of the

zonal SST gradient [Fig. 7d; the maximum deviation in

ascending pressure velocity (between 1308E and 908W)

from zonal mean values (averaged between 108S and

108N) is used as a measure of the Walker cell].

To evaluate the mechanisms determining the zonal

SST gradient response and why the weakening is larger

in the FCM experiments, it is helpful to consider the

east–west asymmetry in the surface energy fluxes [net

SW radiation, net longwave (LW) radiation, latent heat,

sensible heat, and the net flux] along the equatorial

Pacific and how they change across the experiments

(Fig. 12). The net flux is calculated to balance the surface

energy budget (net flux 1 SW 1 LW 1 latent 1
sensible 5 0). Note that the surface fluxes are defined

here as positive when they are downward (energy is

absorbed by the surface), while the net flux represents

the balancing oceanicQ flux and is positive upward. The

net flux is equal to the oceanic heat transport in the FCM

experiments and the prescribed Q flux, which is fixed

across the SOM experiments. There is a strong gradient

in the net flux between the western and eastern equa-

torial Pacific due primarily to the latent and SW com-

ponents (Figs. 12a,b).

To evaluate the changes in this east–west gradient

across the simulations an index is calculated using the

TABLE 4. Definition of the temperature, albedo, and flux gradients in the experiments.

Gradient Notation Depth average Definition

Zonal SST gradient DTzonal 0 m Difference between mean SST within the western equatorial

Pacific warm pool (88S–88N, 1308–2058E) and mean SST within

the eastern Pacific cold tongue (88S–88N, 2058–2808E).
Meridional SST gradient DTmeridional 0 m jh[SST(Q)]2 [SSTequ]ij, where the angle brackets indicate the

average value between 58 and 508N/S, the square brackets indicate

the zonal mean, and SSTequ is the SSTmean between 58N and 58S.
Each latitudinal circle receives equal weight in this calculation.

Zonal flux gradient DFzonal 0 m Difference betweenmean flux within the western equatorial Pacific

warm pool (88S–88N, 1308–2058E) and mean flux within the

eastern Pacific cold tongue (88S–88N, 2058–2808E).
Zonal upper ocean temperature

gradient

DTuo,zonal 50m The difference in mean upper-ocean temperature between the

western tropical Pacific (88S–88N, 1308–2058E) and the eastern

tropical Pacific (88S–88N, 2058–2808E).
Meridional upper ocean

temperature gradient

DTuo,meridional 50m Difference between mean tropical (88S–88N, 1308–2808E) and extra-

tropical Pacific (258–658N/S) upper ocean temperature.

Meridional albedo gradient Dameridional TOA The difference between extratropical (88–658N/S) and tropical

(88S–88N) albedo within the Pacific basin.
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regions defined in Table 4 and shown in Figs. 12c and

12d. The net SW is the strongest and the only positive

flux; however, its zonal gradient is negative (224Wm22

for Exp 1) because of the larger cloud amount in the

western Pacific, which reduces the surface net SW flux.

The zonal gradient in the latent heat flux is also negative

(222Wm22 for Exp 1) because warmer SSTs in the

western Pacific lead to a stronger evaporative flux to-

ward the atmosphere. The net LWflux and sensible heat

fluxes are rather weak (values roughly equal to 250

and 210Wm22, respectively, for Exp 1) and only

change slightly from western Pacific to eastern Pacific.

Their zonal gradients are very small (less than 5 Wm22)

and cancel each other. Therefore, the zonal gradient in

the net flux is balanced primarily by the net SW and

latent heat flux gradients. The energy fluxes in SOM ctrl

(Fig. 12b) are similar to those in FCM ctrl. This is ex-

pected, because the prescribed Q flux used in SOM is

calculated from theQ flux in the FCM ctrl. In contrast to

the FCM simulations however, the net flux in the SOM,

by design, cannot change (Fig. 12d) and its zonal gra-

dient remains near 50Wm22.

The zonal SST gradient scaling with tropical warming

predicted by the MS11 scaling [MS11, their Eq. (8);

explained in section 1b] has been added to Fig. 7b. Note

that following MS11 the time- and Pacific-mean surface

temperature averaged within 88S–88N was used for each

experiment to calculate the derivative of the saturation

specific humidity with respect to temperature [global

mean surface temperature (GST) values are however

shown on the x axis of Fig. 7b]. The east–west saturation

specific humidity difference was held fixed to the FCM

and SOM control value, respectively. In our SOM ex-

periments, the Q flux is also invariant, but the presence

of clouds provides an extra degree of freedom. Note that

the summation of latent heat gradient and net SW gra-

dient (equal to a negative net flux gradient) is invariant

(Fig. 12d). However, the zonal SST gradient decreases

more in our SOM experiments than predicted by the

MS11 scaling (Fig. 7b) because cloud-induced changes

in the net SW gradient act to further reduce the zonal

SST gradient, allowing the latent heat flux gradient to

relax further toward zero than it would in the absence of

clouds (Fig. 12d). The enhancement of the net SW

FIG. 8. The annual zonal mean of (a) SST anomaly with respect to ctrl for FCM experiments. (b) As in (a), but for

SOM experiments. (c) The annual zonal mean of poleward ocean heat transport for FCM experiments. (d) As in

(c), but averaged over Indian and Pacific Oceans. Note that (c) and (d) do not show the anomaly.
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gradient is caused by a decrease in LCC and an increase

in the net SW flux in the equatorial eastern Pacific.

For the FCM simulations, on the other hand, the net

SW and latent heat gradients both weaken (especially

Exp 8–10) as the net flux can change, and as a result the

zonal SST gradient changes are larger. This is associated

with enhanced surface warming in the eastern Pacific rel-

ative to thewesternPacific driven largely by reducedocean

cooling. Consequently, cloud amount increases in the

eastern Pacific, reducing the net surface SW flux and

weakening the net SW gradient. This enhanced eastern

Pacific warming also acts to enhance the latent heat

flux, leading to a weakened latent heat flux gradient.

This difference between the SOM and FCM due to the

coupling between ocean dynamics and the SW response

of equatorial clouds is consistent with differences in

their equatorial precipitation changes seen in Fig. 9c

versus Fig. 9d.

Burls and Fedorov (2014a) and Fedorov et al. (2015)

find that the zonal gradient in upper-ocean (the upper

50m) temperature scales with the meridional upper-

ocean temperature gradient and TOA albedo gradient.

The relationship between the upper-oceanmeridional and

zonal temperature gradients [presented by Fedorov et al.

(2015); explained in section 1b] and the relationship be-

tween the upper-ocean zonal temperature gradient and the

meridional TOA albedo gradient [presented by Burls and

Fedorov (2014a); explained in section 1b] hold across our

FCM experiments as shown in Figs. 13a and 13b, re-

spectively. Following the simple LH97 box model, LCC

decreases across our FCM experiments and results in the

temperature of water subducted in the extratropics and

transported to the equator by the wind-driven ocean STCs

increasing. This in turn gives rise to the equatorial surface

heat flux changes seen in Fig. 12c that are prohibited in the

SOM experiments.

Although not shown, it is worth noting that the slope

of the relationship between the zonal SST gradient and

the meridional SST gradient (as opposed to the upper

ocean gradients shown in Fig. 13), using the same defi-

nitions, is steeper than in Fig. 3a of Fedorov et al. (2015),

with a slope of 38 6 0.748C 8C21 across our FCM when

evaluating the SST gradients. We hypothesize that this

increased sensitivity of SST gradients despite the similar

sensitivity of upper ocean temperature gradients is due

to the enhanced ratio of global warming relative to

meridional gradient weakening seen across our FCM

experiments and the local effects of modifying the

low-cloud feedback strength in the equatorial region

across our simulations. The zonal SST gradient changes in

our FCM experiments experience the combined gradient

weakening effects of 1) the dynamically driven weakening

FIG. 9. (a) The annual zonal mean of the P2 E anomaly with respect to ctrl for FCM experiments. (b) As in (a),

but for SOMexperiments. (c) The annualmean ofP2E differencewith respect to ctrl (Exp 1) for FCMexperiment

c 5 0.15 (Exp 9). (d) The annual mean of P 2 E difference with respect to ctrl (Exp 11) for SOM experiment c 5
0.15 (Exp 19).
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of the upper-ocean meridional temperature gradients set

by the box model (Fig. 13a) and 2) the thermodynamically

driven evaporative damping effect acting together with

the modified LCC feedback to set the weakening of the

zonal SST gradient even in the absence of ocean dynamics

(the SOM experiments in Fig. 7b). The latter effect occurs

in the absence of ocean dynamic and is enhanced in our

experiments by our modifications to the low-cloud feed-

back strength across our simulations.

4. Conclusions

The spread in ECS across climate models has not

narrowed despite decades of research on the topic

FIG. 10. Zonal-mean subtropical (108 and 308N/S) P 2 E across the FCM and SOM experiments (blue) as a

function of (a) GST and (b) the meridional SST gradient. (c) The relationship between GST and the change in

subtropical P 2 E due to humidity-induced changes in the time-mean moisture transport (ycntdq) and (d) the re-

lationship between the meridional SST gradient and the change in subtropical P 2 E due to circulation-induced

changes in the time-mean moisture transport (dy qcnt). The gray dots indicate the Burls and Fedorov (2017) sen-

sitivity experiments for comparison (see their Fig. 5). The term q is the time-mean atmospheric specific humidity,

and y the time-mean horizontal wind vector integrated across pressure levels from the bottom to the top of the

troposphere. The ‘‘cnt’’ subscript indicates control values and d deviations from the control. The perturbation term

(dydq) is not shown, with a contribution that is secondary but not negligible–particularly in the experiments where

the meridional gradient is weak. The eddy contribution (y0q0) is small and not shown. See Burls and Fedorov (2017)

for further details on this diagnostic approach and the caption of Fig. 7 herein for the definitions of r and r*.

FIG. 11. (a) Annualmean SSTs in the Pacific averaged along the equator (88S–88N) for observations (HadISST) and

for FCM experiments with doubled CO2 level. (b) As in (a), but for SOM experiments.
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(Boucher et al. 2013). The spread is due primarily to

uncertainty in the sign and magnitude of cloud feed-

backs, in particular low-cloud feedbacks (IPCC 2013).

To isolate the influence low-cloud feedback strength has

on tropical climate change, we perform a suite of FCM

and SOM climate simulations across which we system-

atically modify the low-cloud feedback strength within a

single model by modifying the stratus cloud fraction so

that it is a function of not only local conditions but also

global SST in a series of abrupt 23CO2 sensitivity ex-

periments. We control the strength and sign of cloud

feedback using an arbitrary parameter c [see Eq. (1)]

that varies from20.2 (negative feedback) to 0.2 (strong

positive feedback).

Doubling CO2 leads to a decrease in global LCC in

our unperturbed control simulation. This decrease in

FIG. 12. (a) Annual mean surface energy fluxes in the Pacific averaged along the equator (88S–88N) for FCM ctrl

(Exp 1). (b) As in (a), but for SOM ctrl (Exp 11). (c) Zonal gradient in the surface energy fluxes for the FCM

experiments. (d)As in (c), but for SOMexperiments. The experiment number is shown on x axis for (c) and (d). See

Table 4 for the definition of the zonal gradient.

FIG. 13. (a) The equatorial Pacific zonal (DTuo,zonal) vs Pacific meridional (DTuo,meridional) upper-ocean gradient,

and (b) DTuo,zonal vs the Pacific meridional TOA albedo gradient (Dameridional). See Table 4 for the definition of

DTuo,zonal, DTuo,meridional, and Dameridional. The light gray dots show results from the abrupt CO2 andmodified cloud

albedo experiments of Burls and Fedorov (2014a) and Fedorov et al. (2015) for comparison. See Fig. 7 caption for

the definitions of r and r*.

2512 JOURNAL OF CL IMATE VOLUME 32

Brought to you by NOAA Central Library | Unauthenticated | Downloaded 03/03/22 05:52 PM UTC



LCC is greatest in themid- and high-latitude oceans, and

subtropical eastern Pacific andAtlantic. This response is

either enhanced or suppressed by varying the strength of

the LCC response to a CO2 doubling. When the low-

cloud feedback is enhanced SST increases more in these

regions as well as Pacific cold tongue. Strengthening the

LCC feedbacks not only enhances the ECS, but also

reduces the zonal and meridional gradients (structural

climate sensitivity), resulting in substantial Walker and

Hadley strength changes.

This enhancement in the response of meridional and

zonal surface temperature gradients to a CO2 doubling

could aid in simulating past warm climates like the early

Pliocene. On the other hand, SSTs appear to warm too

much in the warm pool region relative to available proxy

reconstructions. While enhancing the LCC feedback

helps by increasing extratropical and cold tongue warm-

ing, a negative tropical feedback response is needed to

regulate warm pool and GST changes. Burls and

Fedorov (2017) show that when a SST warming pattern

similar to early Pliocene SST reconstructions is used to

force an atmospheric general circulation model, dy-

namically driven decreases in the meridional moisture

transport are able to compensate for the thermody-

namically driven increase, thereby supporting wetter

subtropics. This does not occur in any of our simulations

as the thermodynamic changes, due to large global mean

surface temperature changes, always outweigh the dy-

namical changes due to meridional gradient reduction.

As the LCC feedback is enhanced, the meridional

gradient in TOA albedo between the tropical and

extratropical Pacific decreases. In the FCM experiments

this albedo gradient change is associated with decreasing

meridional and zonal upper-ocean temperature gradi-

ents in agreement with the coupled box model scaling

and the results of Burls and Fedorov (2014a) and

Fedorov et al. (2015). Following the idealized box

model, the reduction of LCC in the midlatitudes (asso-

ciated with a weakening of the meridional TOA albedo

gradient) increases the amount of solar radiation

reaching at ocean surface, leading to a warming of the

midlatitude surface ocean and a decrease in the merid-

ional surface temperature gradient. This warming is

communicated to the equatorial eastern Pacific by sub-

ducting and transporting the midlatitude warm waters

via the STCs, leading to a decrease in the equatorial

Pacific zonal temperature gradient.

The SST zonal gradient decreases monotonically with

the LCC feedback and global SST increases. Our SOM

results are similar to the idealized SOM simulations of

MS11, and experience the evaporative damping mech-

anism. In the MS11 idealized cloud-free SOM experi-

ments the zonal latent heat flux gradient is invariant

(because of the surface energy balance between the

prescribedQ flux and latent heat flux gradients, and the

Q flux is unchanged across experiments), and therefore

the zonal surface temperature gradient reduces with

warming to the extent that saturation specific humidity

increases with temperature. Compared to MS11, our

SOM results simulate enhanced weakening of the zonal

SST gradient for a given global/tropical SST increase

due to the presence of clouds, and enhanced cloud

feedback strengths. For the FCM experiments, ocean

coupling, as encapsulated by the box model, results in

further enhancement and substantially weaker zonal gra-

dients with warming. The dynamical ocean–atmosphere

coupling in the FCM experiments also allows for a dif-

ferent cloud response along the equator relative to the

SOM experiments, unlike in the SOM experiments LCC

increases and hence net SW decreases in the eastern

Pacific.

When studying the weakening of zonal andmeridional

gradients across experiments, the relative importance of (i)

global warming acting on a fixed warming pattern versus

(ii) cloud feedbacks changing the pattern of warming

might not seem explicit. For the zonal gradient, Fig. 7b

addresses the relative importance of (i) and (ii): the

MS11 scaling represents a reduction of zonal gradient

with surface warming one would expect in the absence

of cloud feedbacks and ocean heat transport changes. As

seen in our experiments, the cloud feedback further in-

tensifies the weakening of this gradient with global

warming, as does the coupling with ocean dynamics. To

further investigate the importance of (ii), we isolated the

cloud feedback-induced changes from the warming by

plotting the change in meridional and zonal gradients,

relative to the control, per degree of global mean surface

warming across all the 23CO2 experiments (figure

not shown). The normalized zonal and meridional gra-

dients do change across experiments in response to the

modified cloud feedback strengths, indicating that cloud

feedback strength changes the pattern of warming.

While we have not explicitly quantified them, the

other climate feedback mechanisms are of course op-

erating together with the perturbed LLC feedback to

determine the structure of surface warming and hence

themeridional and zonal temperature gradient response

to warming. As reviewed by Roe et al. (2015), multiple

feedback mechanisms contribute to the meridional

structure of warming, but by design the central feedback

changing across our experiments is the LCC feedback

and as such it is the central mechanism operating to

modify the gradient response between our respective

CO2 doubling experiments.

Our findings provide a framework upon which to in-

terpret the influence of LCC feedback strength on the
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structure of surface temperature and circulation change

under CO2-induced warming. One caveat in our ap-

proach is that the spatial structure of our LCC feedback

largely scales with the inherent structure of the LCC

feedback seenwithin the control simulation (in which no

modification is made to the c parameter) in response to a

CO2 doubling (Exp 2 and 12). One might ask how sen-

sitive are our results to variations in the pattern of the

LCC feedback from one model to another? We plan to

investigate this in the future research, but for now we

speculate that if a model simulates an enhanced re-

duction in LCC in the midlatitudes in response to a CO2

doubling and the consequent global warming, it will

generally reproduce our results. Zelinka et al. (2012)

analyzed 23CO2 experiments from 11 GCMs in the

first phase of the Cloud Feedback Model Intercompar-

ison Project (CFMIP1) and calculated the annual en-

semble mean change in total cloud fraction normalized

by the increase in global surface air temperature (see

their Fig. 1a). More than 75% of the CFMIP1 models

show a decrease in cloud fraction in the midlatitudes

(308–608N/S) as a result of warming by doubling CO2.

Although not a direct comparison, our Fig. 3a agrees

reasonably well with Fig. 1a in Zelinka et al. (2012).

Therefore, we speculate that most GCMs (in particular,

the models that show an enhanced positive low-level

cloud amount feedback in the midlatitudes) would

produce results similar to our findings.
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