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Abstract We estimate preformed ocean phosphate, nitrate, oxygen, silicate, and alkalinity by combining
a reconstruction of ventilation pathways in the ocean interior with estimates of submixed layer
properties. These new preformed property estimates are intended to aid biogeochemical cycling studies and
validation of modeled preformed property distributions and are available online. Analyses of net property
accumulations (observed minus preformed properties) indicate net remineralization ratios in the ocean
interior of [1 P]: [14.1 ± 0.6 N]: [−141 ± 12 O2]: [95 ± 25 Si]: [89 ± 9 TA]. These ratios imply that the interior
ocean stores 1,300 (±230) PgC through organic matter remineralization and 540 (±60) PgC through
carbonate mineral dissolution and that apparent oxygen utilization can overestimate the interior ocean
oxygen consumption by ~25%. Further, only 4 (±1%) and 46 (±5%) of the total alkalinity accumulated from
carbonate mineral dissolution are found in seawater that is supersaturated with respect to the aragonite
and calcite mineral forms of calcium carbonate, respectively. These small excess alkalinity inventories are
due to smaller volumes of the supersaturated water masses and shorter ventilation timescales, as carbonate
mineral dissolution rates appear nearly independent of depth and saturation state.

1. Introduction

Preformed ocean properties are those that seawater had when last in the surface mixed layer and are useful
for quantifying biogeochemical cycling and mixing processes in the ocean interior. Preformed properties
allow the impacts of interior ocean processes to be distinguished from the effects of surface ocean exchanges
of heat, gases, nutrients, and freshwater (e.g., Feely et al., 2002; Feely, Sabine, Lee, et al., 2004; Pardo
et al., 2011; Sabine et al., 2002, 2004; Sabine & Tanhua, 2010). Variations in preformed nutrient inventories
are strongly linked with the strength of ocean carbon sequestration (Marinov et al., 2008) and allow estima-
tion of the initial properties that govern the amount of a dissolved gas or its byproducts present at air‐sea
equilibrium. This is critical information for estimating the quantity of additional dissolved inorganic carbon
(C) present in seawater due to anthropogenic CO2 emissions (e.g., Sabine et al., 2002, 2004).

A definition of “surface mixed layer” is required when defining preformed properties; however, there is no
depth range over which the ocean is perfectly mixed nor is there an exact depth below which there is no
exchange with near‐surface waters. It can therefore be asked, “at what point can water properties be called
preformed?” Apparent oxygen utilization (AOU = O2at atmospheric equilibrium − O2measured), for example,
implicitly assumes that water is preformed when it is fully equilibrated with respect to atmospheric oxygen.
AOU is complicated by the fact that air‐sea disequilibria are commonwithin deep winter mixed layers where
surface exchanges are still important (Carter, Talley, et al., 2014; Talley et al., 2003), and O2 is often under-
saturated in waters detrained frommixed layers (i.e., left behind after seasonal mixed layer shoaling). Carter,
Talley, et al. (2014) define preformed properties as the properties of interior water masses at the moment
they leave surface mixed layers for the final time before being advected from the formation region. In this
study, we adopt this definition and note that preformed properties can be significantly out of equilibrium
with respect to the atmosphere, particularly in the Southern Ocean and other deep water formation regions
(e.g., Russell & Dickson, 2003).
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Remineralization ratios—or how chemical species are affected by organic matter remineralization relative
to one another—can be estimated from preformed properties and interior ocean property distributions.
Remineralization ratios are widely used in oceanography to estimate the fractions of property distributions
that can be attributed to the cycling of organic carbon, thereby allowing the impacts of other processes to
be estimated by residual (e.g., Feely et al., 2002, 2016; Feely, Sabine, Lee, et al., 2004; Gebbie et al., 2010;
Russell & Dickson, 2003; Sabine et al., 2002). Many remineralization ratio estimates exist in the literature
(e.g., Anderson & Sarmiento, 1994; Hedges et al., 2002; Li & Peng, 2002; Redfield, 1934; Redfield et al.,
1963; Takahashi et al., 1985). Redfield et al.'s (1963) ratio of phosphate (P): nitrate (N): C:‐O2 of
1:16:106:138 was one of the first estimates and was based on elemental ratios in organic matter and evident
in seawater. Later analyses of property changes along isopycnals suggested the P:‐O2 ratio needed to be
revised upward nearer to ~170 (Anderson & Sarmiento, 1994; Takahashi et al., 1985). The most recent ana-
lyses have emphasized that neglecting diapycnal diffusivity could have biased these estimates higher
(as also explored by Anderson & Sarmiento, 1994) and suggested that the lower P:‐O2 ratios could be more
accurate (Carter, Talley, et al., 2014; Li & Peng, 2002). DeVries and Deutsch (2014)'s analysis of regenera-
tion ratios shows ‐O2:P of 147 ± 6, which agrees with the 150:1 ratios based on the average biochemical
composition of phytoplankton (Anderson, 1995; Emerson & Hedges, 2008). Recently, analysis of nutrient
distributions using ocean circulation models suggests that P:N:C:‐O2 regeneration ratios vary as much as
threefold to fourfold across oceanographic biomes (Deutsch & Weber, 2012; DeVries & Deutsch, 2014;
Teng et al., 2014; Weber & Deutsch, 2010). The regional nutrient regeneration patterns determined in these
studies are consistent with direct analyses of the elemental composition of aggregates of particulate organic
matter (Martiny et al., 2013), with low N:P ratios being found in subpolar regions and high N:P ratios in
subtropical regions.

Preformed properties have also been used to quantify the net impacts of precipitation and dissolution of
carbonate minerals. Milliman and Droxler (1996) and Milliman et al. (1999) argued that as much as 60%
to 80% of carbonate mineral export is dissolved in the upper 500–1,000 m. Feely et al. (2002) and Berelson
et al. (2007) evaluated alkalinity concentrations in excess of preformed in the Pacific (i.e., excess total alka-
linity, or TA) and ultimately supported this conclusion. CaCO3 dissolution occurring in CaCO3‐
supersaturated seawater implies that biological mediation of the dissolution process must be important
(Milliman et al., 1999). However, Friis et al. (2006, 2007) later showed that interior oceanmixing can account
for the observed distributions of carbonate mineral dissolution byproducts even in the absence of dissolution
in supersaturated waters, so the fraction of dissolution occurring in supersaturated environments remains
under debate.

Preformed properties have been estimated in a variety of ways. Feely, Sabine, Lee, et al. (2004) used regres-
sions relating TA to conservative and quasi‐conservative surface seawater properties (specifically potential
temperature θ, salinity S, and a combination of phosphate and oxygen, PO; Broecker, 1974) from each ocean
basin to estimate the interior ocean preformed properties in the same basins. This approach has the
limitation that surface ocean measurements are typically biased toward summer, especially at high
latitudes, limiting their applicability because ocean interior waters are usually subducted in late winter
(Stommel, 1979). In addition, some deep water masses are ventilated in basins other than where they are
found (e.g., Talley, 2013). Pardo et al. (2011) used properties from 75–180 m depth as preformed values,
but interior mixing and circulation limit application of these estimates to interior ocean waters that are
very near their ventilation regions. Preformed TA estimations benefit from strong relationships between
TA and other seawater properties, like salinity (S), that allow accurate regression‐based estimates.
Regression‐based approaches are more difficult for oxygen and macronutrients as they are more strongly
affected by biological cycling and gas exchange. Regressions have therefore not been used to estimate
preformed macronutrient and oxygen concentrations, prior to this study.

Here we combine updated versions of recent regression methods (Carter et al., 2017) with interior ocean
mixing pathways (Devries, 2014; Gebbie et al., 2010; Khatiwala, 2007), a mixed layer depth climatology
(Holte et al., 2017), and a gridded interior ocean biogeochemical data product (Lauvset et al., 2016) to
produce full‐ocean preformed property estimates that avoid some of the issues with the previous approaches.
We then use these distributions to infer net apparent remineralization ratios, regional net denitrification, net
oxygen consumption, and net calcium carbonate cycling in interior ocean water masses. The primary goal of
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this effort is to present and quantify the preformed properties and discuss their potential applications, as
there is more analysis to be done for each of the biogeochemical applications briefly discussed here.

2. Methods

Our approach for estimating preformed properties and their uncertainty combines several methods in sev-
eral steps. First, we trace interior ocean water mass mixtures back to where they were last ventilated using
flow fields from several different ocean circulation models. Next, we estimate properties at the base of the
deepest seasonal mixed layers in these locations, and weight the property estimates by the relative contribu-
tions of each surface location to the interior water mass mixtures, thus determining the preformed property
estimates at each interior location. The property estimates made at the base of the mixed layers are thought
to be the best estimates of the properties of the seawater that is detrained into the ocean interior through the
shoaling of the seasonal mixed layer (Stommel, 1979). A variant on this approach was used by Lauvset
et al. (2020) to estimate preformed alkalinity. We estimate uncertainty by varying aspects of our procedure
and evaluating the effects on the resulting estimates (Supporting Information S1).

2.1. Ventilation Pathways

To infer where interior ocean water masses were last near the ocean surface, we use ocean ventilation
pathways captured by the transport matrix output from a data‐assimilating ocean circulation inverse model
(OCIM: Devries, 2014). Observations of potential temperature, salinity, radiocarbon, and CFC‐11—in addi-
tion to reanalysis products for surface heat and freshwater fluxes and mean dynamic topography—are
assimilated to estimate the climatological mean state of the ocean circulation (Devries, 2014; DeVries &
Primeau, 2011). As a measure of uncertainty resulting from transport estimates, we also use two other
transport matrix products, a transport matrix version of a 3‐D circulation model (Khatiwala, 2007), and
the mixing pathways produced by the Total Matrix Intercomparison (TMI) approach of Gebbie et al. (2010)
(Supporting Information S1). We rely foremost on the OCIM product because it has global coverage, the
highest spatial resolution; is optimized through data assimilation; and does not rely on remineralization
ratios to infer circulation pathways. For our base case, we use the CTL version of OCIM1, which was also
used to estimate ocean anthropogenic CO2 uptake (Devries, 2014). The resolution of the model is ~2° × 2°
in the horizontal, with 24 vertical levels ranging in thickness from 36 m at the surface to ~600 m in the deep
ocean.

We use these transport matrices to determine where mixtures of waters that comprise interior ocean water
parcels were last at the ocean surface, producing an array Fi,k that quantifies the fraction of water from each
of the k surface grid cells present in each of the i interior ocean grid cells (see Supporting Information S2 for
details). For the OCIM, k= 10,441, and i= 189,717. For example, water at 1,300 m depth in the North Pacific
may have a partial source in the surface North Pacific, the Southern Ocean, and the North Atlantic Ocean
(Figure 1).

2.2. Property Estimates for Ventilation Regions

We adopt two approaches for estimating the properties that detrain from deep seasonal mixed layers during
the springtime mixed layer shoaling: a regression‐based approach and an interpolation‐based approach.
Preformed property distributions from both approaches are provided at the GitHub link, and differences
between the two estimates are included in the uncertainty assessment (Supporting Information S1).
However, only results from the regression‐based approach are presented in the figures and tables in themain
manuscript.

The first approach uses locally interpolated regressions (LIRs; Carter et al., 2017) to estimate the preformed
properties of the seawater that leaves each surface grid cell, basing the estimate on the temperature and
salinity values of the interior ocean mixtures. The LIR MATLAB routines generate estimates of seawater
properties using regressions that are specific to user‐input ocean latitude, longitude, and depth coordinates;
the routines interpolate collections of prefit coefficients (α) to these user‐input coordinates. The α
coefficients are prefit by Carter et al. (2016, 2017) to data from GLODAPv2 (Olsen et al., 2016) gathered
within latitude, longitude, and depth/density windows around all points on a 3‐D ocean grid. For the current
application, the user‐provided coordinates are the latitudes, longitudes, and the deepest monthly‐mean
mixed layer depths of the surface grid cells, as interpolated from Holte et al. (2017)'s mixed layer depth
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Figure 1. Maps showing example mixing fractions or log10 of fractional mass contributions from surface grid cells to the
interior ocean grid cells nearest 160°W, 30°N, and ~1,300 m depth. Maps are provided for the primary circulation
product used for this analysis, (a) the 2° × 2° CTL OCIM1 data‐assimilated model transport matrix reduction of
Devries (2014), as well as for the two products used to test the sensitivity of the results to the assumed physical
circulation; (b) the 2.8° transport matrix from Khatiwala (2007); and the (c) 4° × 4° total matrix intercomparison product
of Gebbie et al. (2010). Water at the base of the Northern Pacific Subtropical Gyre thermocline is chosen for these
examples to highlight the convergence of water types in this region and emphasize the differences in the circulation
pathways that can be simulated by the various approaches used.
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climatology or 100 m, whichever is deeper. This minimum depth threshold is used to ensure the LIRs use
coefficients that are fit to data that span more than the seasonally biased surface layer. The sensitivity of
the results to this minimum depth threshold for the LIR is tested and included in the uncertainty assessment
(Supporting Information S1. The predictors in the regressions are the interior ocean θ and S (i.e., Regression
8 in Supporting Information S3):

Xi; k ¼ α0; k þ αS; kSi þ αθ; kθi: (1)

Here Xi,k is the seawater property at the kth base‐of‐the‐mixed‐layer location estimated using the
observed S and θ of the ith interior‐ocean grid cell. This approach provides a best‐estimate answer to
the question, “what would the biogeochemical properties of a water type be if it had detrained from this
(kth) surface ocean location and had the same salinity and temperature as this other (ith) interior ocean
mixture?”

The regressions are specific to each combination of surface coordinates (10,441 regressions for each latitude,
longitude, and mixed layer depth combination) and are used to estimate preformed properties for each com-
bination of interior ocean salinities and temperatures (189,717 interior ocean S and θ combinations).
Measures taken for computational efficiency (described in Supporting Information S3) reduce the computa-
tional burden from ~2 billion to ~29 million such computations.

One problem with this regression approach, as well as for all previous regression approaches for estimating
preformed properties, is that interior ocean physical properties (i.e., Si, and θi) can be the result of mixing
between many different parcels of water, each with initial physical properties that are different from those
in the final mixture. The distant interior‐ocean physical seawater properties used for LIR‐based estimates
of Xi,k at the base of the mixed layers may not be realistic predictors for the surface outcrop locations.
We therefore use the differences between the interior ocean physical properties (i.e., the θi and Si where
we are estimating the preformed property mixture) and the “base of the mixed layer” physical properties
(i.e., the θk and Sk where the subducting seawater components originate) interpolated from the
GLODAPv2 gridded product (Lauvset et al., 2016) as an estimate of uncertainty in our predictors. We use this
information as input uncertainties in the LIR routines (Carter et al., 2016) to estimate an uncertainty for the
output Xi,k (i.e., Ui,k) that scales with the differences in the physical properties between the interior and sub-
mixed layer cells. This uncertainty is used as a weighting term in determining preformed property estimates
(section 2.3).

The second approach for determining base‐of‐the‐mixed‐layer properties is a direct linear interpolation of
the GLODAPv2 gridded product to the depth of the deepest monthly‐mean mixed layer depths. The direct
interpolation approach is simpler than the regression‐based approach, but it is also more sensitive to the
assumed mixed layer depth threshold and, especially, to the assumed circulation patterns (Supporting
Information S1). This is because ocean properties tend to vary strongly with respect to depth near the base
of the mixed layer, so slight mismatches between modeled and actual ocean circulations, or between the
mixed layer depths in the mixed layer climatology and the GLODAPv2 gridded product, lead to biases in
preformed properties estimated in this way. By contrast, the regression‐based approach relies upon emergent
empirical relationships between properties in the vicinity of each location, so these mismatches are less
important. A second reason to prefer the regression‐based approach is that one might imagine that multiple
water types can emerge from a single surface grid cell depending on the time of year of mixed layer
detrainment or the intensity of convection each year, and the regression approach allows these variable
water types to emerge from a single surface grid cell by varying interior‐ocean θi and Si used as a regression
predictor. The interpolation‐based estimates serve as a useful comparison, however, and it results in
preformed properties that, when averaged between calculations with different depth thresholds and
circulation assumptions, are qualitatively and quantitatively similar to the regression‐based estimates.

2.3. Preformed Property Estimates

For each ith interior ocean grid cell, the Fi,kmixing fraction estimates are multiplied by the regression‐based
Xi,k seawater property estimates and a weighting term (Wi,k, equaling Ui,k

−2), and a weighted average is
calculated to yield the ith preformed property estimate (X0):
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X0
i ¼

∑10;441
k¼1 Fi; kXi; kWi; k

∑10;441
k¼1 Fi; kWi; k

: (2)

A schematic shows the elements of this calculation for a simplified case in which an interior ocean grid cell
only has two surface contributions (Figure 2).

The equivalent equation for the interpolation‐based approach is simpler because it has neither the weighting
term nor property estimates that vary with the interior ocean predictor distributions:

X0
i ¼ ∑10;441

k¼1 Fi; kXk: (3)

These equations are used to produce preformed values P0, N0, O2
0, Si0, and TA0 for each of the 189,717 sub-

surface grid cells. We compute “potential alkalinity” (pTA, and similarly for the related preformed potential
alkalinity pTA0) as TA + 1.36*N to account for the small impacts of organic matter cycling on TA distribu-
tions (Wolf‐Gladrow et al., 2007). These estimates are on the transport matrix grid, so a three‐dimensional
Delaunay triangulation (i.e., linear interpolation) is used to shift them onto the grid used for the gridded
GLODAPv2 data product (Lauvset et al., 2016; Olsen et al., 2016). In most locations, this does not add signif-
icant errors (possible exceptions include the Artic and Mediterranean when using Khatiwala, 2007, matrix,
which does not cover these basins/seas). X0 for depths that are shallower than the deepest monthly‐mean
mixed layer depths is not meaningful and is not included in this analysis, nor are values in marginal seas
since both the LIR regressions and the water mass ventilation pathways are less well constrained in these
regions. This combined grid mask is also provided within the preformed property data files. All preformed
property estimates and their uncertainties are provided on the GLODAPv2 grid used by Lauvset et al. (2016),
which is identical to the World Ocean Atlas 2009 grid, in the NetCDF and Hierarchical Data Format
(HD5, used by MATLAB) formats.

2.4. Ideal Ages and Property Accumulation Rates and Ratios

Preformed properties are sometimes used to infer accumulation or utilization rates from calculations that
also require water mass age information (e.g., Berelson et al., 2007; Feely, Sabine, Schlitzer, et al., 2004;
Sonnerup et al., 2015). Rate estimates are not a primary intended product for this effort, and we caution that
there can be significant difficulties with interpreting calculations that directly combine accumulations with

Figure 2. A schematic showing how the regressions are centered (red and blue dots) on the base of the deep winter
mixed layers but are fit using data from within and below the mixed layers (red and blue‐outlined gray boxes) and
how preformed estimates from various, often distant, locations are combined using mixing fractions (F values) to form
the combined preformed estimate of the purple ith interior ocean mixture. Only two contributing surface sources are
shown in this schematic, but, in the OCIM‐based estimates, there are 10,441 F values (many equaling 0) for each interior
ocean location that relate the interior mixtures to the 10,441 surface grid cell sources. The mixing fractions are
combined using Equations 2 and 3.
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age information. We nevertheless calculate some accumulation rates to inform our discussion and allow
comparisons with other studies that used preformed properties and AOU with age information to calculate
rates.

Ideal ages are calculated using methods described in DeVries and Primeau (2011) with the boundary condi-
tion equalling the surface mixed layers as defined earlier, including the minimum‐depth threshold of 100 m.
The mass‐weighted average ideal age calculated with this inclusive boundary condition is 580 (±5, 1σ) yr,
which is only slightly shorter than the 593 yr average age obtained when only using surface grid cells as a
boundary. The uncertainties on these ideal ages are likely underestimated because they do not include con-
tributions from variability between circulation estimates (they only represent uncertainty from the mini-
mum mixed layer depth cutoff). It should also be noted that additional uncertainties are incurred when
combining modeled circulation fields with observed mixed layer depth distributions, as is done for our rate
estimates.

For comparison with literature, we use a regression method adapted from Berelson et al. (2007) and detailed
in Supporting Information S4 to produce carbonate dissolution rate estimates. It is unclear the degree to
which this regression approach is effective at eliminating the effects of dissolution that occurs outside of
the regions of interest (see, e.g., Friis et al., 2006, 2007) or in dealing with biases resulting from mixing oper-
ating on the differing gradients of ideal age versus accumulations of TA (see, e.g., Koeve & Kähler, 2016).
There may therefore be unresolved biases in these estimates. We do not present accumulation rates for
organic matter remineralization because these estimates have large uncertainties due in part to uncertain
cutoffs chosen for minimum mixed layer depths and water mass ages (see Supporting Information S4).

3. Results and Discussion
3.1. Preformed Property Distributions

The deepest waters (Figure 3, right column) reflect a balance between two main water types: North Atlantic
Deep Water (NADW) and Antarctic Bottom Water (AABW) (Talley, 2013). NADW is low in preformed
nutrients and rich in preformed dissolved oxygen because of the biological production and air‐sea gas
exchange that takes place as its source waters travel north at the surface in the Atlantic, while the AABW
is rich in preformed nutrients (Figures 3d, 3h, and 3p, at 4,000 m south of 60°S) but low in preformed oxygen
(Figure 3l) because the source waters (upwelled nutrient‐rich Circumpolar Deep Water, CDW) spend much
less time at the surface and are partially shielded from gas exchange by sea‐ice before sinking back into the
deep. AABW also has higher preformed potential alkalinity than NADW from carbonate mineral dissolution
(Figure 3t), but the elevated preformed potential alkalinity of AABW is muted relative to nutrients because
NADW is saltier than AABW and freshwater removal increases both salinity and alkalinity. These observa-
tions apply broadly from 2,500 to 4,000 m depth, though the domain dominated by AABW extends farther
north into the Atlantic with greater depth (Figure 3).

The influence of intermediate and mode waters is visible in the subtropics along the 1,000 m depth surface
(Figures 3b, 3f, 3j, 3n, and 3r), particularly in the Southern Hemisphere where Antarctic Intermediate Water
(AAIW) ventilates the bases of the gyre thermoclines. AAIW formation involves injections of well‐ventilated
nutrient‐rich surface waters into CDW that is oxygen poor and nutrient rich (Carter, Talley, et al., 2014;
Naveira Garabato et al., 2009). AAIW is therefore initially undersaturated with respect to oxygen (Russell
& Dickson, 2003) yet appears as a slight maximum in preformed oxygen (Figure 3j) in a band of high pre-
formed nutrients (Figures 3b and 3f) in the southern Indian and Pacific Oceans between 20°S and 40°S.
Forming as mixtures between moderately high‐nutrient surface waters and high‐nutrient deep waters,
AAIW has slightly less preformed nutrients than AABW, but significantly more than NADW (Figures 3b
and 3f; North Atlantic). Intermediate waters have lower preformed silicate than might be expected from
phosphate and nitrate. This is because silicate is stripped from surface waters more rapidly and at more pole-
ward latitudes (Sarmiento et al., 2004) and is remineralized deeper than phosphate (e.g., Holzer et al., 2014).
Both processes reduce the quantity of silicate that is returned to the surface with Upper CDW (UCDW) and
becomes incorporated into mode and intermediate water. A significant portion of the mid‐depth North
Atlantic has low preformed oxygen and elevated pTA0 where warm, salty, alkaline, and low‐O2

Mediterranean Sea Intermediate Water is found (Figures 3j and 3r; between 20°N and 45°N).
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The influence of many major water types can be seen in shallow subsurface waters (i.e., at 200 m).
Subtropical gyre waters are generally low in nutrients (Figures 3a, 3e, and 3m; between 45°N and 45°S), asso-
ciated with subduction of nutrient‐depleted subtropical mode waters. Higher preformed nutrient concentra-
tions occur below regions of surface divergence (i.e., upwelling): in the subpolar gyres (south of 45°S and
north of 45°N), the Southern Ocean (south of 60°S), the equatorial regions (±10°N), and along eastern
boundaries of ocean basins wheremode, intermediate, and deep waters return to the surface. Preformed sub-
surface oxygen looks like the opposite of subsurface temperature due to the temperature dependence of O2

solubility. Preformed oxygen is low in the oxygen deficient zones of the Eastern Tropical Pacific and the
Arabian Sea relative to concentrations in high‐latitude surface waters, suggesting that low initial oxygen
due to warm temperatures contributes to the formation of the oxygen deficient zones.

3.2. Property Accumulations

The property accumulations are consistent with principles that have been long understood in oceanography
(Table 1; Figure 4; Figure S1 has zonal integral sections by basins). The deep ocean progresses in age from the
young North Atlantic to the old North Pacific, with accumulation of nitrate, phosphate, silicate, and poten-
tial alkalinity, and reduction of O2 along this path. There is a strong maximum in remineralized phosphate
and nitrate and utilized O2 near 1,000 m depth—particularly in the North Pacific—and in the shallow sub-
surface (i.e., at 200 m) in the oxygen deficient zones near the equatorial upwelling zones (Figures 4a, 4e, and
4i; within ±20°N of the equator, and wider on the eastern edges). These maxima occur shallower than the
oldest (i.e., least‐recently ventilated) waters because sinking organic matter remineralization rates are
higher shallower in the water column (e.g., Martin et al., 1987). This subsurface maximum is deeper for
potential alkalinity than for N (Figures 4f and 4g vs. 4r and 4s) because the deep ocean is more

Figure 3. Global maps split at 20°E of preformed property concentrations estimated along the (first column) 200 m, (second column) 1,000 m, (third column)
2,500 m, and (fourth column) 4,000 m depth surfaces for (top row) phosphate, (second row) total nitrate and nitrite, (third row) dissolved oxygen molecule
or O2, (fourth row) silicate, and (bottom row) potential total alkalinity. Gyre structures are most visible near the surface, whereas basin‐to‐basin differences are
more pronounced at depth. Gray areas are either land or regions where the deepest mixed layers are deeper than the depth surface. All units are μmol kg−1.
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chemically corrosive for carbonate minerals than is the shallow ocean (Carter, Toggweiler, et al., 2014;
Ingle, 1975; Jiang et al., 2015) and, potentially, because carbonate minerals sink more efficiently or are
remineralized/dissolved less efficiently than organic matter (Francois et al., 2002; Klaas & Archer, 2002).
Silicate has an even deeper maximum accumulation (Figure 4p). This reflects its deeper remineralization
profile than organic matter (e.g., Holzer et al., 2014) and the consumption of silicate by diatoms at high
latitudes (Dunne et al., 2007; Henson et al., 2012; Honjo et al., 2008), which removes the majority of the
surface ocean silicate near where it upwells in the polar and subpolar latitudes, before it can become
entrained into the mode and intermediate waters that dominate the subtropical subsurface and
intermediate ocean depths. Upwelling from these water masses supplies nutrients to the subtropical
surface ocean (Sarmiento et al., 2004), and the low concentrations of upwelling Si leads to a low
subtropical surface export of Si to the subtropical gyre thermocline water masses, and thus low ΔSi. Total
nutrient and potential alkalinity accumulations and net oxygen consumptions increase from the Atlantic

Table 1
Net Property Accumulations by Ocean Regions

P N O2 Si pTA

Global 1.02 (±0.18) 14.4 (±2.8) −143 (±15) 96 (±20) 90.0 (±9.4)
Atlantic and Arctic (north of 40°S) 0.12 (±0.02) 1.8 (±0.3) −15 (±1) 6 (±2) 8.0 (±0.5)
Pacific (40°S to 67°N) 0.59 (±0.1) 8.3 (±1.5) −85 (±8) 56 (±10) 55.0 (±5.6)
Indian (north of 40°S) 0.17 (±0.03) 2.4 (±0.5) −22 (±2) 15 (±3) 15.0 (±1.5)
Southern (south of 40°S) 0.14 (±0.04) 1.9 (±0.6) −21 (±4) 19 (±6) 12.0 (±2.5)

Note. Uncertainties are estimated at ±1σ. Units are Pmol.

Figure 4. As in Figure 3 but showing accumulations, or the observed concentrations in excess of preformed concentrations.
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through the Indian and into the Pacific Ocean (Figure 4) reflecting continued remineralization of organic
matter and dissolution of carbonate minerals as water flows along the deep ocean thermohaline
circulation pathways, as well as the large volume of the Pacific Ocean (Table 1).

3.3. Remineralization Ratios

The remineralization ratios implied by the total quantities of property accumulations are (estimates ±1σ)
[1 P]: [14.1 ± 0.6 N]: [−141 ± 12 O2]: [95 ± 25 Si]: [89 ± 9 TA]. The average Si:P and pTA:P ratios increase
with depth due to the deeper remineralization of CaCO3 and biogenic Si relative to soft tissues (Figure 5).

Like Anderson and Sarmiento (1994) and DeVries et al. (2013), we find a N:P accumulation ratio that is
below the traditional 16:1 “Redfield ratio,” reflecting the impact of net denitrification in the subsurface
ocean. Those earlier studies and ours also find that the N:P regeneration ratio reaches a minimum at depth
(Figure 5a), although this minimum is extended shallower in themodel of DeVries et al. (2013). Importantly,
these earlier studies found regenerated N:P ratios of ~12:1 at their minimum, whereas we find aminimumN:
P regeneration ratio of ~14:1. Our findings are similar whether using regression‐based or interpolation‐based
estimates (Figure S4) and whether examining relative accumulations against depth (Figure 5) or regressing
accumulations along isopycnal surfaces (not shown) as was done in both earlier studies. This finding appears
to suggest smaller denitrification rates than are found by previous studies based on N deficits relative to
expectations from P distributions (e.g., DeVries et al., 2013) but more likely reflects that the N:P ratio of fresh
organic matter is >16:1 in low latitudes where denitrification is predominant.

The N* tracer measures the difference between the observed N:P ratio and 16:1 to estimate the impacts of
denitrification (Deutsch et al., 2001; Gruber & Sarmiento, 1997). As with other tracers, we can consider
the difference between the observed and preformed N* value, which represents the apparent accumulation
of this tracer since water mass formation as ΔN* (Figures 6a–6d):

N*−N*0 ¼ N − N0 − 16 P − P0
� �

≡ ΔN*: (4)

The observation of positive ΔN* at 200 m across the low‐latitude Atlantic (Figure 6a; ±20°N) implies remi-
neralization of organic matter with a >16:1 N:P ratio in this region specifically. High regional N:P ratios
for organic matter remineralization are probably due in part to high rates of nitrogen fixation, particularly
in the low‐latitude Atlantic Ocean (Luo et al., 2014; Sohm et al., 2011; Wang et al., 2019). Variability in
N:P ratios of organic matter remineralization could also reflect the N:P requirements of different

Figure 5. Mean relative accumulations (i.e., remineralization ratios) plotted against depth. The 0–100 m depth range is omitted from these calculations, along
with regions with accumulations of phosphate less than 0.01 μmol kg−1 or oxygen accumulations less than 20 μmol kg−1. The thick solid blue line reflects
values returned using the OCIM circulation (with the blue patches reflecting ±1 standard uncertainties), while the thin orange and red lines are appropriate for
Khatiwala (2007)'s transport matrix and the 2010 Total Matrix Intercomparison solution, respectively. The dotted blue lines in (a) and (b) are OCIM results
omitting data from grid cells with <50 μmol kg₋1 O2 (i.e., limiting the influence of pelagic anerobic remineralization).
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phytoplankton assemblages, with large plankton such as diatoms that dominate the nutrient‐rich high
latitudes generally having lower N:P ratios (~10:1) than picoplankton that dominate the nutrient‐poor
low latitudes (~30:1) (Galbraith & Martiny, 2015; Klausmeler et al., 2004; Martiny et al., 2013; Weber &
Deutsch, 2010). These variations are visible most clearly at 200 m depth, with the Southern Ocean
having lower (negative or near‐zero) ΔN*, reflecting the remineralization of organic matter with low
N:P, and the subtropics and low‐latitude Atlantic having high ΔN*, reflecting the remineralization of
organic matter with high N:P either due to surface nitrogen fixation or preferential phosphate
remineralization (Yoshikawa et al., 2013) at depths shallow enough to be included in our calculations
as “preformed.” Intensely negative ΔN* in the Arabian Sea, the Eastern Tropical North Pacific, and the
Peru (a.k.a. Humboldt), current reflects the influence of water‐column denitrification (Figure 6a). At
depths >200 m, the influence of stoichiometric variability is mostly obscured by the basin‐scale patterns
of nitrogen fixation and denitrification, with net denitrification in the Pacific and Indian Oceans imparting
a negative ΔN* signal in these basins (Figure 6).

The general trend toward more negative ΔN* with depth (Figure 6) also reflects the influence of
denitrification, primarily benthic denitrification in the deep ocean (Anderson & Sarmiento, 1994;
DeVries et al., 2013). However, regional variations in export ratios of organic matter could imprint on
the depth variability of ΔN* and accumulation ratios (Figure 5a). Shallower waters preferentially
accumulate the remineralization products of the low‐latitude oceans where N:P ratios are highest, since
the warmer subsurface waters are beneath the tropics and subtropics and induce shallow remineralization
(DeVries & Weber, 2017; Weber et al., 2016). By contrast, the deep ocean accumulates the remineraliza-
tion byproducts of lower N:P, higher Si:P high‐latitude export that is remineralized deeper (Weber et al.,
2016) and along isopycnals that connect the shallower portions of the high‐latitude water columns with
the deep ocean (Jenkins, 1987; Martin et al., 1987; Sonnerup et al., 2015). This provides an explanation
for the net N:P ratio appearing highest over the ~200–700 m depth range dominated by the subtropical
thermoclines where the impacts of water column denitrification—which is between a quarter and half
of total denitrification—is near a maximum (Figure 5a). Variability in the N:P ratio of surface export
implies additional constraints are required beyond ΔN and ΔP for a mass balance calculation of
denitrification and nitrogen fixation impacts, though we suggest our data product could be used alongside
independent information about nitrogen cycling, such as N2/Ar measurements or isotopic constraints, for
such a calculation in future work.

TheN*0 (Figures 6e–6h), or preformedN* shows howmuch of theN* signal is inherited from the initial con-
ditions of water masses, and thus how large errors would be for estimates that interpret N*, rather than ΔN*,
as a signal accumulated since water mass formation. Broadly, it seems N* would overestimate N deficits in
the areas of strong denitrification in the eastern Pacific and the Subpolar North Pacific (north of 40°N), as
well as the Indian Ocean to a lesser degree, while underestimating these deficits across the North Atlantic
(north of 10°N, with this boundary moving southward with depth) and in the western portions of the sub-
tropical North Pacific Gyre (between 10°N and 30°N and west of 150°W). This demonstrates the advantage
of removing the preformed signal from the N* field, as we have done with the ΔN* tracer.

Figure 6. Maps on four depth surfaces of the change in the ΔN* property relative to the preformed values. Blue areas indicate removal of N relative to P due to net
denitrification or to remineralization of organic matter with a N:P ratio <16:1. Red areas indicate addition of N relative to P due to remineralization of
organic matter with an N:P ratio >16:1, predominantly due to nitrogen fixation in surface waters that creates organic matter with elevated N:P.
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The ‐O2:P ratio we determine (−141 ± 12) is significantly smaller than the ratios derived by Anderson and
Sarmiento (1994) and Takahashi et al. (1985)'s analyses along isoneutral/isopycnal surfaces, but closer to
the ratios found by early analyses (Redfield et al., 1963), and more recent studies using global nutrient dis-
tributions (DeVries & Deutsch, 2014) and observations of the biochemical composition of marine organic
matter (Anderson, 1995; Emerson & Hedges, 2008). Early isopycnal analyses may have arrived at a too‐high
value for the ‐O2:P ratio by neglecting dianeutral diffusion, as demonstrated by later studies (Carter, Talley,
et al., 2014; Li & Peng, 2002).

3.4. Accumulated Oxygen Deficit Versus AOU

The accumulated oxygen deficit (i.e., ΔO2) has a different interpretation and distribution than AOU. The lat-
ter considers O2 consumption or loss since seawater was last fully equilibrated with respect to atmospheric
oxygen, while the former considers the O2 consumption since seawater last left contact with the surface
mixed layer. The difference between these definitions (Figure 7) is significant for water masses in the
Southern Ocean and in the western North Pacific. These water masses are dominated by mixtures between
surface waters with interior ocean waters that have already experienced significant biological oxygen con-
sumption (as discussed in section 3.1). It is known that AOU could be an overestimate for initial water mass
oxygen saturation (Duteil et al., 2013; Ito et al., 2004). Our methodology suggests that AOU could overesti-
mate oxygen consumption by amounts varying from 0 μmol kg−1 in subtropical gyre thermoclines to as
much as 100 μmol kg−1 O2 across the Southern Ocean (south of 60°S), and by ~30–100 μmol/kg in the deep
ocean. These results support the model‐based findings of Ito et al. (2004) and Duteil et al. (2012) and the
observational‐based estimates of Duteil et al. (2013). In summary, we find that 143 (±15) Pmol O2 is con-
sumed in the ocean following water mass formation, which is 73 Pmol (i.e., 34%) less than implied by
AOU. This difference is similar to Duteil et al.'s (2013) estimate of a 25% overestimation with AOU
inventories.

3.5. Sequestered Carbon and Carbonate Cycling

The overall property accumulations can be related to the strengths of the “hard” carbonate mineral and
“soft” organic matter biological carbon pumps (we do not distinguish here between particulate and dissolved
organic matter): Assuming a ‐O2:C ratio of 1.4 (from, e.g., Anderson, 1995) for the soft tissue pump, our esti-
mates imply a total of 1,230 (±140) PgC worth of C is stored through aerobic organic matter remineralization
among the various interior ocean water masses. (PgC =GtC = 1015 g and only reflects the mass of the carbon
atoms in carbon dioxide and carbonate ions and minerals.) These estimates are within uncertainties of the
values obtained when scaling the 14.4 (±2.8) Pmol N accumulation with a C:N ratio of 6.6 to estimate a total
storage of 1,150 (±220) PgC. Similarly, P accumulation with a C:P ratio of 106 implies a total storage of 1,300
(± 230) PgC. The ‐O2:C ratio is more tightly constrained than the C:P ratio and might provide the best esti-
mate. However, given that some nitrate is lost to denitrification, which oxidizes organic matter without con-
suming oxygen, it is not surprising that our estimate based on P is the largest of the three and that the nitrate
based estimate is the smallest. The rain ratio of carbon stored as carbonate minerals relative to carbon stored
as organic matter is thought to be small (e.g., 0.06 ± 0.03%; Sarmiento et al., 2002), yet potential TA accumu-
lations suggest that the hard tissue pump stores 540 (±60) PgC, or ~40% of the soft tissue pump. This discre-
pancy is expected because carbonate mineral dissolution occurs deeper in the water column than organic
matter remineralization on average (Figure 4d) and thus in water masses with longer residence times. As
with other properties, the largest fraction of carbonate mineral dissolution byproducts is found in the
Pacific, followed by the Indian and Atlantic Oceans (Table 1).

Figure 7. Maps of the excess in oxygen utilization suggested by AOU compared to estimates from the preformed O2
0‐based “accumulations” of this analysis for a

range of depth surfaces. AOU is summed with ΔO2 for these maps because ΔO2 decreases and AOU increases when O2 is consumed.
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Berelson et al. (2007) use a similar approach for rate estimation to our age‐regression approach described in
Supporting Information S4 (i.e., regressing accumulations against ages), but with different age and alkalinity
accumulation distributions. Our global carbonate mineral dissolution rate of 0.86 (±0.05) PgC yr−1 is smaller
than the 1.4 PgC yr−1 found by Berelson et al. (2007) for the global ocean below 200 m depth but consistent
with their literature‐based range of surface ocean CaCO3 export (0.4 to 1.8 PgC yr−1). Our deep dissolution
rate estimate of 0.49 (±0.04) PgC yr−1 below 1,500 m is slightly larger than their 0.4 PgC yr−1 estimate. Our
estimate agrees closely with their 0.6 PgC yr−1 sediment trap‐based estimate of CaCO3 export across the
2,000m depth surface, after subtracting their estimate of 0.1 PgC yr−1 burial in sediments. Our rate estimates
are smaller for the 200 to 1,500 m depth range where we find 0.33 (±0.03) PgC yr−1 dissolution, and they find
1.0 PgC yr−1. We therefore find deeper and less overall carbonate dissolution than Berelson et al. (2007). We
attribute our slightly higher estimates for deep dissolution primarily to differences in the preformed property
estimation strategy: the TA excesses given by the method used by Berelson et al. (2007)—as articulated by
Feely et al. (2002)—average 0 to 65 μmol kg−1 TA less across the Pacific Ocean than our ΔpTA estimates,
with the differences peaking near 3,000 m depth and being more than 50 μmol kg−1 at all depths below
1,500 m. The lower shallow‐depth estimates we attribute to differences in our age estimation strategy: The
CFC‐11 dating technique used by Berelson et al. (2007) for this depth range can be biased by mixing toward
younger age estimates in older waters (Mecking, 2004; Sonnerup, 2001) and also cannot return age estimates
that are older than the beginning of the period of strong atmospheric CFC‐11 growth in the ~1960s
(e.g., Sonnerup et al., 2015). Thus, the CFC‐11 ages for the 26.65 kgm−3 σθ potential density anomaly surface
were never greater than 30 yr for the 1990's WOCE data used by Feely et al. (2002). By contrast, our age esti-
mates for the 26.6 to 26.7 kg m−3 σθ density anomaly average 130 (±80 standard deviation) yr, so our poten-
tial alkalinity excesses are estimated to accumulate over a much longer time interval. Like Berelson
et al.'s (2007) estimates, our accumulation estimates reflect net dissolution and therefore do not include
benthic calcification—which may be significant (e.g., Lebrato et al., 2010)—except as a net loss when preci-
pitated benthic carbonate minerals are buried.

Some scientific discussion has focused on whether open ocean carbonate mineral dissolution is dominated
by thermodynamically favored dissolution in undersaturated depths and regions of the ocean or whether
dissolution in supersaturated regions (possibly in undersaturated microenvironments such as zooplankton
guts) represents a meaningful fraction of the overall dissolution (e.g., Berelson et al., 2007; Feely et al., 2002;
Milliman et al., 1999; Schiebel, 2002). We find that only 4% (±1%) of the byproducts of dissolution that accu-
mulated since water mass formation reside within portions of the ocean that are supersaturated with respect
to aragonite (ΩA > 1) while almost half (46% ± 5%) are found in calcite‐supersaturated seawater (ΩC > 1).
Dissolution rate estimates for these three saturation regimes (ΩA > 1, ΩC > 1, and ΩC < 1) indicate faster
dissolution in supersaturated waters, but the differences are only barely significant given the uncertainties
(which are potentially underestimated; see Supporting Information S4): the net rates are 0.12 (±0.02), 0.12
(±0.01), and 0.09 (±0.01) μmol pTA kg−1 yr−1 for ΩA > 1, ΩC > 1, and ΩC < 1, respectively. It is clear that
large differences in overall accumulation are primarily a consequence of differences in the volumes and the
mean ages of the reservoirs with the much larger deeper accumulation reflecting a much larger water
volume and older age. These values do not include dissolution occurring within mixed layers or in portions
of the water column shallower than 100 m and therefore may be underestimated, particularly for the arago-
nite saturation‐specific estimate because the aragonite saturation horizon is near 100 m throughmuch of the
North Pacific. Overall, this discussion suggests that although carbonate mineral dissolution in supersatu-
rated environments may have been previously overestimated (Carter, Talley, et al., 2014; Friis et al., 2006,
2007), there are nevertheless carbonate mineral dissolution byproducts found (and likely accumulating)
above the aragonite saturation horizon.

4. Conclusions

We presented preformed property distributions estimated using recent circulation and ventilation pathway
reconstructions with several recently developed (and three new) empirical property estimation algorithms.
We showed how global ocean preformed property distributions arise as combinations of four broad classes of
interior ocean water masses (NADW, AABW, intermediate and mode waters, and shallow subtropical ther-
mocline waters).
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We explored variability in observed macronutrient and oxygen distributions, estimating net regeneration
ratios of [1 P]: [14.1 ± 0.6 N]: [−141 ± 12 O2]: [95 ± 25 Si]: [89 ± 9 TA]. We provided evidence that organic
matter N:P remineralization ratios greater than 16:1 occur in the Atlantic Ocean. In light of recent findings
of regional N:P ratio variability, we also argue that high‐latitude export of silicate and phosphate‐rich
organic matter could be an additional control for variability of apparent macronutrient accumulation ratios
with depth (beyond a well‐studied impact from denitrification). Our N budget is underconstrained when
allowing for flexible N:P of surface export, so we suggest further research combining independent denitrifi-
cation constraints with our preformed macronutrient distributions could be used to close the budget for
nitrogen cycling. We found that AOU overestimates oxygen utilization since water mass formation by
~34%, confirming previous analyses that showed that AOU overestimates oxygen consumption due to O2

undersaturation during water mass subduction and oxygen loss due to mixing and organic matter
remineralization.

We estimated accumulation rates of CaCO3 and confirmed the results of earlier studies, suggesting that,
although there is a significant accumulated alkalinity from dissolution of CaCO3 above both the aragonite
and calcite saturation horizons, this dissolution may have been overestimated by previous studies: We
find that only 4% (±1%) and 46% (±5%) of the byproducts of carbonate mineral dissolution are found above
the aragonite and calcite saturation horizons, respectively. Our best estimates of regional dissolution rates
imply that the dissolution rate is fairly uniform across depths, but we caution (in section 2.4 and
Supporting Information S4) that considerable—and poorly quantified—uncertainties remain for these
alkalinity‐excess‐based rate estimates due to potential methodological biases. Our analysis suggests that
the ocean sequesters ~540 (±60) PgC worth of carbon as dissolved carbonate minerals, compared to the
1,230 (±230) PgC as organic matter respired by bacteria and animals implied by oxygen deficits.
Calculations based on AOU rather than O2 would overestimate organic matter respiration in the interior
ocean by ~33%, due to O2 consumption that occurs prior to water mass formation.

While our preformed property estimates are improvements over earlier estimates, there remain considerable
uncertainties (that are separately estimated in the supporting information and presented alongside the pre-
formed property estimates). We anticipate that further development of property estimation algorithms and
interior ocean mixing pathway reconstructions could improve the preformed property fields. In particular,
the large quantities of data being produced by the nascent biogeochemical Argo array (e.g., Johnson &
Claustre, 2016) will alleviate the large seasonal biases in our observations of biogeochemical properties,
which will help to generate better‐constrained data assimilated model products and empirical regression
property estimation algorithms.

Data Availability Statement

The preformed property estimates are archived via Zenodo (under https://doi.org/10.5281/zenodo.3745002).
External data sets for this research are published by Holte et al. (2017), Lauvset et al. (2016), and Olsen
et al. (2016).
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