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Abstract Stratification of the upper few meters of the ocean limits the penetration depth of wind mixing
and the vertical distribution of atmospheric fluxes. Significant density stratification at depths ≤ 5 m was
observed in 38% of a 2-month data set from the central Indian Ocean collected during the DYNAMO
experiment (Dynamics of the MJO, Madden-Julian Oscillation). Diurnal warm layers (DWLs) formed by solar
heating populated 30% of the data set and rain layers (RLs) populated 16%. Combined contributions from
rain and insolation formed RL-DWLs in 9% of the data set. RLs were detected at values of U10 up to 9.8 m s�1,
while DWLs were only detected at U10 < 7.6 m s�1 (99th percentile values), symptomatic of the greater
buoyancy flux provided by moderate to high rain rate compared to insolation. From the ocean friction
velocity, u*w, and surface buoyancy flux, B, we derived estimates of bhS, stable layer depth, and bUS, the
maximum U10 for which stratification should persist at bhS for fixed B. These estimates predicted (1) 36 out of
44 observed stratification events (88% success rate) and (2) the wind limits of these events, which are
considered to be the 99th percentile values of U10). This suggests a means to determine the presence of
ocean stable layers at depths ≤ 5 m from U10 and B. Near-surface stratification varied throughout two
Madden-Julian Oscillation (MJO) cycles. In suppressedMJO periods, (U10 ≤ 8m s�1 with strong insolation), RLs
and RL-DWLs were rare while DWLs occurred daily. During disturbed and active MJO periods, (U10 ≤ 8 m s�1

with increased rain and cloudiness), multiple RLs and RL-DWLs formed per day and DWLs became less
common. When westerly wind bursts occurred, (U10 = 7–17 m s�1 with steady rain), RLs formed infrequently
and DWLs were not detected.

Plain Language Summary We found that rainfall and clear skies often led to stabilization of the
upper 5 m of the central Indian Ocean, except during strong winds. Near-surface stable layers impact the
density and mixing of the ocean because rain water and near-surface water heated by the Sun are lighter
than typical ocean water, which is relatively cooler and saltier. Stable layers are important to understand
because they influence sea surface temperature and ocean heat content, which impact weather and climate.
Compared to previous studies, wemore precisely determined the wind speed belowwhich stable layers form
and above which they do not. This will hopefully aid researchers and forecasters tasked with predicting
tropical weather, climate, and ocean processes. Prior to this study, it was unclear how often ocean stable
layers formed during each phase of the Madden-Julian Oscillation (MJO), a major tropical phenomenon that
impacts weather and climate around the world. We found that rain layers (and their combinations with
diurnal warm layers) occurred most often during disturbed and active MJO periods prior to wind bursts.
Diurnal warm layers tended to form in earlier stages of the MJO, in its suppressed and disturbed periods.

1. Background and Motivation

Near-surface ocean stabilization can be achieved by either heat or freshwater inputs, which suppress subsur-
face mixing and confine subsequent surface inputs of heat, momentum, and freshwater to a shallow near-
surface layer (Anderson et al., 1996; Asher et al., 2014; Drushka et al., 2016; Fairall, Bradley, Godfrey, et al.,
1996; Fairall et al., 1997, 2006; Miller, 1976; Price, 1979; Smyth et al., 1996a, 1996b; Soloviev & Lukas, 1996;
Soloviev & Vershinsky, 1982; Wijesekera & Gregg, 1996; Wijesekera et al., 1999; You, 1995). Near-surface
stable layers can in turn impact sea surface temperature and salinity (SST and SSS). Thermal stratification
produces diurnal warm layers (DWLs), and freshwater stratification produces rain layers (RLs). RLs occur often
in tropical oceans where precipitation is high and wind speeds are relatively low (Drushka et al., 2016; Lukas &
Lindstrom, 1991). However, the wind limits on RLs and the prevalence of RLs throughout the life cycle of the
Madden-Julian Oscillation (MJO) are unreported. On 30- to 60-day time scales, the MJO explains the majority
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of variance in tropical net heat flux, wind, SST, and rainfall (de Szoeke et al., 2014; DeMott et al., 2015;
Lau & Waliser, 2005; Zhang, 2005). In contrast to RLs, numerous previous studies report on DWL persistence
and DWL occurrence relative to MJO phase (Asher et al., 2014; Bellenger & Duvel, 2009; Kawai & Wada, 2007;
Matthews et al., 2014; Price et al., 1986; Soloviev & Lukas, 2006; Webster et al., 1996). DWLs form in response to
absorption of shortwave solar radiation within the upper few meters of the ocean. They have been observed
when the 10-m level reference wind speed corrected for neutrally buoyant conditions, U10, ≤7 m s�1.
The suppressed MJO period is characterized by conditions of strong solar insolation and low wind speed,
so DWLs are frequently observed to form during this time. Unlike DWLs, the degree to which RLs and
RL-DWL combinations can withstand turbulent mixing by wind, and their resulting occurrence throughout
the MJO, remains unclear (Brainerd & Gregg, 1995, 1997; Lombardo & Gregg, 1989; Price et al., 1986).

Understanding the role of wind-forced mixing in the formation and evolution of RLs, DWLs, and RL-DWL
combinations is important for predicting SST. When DWLs and RLs are present, surface inputs of momentum,
heat, and freshwater are confined to shallow near-surface layers. Daytime SST anomalies in DWLs can reach at
least 4 °C according to previous studies (Bellenger & Duvel, 2009; DeMott et al., 2015; Drushka et al., 2012;
Fairall, Bradley, Godfrey, et al., 1996; Lau & Waliser, 2005; Matthews et al., 2014; Reverdin et al., 2012; Seo
et al., 2014; Soloviev & Lukas 1997; Soloviev & Lukas, 2006; Ward 2006; Wijesekera et al., 1999; Woolnough
et al., 2000). In comparison, the intraseasonal variation in daily-mean SST is typically only 1 °C (Demott et al.,
2015; Lau & Waliser, 2005).

The demonstrated impact of stable layers on SST is relevant to air-sea interaction and atmospheric convection.
SST impacts the latent, sensible, and radiative heat fluxes and the buoyancy flux into the atmosphere. These
fluxes affect atmospheric boundary layer circulation by generating buoyant convectivemotion and subsequent
air-pressure adjustments (Back & Bretherton, 2009a, 2009b; Bellenger et al., 2010; Clayson & Bogdanoff, 2013;
Costa et al., 2001; de Szoeke et al., 2014; Fairall, Bradley, Godfrey, et al., 1996; Johnson & Ciesielski, 2017;
Lindzen & Nigam, 1987; Ruppert & Johnson, 2015, 2016; Seo et al., 2014; Soloviev & Lukas, 1997; Woolnough
et al., 2000, 2001). Lateral SST gradients also lead to the initiation and invigoration of precipitation due to air-
pressure adjustments and low-level horizontal convergence (Carbone & Li, 2015; Li & Carbone, 2012).

Due to the impact of SST on atmospheric convection, both free-running and hindcast general circulation
models produce improved MJO simulations when air-sea coupling is included in more detail, for example,
with hourly-averaged surface heat fluxes using a one- or three- dimensional ocean model (Bernie et al.,
2005, 2007, 2008; Chen et al., 2015; DeMott et al., 2014, 2015, 2016; Klingaman et al., 2011; Klingaman &
Woolnough, 2014; Seo et al., 2014; Stan et al., 2010, and references therein). Improved MJO fidelity in general
circulation models improves accuracy in predicting global weather and climate (Hung et al., 2013; Lin et al.,
2006; Zhang, 2013).

Parameterizations of ocean surface stratification by rain and diurnal warming are necessary in coupledmodels
concernedwith accurate prediction of SSS and SST. DWL parameterizations and 1-D oceanmixingmodels can
reproduce observations of ocean thermohaline structure when horizontal advection, underlying barrier
layers, and other vertical processes are not dominant factors (Fairall, Bradley, Godfrey, et al., 1996; Fairall,
Bradley, Rogers, et al., 1996; Price et al., 1986). For example, the Rain ImpactModel (RIM) provides amacroscale
(i.e., 100 km) parameterization of rain’s impact on the ocean. However, RIM still requires testing with finer-
scale observations of in situ U10 and rain rate, R (Santos-Garcia et al., 2014) and so far does not include DWLs.

Despite the importance of stably stratified surface layers in controlling SST, near-surface ocean stratification is
not routinely observed. Owing to their shallow depth (typically less than a fewmeters), DWLs and RLs are not
detected bymoorings without sensors in the upper 2 m (Prytherch et al., 2013). Similarly, Argo floats, expend-
able bathythermograph, and many ship-based measurements often do not provide data within the first few
meters of the ocean surface and provide limited temporal and spatial coverage (Anderson & Riser, 2014;
Asher et al., 2014; Chi et al., 2014). Therefore, mixed layer depth climatologies developed using these data
describe the regional, monthly, nighttime, or daily-mean mixed layer depth, which is typically 10–30 m in
the central Indian Ocean and varies by ±15 m throughout an MJO cycle (de Boyer Montegut et al., 2004,
DeMott et al., 2015; Drushka et al., 2012; Holte et al., 2017; Schmidtko et al., 2013). Climatologies developed
using Argo data focus on mixed layer depth variability over time scales on the order of 1 to 2 days since Argo
data do not sample fast enough nor with sufficient vertical resolution near the sea surface to resolve diurnal
or subdiurnal processes in the upper 10 m.
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Both Argo profiles and satellite overpasses are too infrequent relative to rain events to characterize the occur-
rence rate of RLs and RL-DWLs or to determine their sensitivity to U10. To some extent, the presence of RLs
and DWLs can be detected by comparing the uppermost Argo or mooring measurements of S and T with
satellite-derived SSS or SST (Anderson & Riser, 2014; Boutin et al., 2013; Drushka et al., 2016; Kawai & Wada,
2007). However, scatterometer- and radiometer-based measurements of U10, SSS, and SST are contaminated
by precipitation and their 25- to 100-km scale footprints can also be too coarse spatially and temporally (e.g.,
updating only a few times per day) to resolve the atmospheric mesoscale footprint of rain (Kilpatrick & Xie,
2015, 2016; Kummerow et al., 1998).

Ship observations have detected stable near-surface salinity gradients generated by rain for a range of rain
rates so long as U10 < 9.5 m s�1 (Anderson et al., 1996; Asher et al., 2014; Cronin & McPhaden, 1999;
Smyth et al., 1996a, 1996b; Soloviev & Lukas 1997; Wijesekera & Gregg, 1996; Wijesekera et al., 1999; You,
1995). In contrast, observations during tropical storms (U10 ≥ 18 m s�1) and hurricanes (U10 ≥ 33 m s�1) do
not show the presence of stably stratified RLs (D’Asaro et al., 2014; Jourdain et al., 2013). From these previous
studies, it remains unclear whether 9.5 m s�1 represents the upper limit of U10 at which a RL can form, and if
indeed this value is an upper limit, why that should be the case. According to these previous studies based on
field measurements, understanding the formation and evolution of RLs, including the effect of wind speed on
their lifetime, is complicated by several factors:

1. in addition to local rain, freshwater from nearby rain can be advected by the current into ocean sensors;
2. RLs spread and propagate laterally like density currents (Soloviev et al., 2015); and
3. RL creation and longevity depend on upper ocean turbulence and mixing driven by wind and waves.

These factors explain why RL observations are not always highly correlated to their generating rain events and
why RL detection is not guaranteed from every rain event even if near-surface salinitymeasurements are avail-
able, as noted by You (1995). Observations (Asher et al., 2014) andmodel results (Drushka et al., 2016) suggest
that shallow, stable near-surface vertical salinity gradients generated by rain form primarily when the rain rate,
R, ≥ 5 mm h�1. For tropical ocean conditions, the buoyancy produced by R = 5 mm h�1 is equal and opposite
to the buoyancy destroyed by a surface cooling on the order of QNet = 400 W m�2 (demonstrated in
Appendix A, also see Dorrestein, 1979). Additional turbulencemay also be provided bywind, waves, or subsur-
face shear. Thus, when R< 5 mm h�1, the freshwater from rain tends to be mixed into the water column by a
combination of surface cooling and turbulent mixing so that a stratified surface fresh layer does not form.
Miller (1976) also modeled RLs, noting that initializing light rain rates with strong winds (45 mm accumulation
over 15 hr while U10 = 10 m s�1) resulted in the formation of a mixed layer that was 38-m deep with no
detectable SSS or SST change. This showed that the rain was mixed downward and formed a homogeneous
layer. When high rain rates were modeled with low wind speeds (45 mm accumulation over 4 hr while
U10 = 5 m s�1), a RL formed at 0.76-m depth and the greatest changes in SST and SSS were observed.

Our current understanding of RLs motivates the following questions:

1. What is the maximum U10 under which a RL or RL-DWL can form and persist?
2. Is this upper limit of U10 a function of R?
3. How often do RLs and RL-DWL combinations occur throughout the suppressed, disturbed, active, and

westerly wind burst (WWB) periods of the MJO?

The ocean surface buoyancy flux and the turbulent kinetic energy (TKE) input to the ocean provided by wind
are both functions of MJO phase (e.g., Moum et al., 2014; Zhang, 2005). This should impact the formation
and persistence of surface stratification throughout the MJO life cycle. The penetration depth of wind
mixing into the ocean is determined by a balance between stabilizing buoyancy forces and TKE production
as given by Monin-Obukhov theory (Brainerd & Gregg, 1995, 1997; Lombardo & Gregg, 1989; Price et al.,
1986). This theory suggests that a near-surface stable layer can persist during high wind speeds, provided
the stabilizing buoyancy flux is large enough. If this hypothesis is true, then RL and RL-DWL formation
should be most likely in disturbed and active MJO periods when high rain rates occur, even though surface
wind speed may be great at times (e.g., de Szoeke et al., 2014, 2017; Zhang, 2005). In the western Pacific
warm pool, RL formation was observed during a WWB with prolonged rain and U10 = 9.5 m s�1

(Wijesekera et al., 1999). This indicates that RL formation is possible during WWBs despite strong winds.
In contrast to RLs, DWLs have typically only been observed during the suppressed phase of the MJO and
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when U10 ≤ 6–7 m s�1 (Bellenger & Duvel 2009; Matthews et al., 2014; Webster et al., 1996). As will be shown
in this study, the buoyancy created by rain is typically an order of magnitude greater than that due to peak
net surface heating. Therefore, it stands to reason that RLs should form and persist at higher U10 than DWLs,
and RLs should also occur in disturbed and active stages of the MJO, after the suppressed MJO period that is
characterized by frequent DWLs.

This study makes use of ship-based surface observations, including measurements of air-sea fluxes, radar-
observed rain, and in situ vertical profiles of ocean salinity and temperature. These data are used to better
understand how wind stress interacts with the buoyancy flux in the formation and evolution of DWLs, RLs,
and RL-DWLs observed throughout the MJO life cycle. The data used were collected in the central Indian
Ocean throughout the two MJO cycles observed during the 2011 Dynamics of the MJO (DYNAMO) experi-
ment (Johnson & Ciesielski, 2013; Moum et al., 2014; Yoneyama et al., 2013). A method is developed for iden-
tifying the presence of a near-surface ocean stable layer. This method is used to track ocean stratification
from the combined effects of diurnal warming and rain and to explore the sensitivity of stable layer formation
and persistence to U10. Observations are compared to estimates of stable layer depth and stable layer wind
limits that were derived from Monin-Obukhov similarity theory.

2. Observations and Analysis Methods
2.1. Field Program and MJO Time Periods

Here we examine 42 days of DYNAMO observations made from the research vessel (R/V) Roger Revelle at 0°N
and 80.5°E (Johnson & Ciesielski, 2013, Moum et al., 2014, Yoneyama et al., 2013). We examined times when
precipitation radar, upper ocean, and surface data were all available: from 5 October to 28 October and 12
November to 29 November 2011. These two time periods are separated by a 15-day restaffing, refueling,
and transit period.

Four time periods of the MJO were identified for this study region using the Real-time Multivariate MJO
(RMM) index (Table 1, http://monitor.cicsnc.org/mjo/curent/rmm/). The RMM index describes MJO conditions
by combining tropical atmospheric measurements of outgoing longwave radiation (i.e., cloudiness) and
zonal winds at 850 and 200 mb (Wheeler & Hendon, 2004). Previous studies have used the RMM index for
guidance in describing the state of the MJO (e.g., Gottschalck et al., 2013; Johnson & Ciesielski, 2013; Lau &
Waliser, 2005; Rowe & Houze, 2015; Xu & Rutledge, 2014, 2015; Zhang, 2005). Phases 4–7 of the RMM index
were not well observed in the central equatorial Indian Ocean during DYNAMO. We concentrate here on four
specific periods, described in terms of atmospheric forcing conditions as suppressed (RMM phases 7 and 8),
disturbed (phase 1), active (phases 2 and 3) and WWB (representing phase 3 when U10 > 7 m s�1 for at least
1 day; westerly wind burst criterion defined by Harrison & Vecchi, 1997). Statistics associated with each of
these four periods are documented in Table 1. These time periods were used by Pujiana et al. (2018). The
42 total observation days in this study are made up of 14, 12, 10, and 6 days in the suppressed, disturbed,
active, and WWB periods (Table 1).

In the central Indian Ocean, the suppressed MJO period is observed during RMM phases 5–8. Excluding the
beginning of phase 5, these days typically have weak winds along with infrequent clouds and rain. DYNAMO
days with upper ocean observations did not coincide with phases 5 and 6, so suppressed MJO days in this
study only spanned phases 7 and 8. In November 2011, phase 7 only lasted three total days and observations
were only collected on the last day; however, observations were collected during all 4 days of phase 8 in this
month. In October 2011, data were collected on all 10 days of phases 7 and 8. The suppressed period in this
study is identical to that defined by Ruppert and Johnson (2015, 2016) and to the undisturbed period used by
Johnson and Ciesielski (2017).

During the disturbed MJO period (RMM phase 1), clouds and precipitation become more frequent, more
intense, and more expansive in terms of area (e.g., Riley et al., 2011; Xu & Rutledge, 2014). The disturbed
period begins on the day when the RMM index first equals 1; this day is regarded as the onset of the MJO
by Ruppert and Johnson (2015, 2016) and Johnson and Ciesielski (2017). These previous studies define a
disturbed period that spans all days following the onset of the MJO, so the beginning of the disturbed period
is the same in these studies and the current study. DYNAMO observations were made on all 12 days of RMM
phase 1 that occurred over both months.
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On active MJO days (RMM phases 2 and 3), rain and clouds persisted throughout a majority of the daytime
and nighttime hours, values of 24-hr rain accumulation and precipitation size reached maximum values,
and stratiform rain contributed greatly to total rain amounts (determined with shipborne radar data by Xu
& Rutledge, 2015). All 10 days of these active MJO conditions were observed during DYNAMO.

According to the definition by Harrison and Vecchi (1997), the WWB time period occurred in the DYNAMO
study region on days when the RMM index was 3–4 and when U10 > 7 m s�1 for more than 1 day. During
this period, rain was widespread, long lasting, and made up of both convective and stratiform components,
(e.g., Moum et al., 2014; Xu & Rutledge, 2015). DYNAMO ocean observations were not collected during phase
4, but 1 and 5 days of WWB conditions in phase 3 were observed in October and November, respectively.

2.2. Surface Meteorology and Air-Sea Fluxes

Near-surface meteorology (air temperature, specific humidity, wind speed, and wind direction at nominally
10 m above the sea surface) and air-sea flux estimates are at ftp://dynamo.dms.uconn.edu/ linked by the
Earth Observing Laboratory field catalog: http://data.eol.ucar.edu/master_list/?project=DYNAMO. Air-sea
fluxes were computed using the COARE (Coupled Ocean-Atmosphere Response Experiment) version 3.5 bulk
aerodynamic algorithm (Fairall et al., 1997, 2003; Fairall, Bradley, Rogers, et al., 1996; Edson et al., 2013, see
complete description for DYNAMO experiment in de Szoeke et al., 2014). These data are available at 1- and
10-min resolution. The 10-min flux and surface data were utilized to match 10-min resolution precipitation
radar data and interpolated ocean data. A 10-min resolution time series of R from the ship was acquired
by resampling the 1-min instantaneous R data from ship gauges without performing any temporal smooth-
ing. The net heat flux, QNet, was defined negative downward into the ocean (heating the ocean) and positive
upward out of the ocean (cooling the ocean).

2.3. Precipitation

Data from the National Aeronautics and Space Administration Tropical Ocean-Global Atmosphere (NASA
TOGA) C-band Doppler radar on the R/V Revelle are also found on the Earth Observing Laboratory field cata-
log (http://data.eol.ucar.edu/master_list/?project=DYNAMO). These were quality controlled to remove
second trip echo and sea clutter and to correct for attenuation (details in Xu & Rutledge, 2014).
Polar-coordinate data were gridded using RadX2Grid, provided by the National Center for Atmospheric
Research (https://www.ral.ucar.edu/projects/titan/docs/radial_formats/radx.html), to a 0.5-km horizontal,
0.75-km vertical Cartesian grid within 25-km range of the ship. Coarser 2-km horizontal resolution gridded
data were also investigated out to the full range of the radar, 150 km, but are not presented herein. Radar
data were at 10-min resolution. The radar’s cone of silence limited the first usable radar data to 2-km range.

Table 1
Meteorological Conditions During Two MJOs Observed During This DYNAMO Data Set

MJO time period

Suppressed
(14 days)

Disturbed
(12 days)

Active
(10 days)

Westerly wind burst
(WWB, 6 days)

Total
(42 days)

RMM index 7a–8 1 2–3a 2–3 when U10 > 7 m s�1 1–8a

Time sampled while Revelle at 80.5°E, 0° 05–14 Oct 14–20% Oct 20%–27@ Oct 27@–28 Oct 05–28 Oct
12–17 Nov 17–21% Nov 21%–24# Nov 24#–27 Nov 12–29 Nov

27–27$ Nov 27$–29 Nov
Max R (mm h�1) 19 65 74 69 74
Mean R (mm h�1) 0.03 0.28 0.51 1.45 0.42
99th percentile value of U10 (m s�1) 7.9 8.1 9.1 15.9 13.1
Mean U10 (m s�1) 4.1 2.7 4.1 9.1 4.3
Median of daytime peak (minimum) QNet (W m�2) �853 �886 �847 �523 �855
Mean of daytime QNet (W m�2) �446 �366 �249 3 �323

Note. MJO conditions at R/V Revelle location (80.5°E, 0°) according to Wheeler and Hendon (2004) RMM index (http://www.bom.gov.au/climate/mjo/graphics/
rmm.74toRealtime.txt). Time periods defined in this study start or end at 00Z except when denoted by superscript # = 08Z; @ = 10Z; $ = 17Z; % = 22Z. Two
WWB pulses occurred during the November active MJO phase. Mean rain rate and wind speed are calculated from Revelle gauge measurements. Sign convention
for net heat flux is negative into the ocean (heating the ocean). Daytime hours were considered to be 7 a.m. to 5 p.m. LST, 1–11 UTC.
aThe DYNAMO time periods in which complete vertical profiles of the ocean were measured at Revelle did not span all phases of the RMM index. Observation days
did not include phases 4, 5, or 6. Observations were also not collected on all days of phases 7 or 3 (see section 2.1 for details)
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Radar reflectivity, Zh, was partitioned into convective and stratiform
rain areas using the algorithm by Yuter and Houze (1998). Then R
was estimated in each area with either a convective or stratiform
equation for R(Zh), which were fitted to account for tropical oceanic
rain variability by Thompson et al. (2015). Separate convective and
stratiform R (Zh) equations help reduce error in R estimation com-
pared to treating the entire Zh field with a single R (Zh) equation fit
to all data (Thompson et al., 2015). More details about these radar
data procedures are in Appendix B.

Radar data were queried to identify times when precipitation existed
upstream of the research ship. The research ship was always directed
westward into the eastward flowing surface current, which was typi-
cally 0.8 m s�1. A rain sector area was defined to extend 9 km from
the ship in the upstream direction, from 235° to 300°, and to extend
4 km away from the ship in all other directions (Figure 1, 104 km2 total
sector area). Sector extensions of 9 and 15 km were tested, which cor-
responded to advective time scales of about 3 hr and 4.5 hr from the
upstream edge of the sector to the ship. Upper ocean evolution
related better to rain within the sector that extended only 9 km
upstream, so this extension distance was chosen for the rest of
this study.

Values of R from the ship radar’s rain sector and from the ship’s gauge
were combined to form a 10-min resolution time series of RMAX, the
maximum R sampled from either the ship gauge or within the radar

sector. Using this time series of RMAX, 68 periods of rain were identified over the course of 42 intensive obser-
vation days. In order to qualify as a new rain event, rain was required to have not occurred for the previous
30min. Rain event classification did not involve aminimum duration threshold, so the shortest rain event was
the same resolution as the data set, 10 min.

2.4. Ocean T and S

SST and bulk near-surface values of temperature, T, and salinity, S, were provided in the flux data set
discussed in section 2.2. SST was measured at roughly 0.05-m depth by a sea snake, a towed thermistor con-
tained within a brass body that was sealed inside a floating Tygon tube (Fairall, Bradley, Godfrey, et al., 1996a).
Bulk T and S were measured by the ship’s thermosalinograph using an intake at 5-m depth at the bow of the
ship. The Chameleon profiler (Moum et al., 1995) was deployed from the stern of the ship and provided ver-
tical profiles of S and T at 7-min intervals with 1-m vertical resolution between 350-m depth and the sea sur-
face depending on waves and swell. Near-surface water was mixed by the ship’s wake, so useful
measurements began at 2- to 3-m depth. Ten thermistors sampling T at least 20 times per minute were also
tethered along a chain at a distance of 5 m away from the starboard bow. The thermistors were unequally
spaced between depths of 1.5 m ≤ z ≤ 7.5 m along the chain (z is the vertical coordinate, z > 0 downward).
The vertical positions of the thermistors varied by approximately 0.5–1.0 m depending on the speed of the
ship, the surface current, and surface gravity waves. These data were interpolated to a 1-m vertical grid.
When the ship was headed into a steady mean eastward surface current, the thermistor chain provided a
record of T measurements undisturbed by the ship’s wake (Moulin et al., 2018). In comparison, Chameleon
profiling from the stern as the ship remained stationary and pointed into the steady eastward current. This
approach yielded vertical profiles of T and S that were disturbed by the ship’s propulsion system over
z< 7 m (the draft of Revelle is 5 m). In order to assemble vertical profiles of T and S that were most represen-
tative of open-ocean conditions, sea snake SST data and thermistor chain T data were used at z < 5 m, ther-
mistor chain and Chameleon T data were averaged at z = 5 m and z = 6 m, and Chameleon T data were used
at z > 7 m. Chameleon profiles provided the shallowest and most temporally continuous set of S measure-
ments, which were used exclusively for S vertical profiles in this study. These vertical profiles of ocean T
and S were resampled to the 10-min interval of radar and flux data sets without performing any temporal
smoothing, meaning that data points closest in time to the 10-min interval were used.

Figure 1. R/V Revelle (0°, 80.5°E, position denoted by center circle) radar reflectiv-
ity (Zh) with outline of rain sector area (thick black line). The sector extends 9 km
from Revelle in the upstream direction and extends 4 km from Revelle in all
other directions. The upstream extension of the sector accounts for surface
advection of rain water within approximately the last 3 hr by the mean 0.8 m s�1

eastward current that existed during these cruises.
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2.5. Ocean Stability

Vertical T and S gradients were used to calculate N2, the Brünt-Vaisala frequency. The value of N is a measure
of static stability and relates to the natural frequency of internal gravity waves:

N2 ¼ g
σ
dσ
dz

(1)

where σ is the sea water potential density. The value of N2 is positive for a statically stable layer of water and
negative for unstable conditions that are prone to convective overturning and vertical mixing. The linear
approximation of the equation of state of seawater leads to an N2 expression that can be scaled by the indi-
vidual effects of S and T on σ:

N2 ≅ N2
SþT ≅ N2

T þ N2
S (2)

N2
T ¼ gα

dT
dz

(3)

N2
S ¼ gβ

dS
dz

(4)

where α (°C�1) is the thermal expansion coefficient of seawater:

α ¼ �1
σ

∂σ
∂T

(5)

and β (PSU�1) is the salt contraction coefficient of seawater:

β ¼ 1
σ
∂σ
∂S

(6)

Signs in (5) and (6) reflect that density increases as water becomes colder and saltier, such that (3) and
(4) describe how the water column becomes more stable when a lighter fluid sits atop a denser fluid.
The α and β coefficients were calculated using the Gibbs-SeaWater Oceanographic Toolbox (McDougall
& Barker, 2011) for each time and depth pair of S and T measurements during DYNAMO. Then, N2

S

and N2
T were calculated between each vertical level at each time interval using estimated α and β and

the measured vertical S and T gradients. Fields of N2 were smoothed with a 3-m vertical running mean
filter with 1-1-1 weighting. Vertical profiles of N2

SþT calculated with (2) were nearly equivalent to vertical
profiles of N2 calculated directly from the vertical density gradient in (1). Therefore, N2

SþT from (2) is used
throughout this study and is abbreviated henceforth as N2. Estimates of N2

S were available starting at
2–3 m, while estimates of N2

T were available from 0 to 350 m. Therefore, N2 was determined solely by
N2
T where z < 2 m.

2.6. Ocean Stable Layer Identification Algorithm

Depth ranges were considered well mixed if �4.5 × 10�5 < N2 < 4.5 × 10�5 s�2 over at least three consecu-
tive meters vertically. Water was considered stable if N2 > 4.5 × 10�5 s�2 for at least two consecutive meters
vertically. Using these definitions, an algorithm was devised to search for the top of the shallowest stable
level in the ocean column, hS, at 10-min intervals. In this manuscript, the top depth of the stable layer is often
referred to simply as the stable layer depth (they are considered to be equivalent). The stable layer top depth
and the stable layer depth are used interchangeably to refer to hS in this manuscript. The algorithm also
determined the base of the shallowest stable layer, hB. Stable layers were required to be at least 2m in vertical
thickness in this study because data with 1-m vertical resolution were used. Therefore, the minimum stable
layer thickness in this study was 2 m (i.e., hB � hS ≥ 2 m). The minimum depth of hS was 0 m. The top depth
of the thermocline, hTC, was defined as the first level over which N2 > 1.75 × 10�4 s�2 for at least three con-
secutive meters. The top depth of the thermocline and the thermocline depth are considered equivalent and
used interchangeably. If the algorithm could not identify a stable layer shallower than 45 m or within 10 m of
hTC, the ocean was considered to be well mixed from the surface to the thermocline and hS was reassigned to
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hTC. In this case, the shallowest stable layer was the thermocline and hS = hTC. These thresholds and
methodology were manually tested until the algorithm yielded physically consistent results across all
42 days of analysis. After these rules were applied, hS, hB, and hTC were smoothed with a running 50-min
filter with 1-1-2-1-1 weighting.

The quantitiesN2
S andN

2
T were determined by vertically averaging theN2

S andN
2
T fields between 0 and 5m and

then smoothing the resulting time series with a running 30-min filter with 1-2-1 weighting. RLs and DWLs

were defined to begin whenN2
S andN

2
T > 1.5 × 10�5 s�2, respectively, and hS ≤ 5 m. Not all DWLs or RLs were

associated with the creation of a new stable layer or with hS shoaling because near-surface stratification with
respect to the other state variable (S or T) could have already existed. RL and DWL events were determined to

end when N2
S and N2

T < 1 × 10�7 s�2, respectively, or when hS > 5 m, whichever event occurred first. To be
classified, RL and DWL events were required to last at least three consecutive observations (spanning 30 total
minutes) and be at least 1 hr apart from stable layers of the same type. Therefore, a RL could form in close
succession to a DWL, but, in order to be classified as an individual event, the RL must be at least 1 hr away
from the next or previously identified RL.

BowN2
T profiles extended to the surface, whereas sternN2

S profiles began at 2–3 m. The bowN2
T profiles did not

suggest that cold, fresh layers were deposited by rain shallower than 2 m. In other words, the N2
T data do not

suggest that RLs were missing from N2
S profiles, although it is possible the T profiles did not capture all stra-

tification events. Even if RLs began earlier or shallower than suggested by the S measurements from 2 to 3 m,

Figure 2. The 22 October 2011 case study of a DWL, a RL, and a RL-DWL combination (colored bars on top of (d–f)): (a) net
heat flux, QNet, modeled solar heat flux for clear-sky conditions, QSolar, wind stress, τ, and triangles color-coded by U10;
(b) rain rate observed locally at the research ship (R) and the max value observed either locally or within the upstream radar
sector, RMAX, and the area, A, of the radar sector that was filled by rain echoes; (c) S at 2- and 3-m depth from
Chameleon profiler; (d)N2

S; (e)N
2
T; (f)N

2
SþT. Solid and dashed lines in Figures 2d–2f indicate the depth of the stable layer top,

hS, and the depth of the stable layer base, hB. DWL = diurnal warm layer; RL = rain layer.
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the stable S gradients ought to mix downward past the 2- to 3-m measurements throughout the lifetime or
decay of the RL. Therefore, our record of RLs is most likely not comprehensive, but our record should be
representative of the majority of RLs that occurred at this central Indian Ocean location during DYNAMO.

Our RL and DWL identification algorithm is demonstrated on a time period beginning at 00:00 UTC, 30 min
prior to sunrise (Figure 2). On this day, which was classified as active MJO conditions, a DWL formed at
06:00 UTC (local noon) as QNet reached �300 W m�2 and U10 decreased to below 4 m s�1 (Figures 2a and

2d) The DWL was marked by hS = 0 m owing to the strongly positive N2
T at z < 5 m (Figure 2e). Rain fell

intermittently upstream of the ship during the DWL between 07:00 and 10:00 UTC, midafternoon
(Figure 2b). Rain only occurred locally at the Revelle between 09:30 and 10:00 UTC. Contemporaneously with

the local rain accumulation, N2
S became positive over the same depths as the DWL, making this a RL-DWL

combination (Figures 2d–2f). Stratification of both S and T disappeared at 14:00 UTC (08:00 p.m.) as U10
increased rapidly to 6–8 m s�1 while QNet ~ 100–200 W m�2, indicating the ocean surface was cooling
(Figures 2a, 2d, 2e, 2f). Rain occurred upstream of the ship from 15:00 to 17:00 UTC (evening) while
U10 reached 6–8 m s�1 (Figures 2a and 2b). There was no RL observed locally as a result of this upstream rain

event (Figures 2d–2f). Instead, N2
S and N2

T indicated that the ocean was well mixed between the surface and a
depth of 30 m.

Later that night at 17:00 UTC, 11:00 LST, the wind weakened (U10 < 2 m s�1) and a large area of weak-to-
moderate rain began upstream of the ship (RMAX = 7 mm h�1, Figures 2a and 2b). Following this series of

events, N2
S and N2

SþT became strongly positive near the ocean surface, indicating the presence of a second

RL (Figure 2d). Within this nighttime RL, N2
T was negative due to the combined cooling effects of rain, latent,

sensible, and radiative fluxes (Figure 2e). The unstable N2
T within the RL due to surface cooling was not large

enough magnitude to render the entire layer unstable, since N2
SþT (i.e., N2) remained mostly positive

(Figure 2f). The nighttime RL lingered at z < 5 m for over 6 hr after upstream rain ended (Figure 2b). The
daytime RL persisted 4 hr after upstream rain ended, 5 hr after local rain ended. Both RLs were coincident
with 2- and 3-m depth freshening trends and fresher 2 m S compared to 3 m S (Figure 2c), leading to stable

vertical gradients of S and therefore positiveN2
S (Figure 2d). During the DWL, RL, and RL-DWL events, hS ≤ 5 m

and the stable layer thickness, hB � hS, was roughly 2 m (Figures 2d–2f). This daily analysis was used to test
the stable layer identification algorithm on all 42 DYNAMO observation days.

3. Results

This section examines the frequency of occurrence of RLs, DWLs, and RL-DWLs observed throughout two
MJO cycles during DYNAMO and the conditions in which these stable layers existed.

3.1. Stable Layer Occurrence and Depth

From our DYNAMO record, rain and surface warming both played significant roles in creating stable near-
surface ocean conditions in which hS ≤ 5m (Figure 3 and Table 2). In other words, over the course of 42 obser-
vation days, 44 events occurred in which one or more stable layers were present at z ≤ 5 m: 14 DWL-only
events, 14 RL-only events, and 16 events in which RLs and DWLs combined one or more times. We sampled
30 DWLs (299 observation hours, 30% of the data record) and 32 RLs (165 hr, 16% of the data record). RL-
DWL combinations were almost 2 times more likely to be RLs contained within preexisting DWLs than vice
versa. For example, 10 DWLs contained one or more RLs and only 6 RLs contained DWLs; 12 RLs formed on
top of preexisting DWLs but only 7 DWLs formed on top of preexisting RLs. The total number of continuous
stratification events in which RLs and DWLs combined was only 16 even though 18 individual RL-DWL events
were observed. This is because one DWL contained 2 RLs, and another DWL formed in a preexisting RL that
also later contained a new RL. RL-DWLs occupied 89 hr, or 9%, of the DYNAMO data record. RLs without
DWL influence spanned only 8% of the data set, while DWLswithout RL influence spanned over twice asmuch
(21%) of the data set. Collectively, over the course of twoMJOs, daytimewarming and rain caused stable layers
to exist at z ≤ 5 m during 38% of the data set, and z ≤ 10 m during 57% of the data set (Figures 3 and 4).

When RLs and DWLs were not present, water was mixed between the surface and the thermocline, meaning
the shallowest ocean stable layer was the thermocline and hS = hTC (Figure 3). This situation occurred during
13% of the data set. When RLs and DWLs decayed, these stable layers mixed downward to about 40-m depth
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Figure 3. Observed N2 due to S (a, d), T (b, e), both S and T (c, f) as a function of depth and time during two equatorial, central Indian Ocean cruises. The depth of
the stable layer top, hS, the stable layer base, hB, and the thermocline top, hTC, were determined by the total N2 field (c, f). A line marks the depth of z = 5 m.
The state of the MJO was defined by the RMM index (WH04), which corresponds to suppressed, disturbed, active, and westerly wind burst (WWB) time periods in this
study (Table 1, section 2.1).
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in October 2011 (days 5–13 and 21–27). In November 2011, a month during which a stable barrier layer
existed between 10 and 30 m, RLs and DWLs only mixed downward to about 10-m depth (Figure 3, days
14–24). During the first November WWB pulse on 24–26 November, this barrier layer eroded and the
thermocline rapidly deepened from 57m to 90 m (Figures 3 and 4c, also discussed by Moum et al., 2014
and Chi et al., 2014). Abrupt shifts in vertical T and S stability structure were noted on 18 and 24 October
and 12, 14, 15, and 18 November, which appear to be the result of advection (discussed further in
section 3.2 and by Chi et al., 2014).

RLs, DWLs, and RL-DWL combination stable layers were most frequently observed to be between 2- and 8-m
thick, with a mean thickness of 6 m andmedian thickness of 4 m (Figures 3 and 4b). These thickness observa-
tions are only slightly greater than the 2- to 4-m thickness estimates from previous modeling studies (Drushka
et al., 2016; Lombardo & Gregg, 1989; Lukas & Lindstrom, 1991; Miller, 1976; Price, 1979; Price et al., 1986).

While this data set’smean stable layer depth,hS, of 20magreeswith the 18-mmeanmixed layer depth estimate
based on Argo profiles for this location in October–November from de Boyer Montégut et al. (2004) and
also roughly with the 36-m mean depth from Holte et al. (2017), the high-resolution values of hS from

DYNAMOwere only within ±5 m of hS during 9% of the data set (Figures 3 and 4). In the other 91% of the data

set, the penetration depth of wind mixing was either overestimated or underestimated by hS by at least 20 m,

which led to errors of 100% or greater. The standard deviation of hS was 25m, 5m greater thanhS. Thus,hS and
themeanmixed layer depths from Argo are not representative of the daily and subdaily upper ocean stabiliza-
tion events observed during this experiment (Figures 3 and 4). For example, rain and diurnal heating stabilized
the upper 5mof the oceanon 37out of 42 observation days, whilewaterswerewellmixedbetween the surface

and 40- to 60-m depth on 20 out of 42 days. Instances of hS = 20 m (i.e., hS = hS ) were brief, occurring only as
near-surface stable layers were forming, deepening, or decaying.

3.2. Wind Limits of Stable Layers

The 99th percentile value of U10 observed in the presence of stable layers was 9.8 m s�1 for RLs, 7.6 m s�1

for DWLs, and 5.5 m s�1 for RL-DWLs. These values are considered to be the wind limits on each type of
stable layer. Very few instances occurred in which RLs were present and U10 > 10 m s�1 (9 data points)
or in which DWLs were present and U10 > 7 m s�1 (27 data points total, Figure 5). The overall highest value
of U10 observed during a RL was 11.3 m s�1, compared to 9.2 m s�1 in a DWL and 6.3 m s�1 in RL-DWLs
(Figure 5). Numerous previous studies have also found that DWLs are limited to times when U10 ≤ 7 m s�1

(e.g., Fairall, Bradley, Godfrey, et al., 1996; Webster et al., 1996). Results herein are also consistent with a RL
observed in the equatorial western Pacific Ocean during which U10 = 9.5 m s�1 (Wijesekera et al., 1999). In
the absence of RLs or DWLs, when the upper ocean was well mixed, U10 ranged from 0 to 17.6 m s�1 and the
99th percentile value of U10 was 13.9 m s�1 (Figure 5).

3.3. Occurrence of Stable Layers Throughout the MJO Life Cycle

Of the 44 continuous stable layer events observed, a similar number of events occurred in each of the sup-
pressed, disturbed, and active periods of the MJO (13, 17, and 12 events, respectively) but only 2 stable

Table 2
Stable Layers Observed Throughout Two MJO Life Cycles

stable
layer
count

MJO time period

Suppressed (14 days) Disturbed (12 days) Active (10 days) Westerly wind burst (WWB, 6 days) Total (42 days)

RL only 0 7 5 2 14
DWL only 11 2 1 0 14
RL-DWL combo 2 8 6 0 16
all RLs 2 16 12 2 32
all DWLs 13 10 7 0 30
continuous stable layer events 13 17 12 2 44

Note. Count of observed stable layers in each MJO period defined by the RMM index (Table 1, section 2.1). The continuous stable layer event category counts
events in which multiple RLs and/or DWLs were present at the same time as a single continuous event. Events in which RLs and DWLs were combined
(RL-DWL) occurred 18 individual times but contributed to only 16 continuous RL-DWL events. This is because 2 RL-DWL events were contained within preexisting
stable events in which another RL-DWLwas also present. The total number of continuous stable layers is equal to the sum of the stable layers in RL only, DWL only,
and RL-DWL categories. RL = rain layer; DWL = diurnal warm layer.
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layer events occurred in theWWBperiod (Table 2 and Figure 6). The occurrence of RLs andDWLs over theMJO
life cyclemirrors thewell-documented evolution ofU10, R, andQNet throughout theMJO (Table 1 and Figure 6,
e.g., Barnes & Houze, 2013; Johnson et al., 1999; Rickenbach & Rutledge, 1998; Xu & Rutledge, 2015; Zhang,
2005). For example, little rain occurred during the suppressed MJO period (Figure 6 and Table 1). In these
conditions, only two RL-DWL events and no RL-only events were observed (Figure 6 and Table 2). During

the disturbed and active MJO periods, U10 < 8 m s�1 and rain was
frequent, intense, and long lasting (Figure 6 and Table 1; e.g., Xu &
Rutledge, 2014). Within these disturbed and active MJO periods, RLs and
RL-DWLs occurred once or more per day (Figure 6 and Table 2). During
WWBs, when rain was frequent and long lived but U10 was very strong,
RLs were rarely observed (Figure 6 and Tables 1 and 2). Within WWBs,
mean U10 = 9.1 m s�1 and max U10 = 17.6 m s�1, (Figure 6 and Table 1).
In contrast, DYNAMO observation days outside of WWBs exhibited much
weaker winds, with mean U10 = 3.6 m s�1 and max U10 = 11.3 m s�1

(Figure 6 and Table 1).

Similar to the results from previous studies, DWLs consistently formed on
days when QNet < �600 W m�2 (heating the ocean) and U10 ≤ 7 m s�1

(Figures 5 and 6; Asher et al., 2015; Fairall, Bradley, Godfrey, et al., 1996;
Matthews et al., 2014; Moulin et al., 2018; Webster et al., 1996). DWLs were
not observed when one or both of these conditions were not met, such as
on 13 October in the suppressed period, on 19, 24, and 25 October, and on
22 November during disturbed and active periods, and during all WWB
days (Figure 6). As a result, DWLs of some form occurred on 92% of
observed suppressed period days (all but 1 day), 83% of disturbed MJO
days, and 70% of active MJO periods, but DWLs did not occur at all during
WWBs (Table 2 and Figures 3 and 6).

Of the 17 DWLs observed outside of the suppressed MJO period, 14 (82%)
were actually RL-DWL combinations at one point. In other words, only
three DWL-only events were observed during the disturbed and active
MJO periods. RL-DWLs combinations occurred in 8 out of 10 observed
DWLs during disturbed MJO periods and in 6 out of 7 DWLs during active
MJO periods (Figure 6 and Table 2). DWLs and RLs were only observed to
overlap once at the beginning of each DYNAMO suppressed phase. No
RL-DWL combinations (or DWLS) were observed during WWBs (Figure 6
and Table 2). Overall, RL-DWL combinations only occurred during 9% of
the DYNAMO period but totaled to a substantial portion of the total 44
stable layers observed, 16 events or 36%.

Figure 5. Histogram of U10 measured during DYNAMO for different ocean
stability conditions at z ≤ 5 m: All conditions (gray), when no stable layers
were present (i.e., when water was well mixed from 0 to 5 m, black), when
only DWLs were present (red), when RL-DWL combination layers were pre-
sent (green), and when only RLs were present (blue). DWL = diurnal warm
layer; RL = rain layer; RL-DWL = RL and DWL combination layer.

Figure 4. Histograms of observed central Indian Ocean: (a) top depth of stable layers, hS; (b) thickness of stable layers,
hB � hS; and (c) top depth of thermocline, hTC. Each histogram is normalized by the length of the entire data set.
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3.4. Diurnal Variability and Duration of Stable Layers

In contrast to DWLs, RLs were observed at all hours of the day and night (Figures 7b and 7e). Out of 32 RLs
observed, 18 (56%) existed at some point during overnight hours between sunset (00:30 UTC) and sunrise
(12:30 UTC); 20 RLs (62%) existed at some point during the daytime. During DYNAMO, rain occurred at all
hours of the day but its intensity peaked in late afternoon and also just before dawn (Figure 7a), as is typically
observed over tropical oceans (e.g., Sakaeda et al., 2018; Yang & Slingo, 2001). In alignment with the
diurnal cycle of R, RL likelihood also peaked slightly in the afternoon, reaching 29% at 8 UTC (2 p.m. LST,
Figure 7b). RL likelihood was at least 7% at all other hours of the day (Figure 7b). Both DWLs and RL-DWLs
existed primarily during the daytime (2–22 UTC), with a peak in probability of occurrence between 5 and
10 UTC (11 a.m. to 4 p.m. LST, Figures 7e and 7h). There was a high (66–68%) likelihood of a DWL being

Figure 6. Time series of the observed top depth of ocean stable layers, hS, colored by stable layer type (a, d); U10 and QNet
(b, e); max R observed within the radar rain sector and the ship gauge, RMAX (c, f). Yellow horizontal lines denote U10 = 7 m
s�1 and QNet = �500 W m�2 in Figures 6b and 6e and RMAX = 5 mm h�1 in Figures 6c and 6f. The state of the MJO
was defined by the RMM index (WH04), which corresponds to suppressed, disturbed, active, and westerly wind burst (WWB)
time periods in this study (Table 1, section 2.1).
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present between 6 and 8 UTC (local noon to 3 p.m.). For RL-DWLs, the peak likelihood occurred at a similar
time, from 7 to 9 UTC (1–4 p.m. LST), but the peak was not as prominent (19–23%).

Stable layers of all types were less likely to occur at night (Figures 7b, 7e, 7h, 7k). The likelihood of continuous
stable layer events, which could contain one or more RLs and/or DWLs, was as low as 10% overnight and as
great as 77% at 7 UTC (1 p.m., Figure 7k). At night, the surface cooled (QNet > 0) and hourly-mean U10 was
slightly greater than in the daytime (Figure 7a). Both of these factors promote convection in the oceanic
boundary layer, and could have contributed to the reduced occurrence of stable layers at night.

RLs formed at all hours of the day, but DWLs and RL-DWLs began preferentially during the daytime
(Figures 7e, 7f, and 7i). DWLs exhibited a strong peak in hour of formation at 3 UTC, 3 hr after sunrise
(Figure 7f). As a result, the peak in formation of all continuous stable layer events was also strongly peaked
at 3 UTC (Figure 7l). RLs and RL-DWLs were only slightly more likely to form at 3 and 4 UTC compared to other
hours (Figures 7c and 7i).

The average hour in which existing DWLs became absent from the upper 5 m was 14:00 UTC (1.5 hr after
sunset). Out of 32 total RLs observed, 11 (34%) formed at night. Four nighttime RLs lasted into the next

Figure 7. Hourly means of clear-sky QSolar, QNet, U10, RMax (a) repeated in both top panels for reference. Hourly likelihood
of stable layer existence (b, e, h, k); counts of stable layer start times (c, f, i, l); counts of stable layer durations (d, g, j, m), of all
RLs, all DWLs, RL-DWL combinations, and all continuous stable layer events regardless of type. The all RL and all DWL cate-
gories (b-d, e-g) include instances of RL-DWLs (h-j), in which RLs and DWLs overlapped. The all continuous events category
(k-m) considers a time period in which multiple stable layers occurred as one event, so the upper panels do not add to the
bottom panel. In this study, sunrise = 00:30 UTC (vertical solid line) and sunset = 12:30 UTC (vertical dashed line), which are
marked in the 0th and 12th histogram bins. DWL = diurnal warm layer; RL = rain layer.
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daytime cycle, and seven daytime RLs lasted at least 3 hr past sunset. DWLs persisted several hours after
sunset during the November suppressed period when a barrier layer existed between 10- to 20-m depth
(Figures 3 and 7e). During these very stable upper ocean conditions, DWLs also often formed shortly
after dawn.

From the Eulerian perspective of this stationary research ship experiment, RLs were observed locally over dura-
tions ≤ 14 hr, RL-DWLs were observed for shorter durations (≤ 11 h), and DWLs were observed for the longest
durations (≤ 21 hr, Figures 7d, 7j, and 7g). The 21-hr DWL event occurred on 15 November 2011 (Figure 3), hav-
ing formed at the surface at 2 UTC on top of a salt- and temperature-stratified barrier layer that had risen to
within 5–10 m of the surface. By midafternoon, the base of the DWL merged with the underlying barrier layer
and the combined near-surface stable layer remainedwithin 5m of the ocean surface until 23 UTC. Using satel-
lite (Clayson & Bogdanoff, 2013; Stuart-Menteth et al., 2003) and reanalysis (Bellenger & Duvel, 2009) data sets,
DWLs have been found to last over 5 days and cover expansive regions of the ocean (1,000 km or more wide).
From the Eulerian point of view of the ship, the mean duration of DWLs (10 hr) was double the mean duration
of RLs and RL-DWLs (5 hr). The Lagrangian, or water-following, lifetime of stable layers could be longer than
suggested by the measurements obtained during DYNAMO. The average duration of all continuous stable
layer events was 8 hr (Figure 7m). Minimum RL, DWL, and RL-DWL durations were all 30 min because of the
10-min resolution of this data set. Given the average speed of the surface current during each RL, the equiva-
lent mean and maximum length scales of RLs were 9.2 and 33.2 km. However, this length-scale estimate is
approximate because it does not account for lateral mixing of the RL or the spatial and temporal heterogeneity
of precipitating systems (Houze et al., 2015; Soloviev & Lukas, 2006; Wijesekera et al., 1999).

The longest-lasting RL was one that formed in a DWL (14 hr). The mean durations of RLs with and without
DWL influence were not significantly different. Similarly, DWLs with and without RL influence were not neces-
sarily longer or shorter; both DWL varieties had a mean duration of 10 hr. Ignoring the relative timing of T and
S stratification, the overall mean duration of RL-DWL combinations was 5 hr (Figure 7j). RLs that formed on
DWLs and DWLs that formed on RLs could be phenomenologically distinct, but a larger data set of these fea-
tures is required to precisely determine their differences. Thus, these two cases have been combined into a
single category, RL-DWLs, for this study.

4. Stable Layer Estimates

This section seeks a better understanding of the observed depth (Figures 3 and 6) and wind limits (Figure 5)
of stable layers by examining estimates of each quantity:

1. the top depth of ocean stable layers, bhS, and
2. the highest values of U10 at which stable layers persist and form, bUS.

4.1. Stable Layer Depth: bhS
To clarify the relationship between hS and U10, we consider B, the surface buoyancy flux into the ocean pro-
duced by the combined effects of rain and heating (Figure 8, Appendix A, Figure A1, equation A1, Dorrestein,
1979), and u3�W , the cubed friction velocity in the water, which we consider to represent the rate of TKE input

to the ocean surface by the wind; u3�W (m3 s�3) is opposed by B (m2 s�3). The value of B is a function of surface
water properties, QNet, and R. For reference from Appendix A:

1. R = 10 mm h�1, a typical tropical oceanic rain rate (Thompson et al., 2015), produces the same buoyancy
as QNet = �850 W m�2, the median of daytime peak net surface heat fluxes during DYNAMO (Table 1,
Figure 6). According to this data set, max R = 188 mm h�1 and 30% of R observations exceeded
10 mm h�1, which was also shown by Thompson et al. (2015) for two long-term Indo-Pacific warm
pool data sets of R. During DYNAMO, QNet < �850 W m�2 during only 1% of observations (min
QNet =�1035Wm�2). Therefore, rain can produce B that is more than an order of magnitude greater than
is typically produced by surface heating (Figure 8).

2. The buoyancy produced by R = 5 mm h�1 is equal and opposite to the buoyancy destroyed by a surface
cooling on the order of QNet = 400 Wm�2, which is the maximum nighttime QNet outside of WWB periods
and maximum observed latent heat flux, QLat. Since R = 5 mm h�1 is a relatively weak rain rate and
QNet = 400 W m�2 is a very high cooling rate, buoyancy produced by rain typically stabilizes negative
buoyancy produced by surface cooling.
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3. Buoyancy produced by rain freshening is 15 times greater than negative buoyancy produced by rain cool-
ing (Figure 8), meaning the cooling effect of rain on B can be ignored. B produced by rain is always posi-
tive, which can lead to stratification of the upper ocean.

From a 1-D perspective and neglecting shear- and wave-driven turbulence, Monin-Obuhkov scaling suggests

that B will be mixed by wind stress to an estimated depth of bhS given by

bhS ¼ u3�W
κB

(7)

where κ = 0.40, the von Kármán constant, or

bhS ¼ C
U 3
10

B
(8)

where the constant C includes the densities of seawater and air, ρW and ρair, and a drag coefficient,
CD ~ 0.8–1 × 10�3 (Edson et al., 2013):

C ¼ 1
κ

CDρair
ρW

� �3=2

≅ 5:42�10�9 (9)

Equations (8) and (9) arise from the fact that the flux of momentum is continuous across the sea surface such
that τ ¼ ρWu

2
�W ¼ ρairu

2
�air, where the τ in the air is approximated by CDρairU

2
10.

According to observations, if surface water is less dense than underlying water, hS ~ 0 m and hS marks the top

of a stable layer that is in contact with the surface (Figures 2 and 3). In (7) and (8), bhS ~ 0 for very large B and
weak values of u3�W or U10, respectively. Equations (7) and (8) result from the assumption that the stable layer
depth, hS, responds to changing production and consumption of TKE. This approach is in contrast to a
Richardson number constraint, which is applied with mixed layer models or simple layer-averaged slab
models (Fairall, Bradley, Godfrey, et al., 1996).

By isolating DYNAMO data for periods when B > 0, close agreement was found betweenbhS and hS (Figure 9,

in which hS was temporally averaged by a 1-hr moving mean filter andbhS was temporally averaged by a 2-hr

Figure 8. DYNAMO measured buoyancy flux, B, due to heating, cooling, and evaporation by QNet, BQ, and due to the net
effect of rain freshening and rain cooling by RMAX, BR (Appendix A). The state of the MJO was defined by the RMM index
(WH04), which corresponds to suppressed, disturbed, active, and westerly wind burst (WWB) time periods in this study
(Table 1, section 2.1).
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moving mean filter). Of 44 total observed stable layers, 36 were successfully predicted to exist at z ≤ 5 m bybhSwithin the same time span that they occurred according to hS (Figure 9). This equates to an 88% success
rate in terms of stable layer prediction. All DWLs, all RL-DWLs, and all but eight short-lived RLs were pre-

dicted by bhS . During times when bhS mirrored hS, we assume that the buoyancy and wind mixing forces
described in (7) and (8) were the dominant factors controlling the depth of upper ocean stratification, hS.
When B < 0, the ocean should mix vertically due to convective overturning by surface cooling or extreme

salinification. However, when B < 0, bhS also becomes negative, the latter of which is nonphysical and is

therefore not shown in Figure 9. The estimated stable layer depth bhS was able to account for observed

near-surface stratification better than the observed mean value,hS = 20 m, or the monthly mean mixed layer
depths, hM1 and hM2, determined by two previous studies for this location in October and November
(Figure 9, de Boyer Montégut et al., 2004: 17 and 19 m; Holte et al., 2017: 34 and 37 m, respectively). The
oscillation of hS between its two extrema, near-surface stratification or deep mixing, was not random. In

other words, hS did not randomly vary about hS . Rather, the hS oscillations systematically coincided with
the occurrence of either buoyancy production by rain and solar heating, or buoyancy destruction by wind
(Figures 6, 8, and 9).

Several 1- to 2 hr temporal differences existed between estimated bhS and observed hS (Figure 9). These tem-

poral differences appear reasonable given that hS is an observation of a present state, whereas bhS is a
prediction of a future equilibrated state given the present values of B and U10. Moreover, temporal and spatial

averaging were performed in the estimation of both bhS and hS time series, and S measurements were not

collected at z < 2–3 m. For instance, the 1- to 2-hr temporal differences between bhS and hS appear under-
standable because RLs initially form within the top several centimeters of the ocean (Drushka et al., 2016),
they often propagate laterally (Soloviev et al., 2015), and a finite amount of time is required for freshwater
to be mixed and diffused downward past the 2- to 3-m salinity measurements used in this study (Asher
et al., 2014). All of these aforementioned issues and processes could have contributed to the frequently

observed 1- to 2-hr timing offset between hS and bhS.
Aside from these slight timing differences, three additional differences were evident between bhS and hS
(Figure 9):

1. False Negatives. Eight RLs were observed but not predicted, all of which occurred after sunset on 17, 19, 22,
27 October and 18, 19, 20, 22 November (e.g., second RL in Figure 2 for 22 October). These RLs were
1.5–4 hr in duration. Local rain occurred during only two of the missed RLs, whereas upstream rain was
observed within 3 hr of all eight events. These RLs may have resulted from advection of near-surface fresh-
water. This could have led to their underprediction by bhS , which relies on current conditions to predict
stable layer existence. One of the missed RLs formed inside a DWL that was correctly predicted and that
was already in contact with the barrier layer (on 19 November).

2. False Positives. Three RLs were predicted but not observed. These occurred during WWBs when contem-
poraneous Revellemeasurements showed that subsurface turbulence was higher than would be expected
fromwind alone, having been enhanced by shear across a 50- to 100-mdepthWyrtki Jet (Moumet al., 2014).

3. Underpredicted Duration. Several DWLs, RLs, and RL-DWLs were observed to last longer than predicted.
DWLs and RLs can harbor stability near the surface well after B ceases to be positive, particularly if U10
is weak, according to model simulations by Drushka et al. (2016). For instance, several DWLs lasted 3 hr
after sunset and the maximum observed duration of DWLs and RLs was 21 and 14 hr, respectively
(Figure 7). Therefore, the duration of some stable layers exceeded the length of daytime (12 hr in this
study) and also the duration of any individual rain event. Some of the stable layers with underestimated
duration occurred when the surface stable layers merged with the underlying barrier layer (Figure 4),
meaning that the barrier layer could have influenced the life cycle of certain stable layers.
Underpredicted stable layer duration could also result from underestimates of surface freshwater advec-
tion. The value of B was calculated with RMAX, the maximum R observed from either the ship’s gauges or
the ship’s radar within a sector spanning 9 km in the upstream direction (roughly a 3-hr advective time
scale) and 4 km in all other directions (section 2, Figure 1). We acknowledge the limitation of this method
to account for the spatial heterogeneity of B due to rain.
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4.2. Stable Layer Wind Limit: bUS

Equations (8) and (9) can be rearranged to describe the wind limit of stable layers, bUS, defined as the highest
value of U10 in which stratification should exist at the depth hS for a given value of B:

bUS ¼
bhSB
C

 !1=3

≅569 bhSB� �1=3
(10)

If B > 0 and U10 ≤ bUS, then conditions should be favorable for the formation and persistence of stable layers

at depths of z ≤ hS. On the other hand, if B > 0 but U10 > bUS , surface-forced mixing should outweigh
buoyancy suppression and neither DWLs nor RLs should form at z ≤ hS. In other words, wind mixing will
homogenize T and S in a layer extending from the surface downward to the barrier layer or the thermocline
(Figures 3 and 9).

Solutions for (7), (8), and (10) appear in Figure 10 for hS = 1, 2, and 5 m: u 3
W� and B are related linearly

(Figure 10a), whereas bUS is proportional to B1/3 (Figure 10b). In these figures, lines of constant hS show that

stable layers should form at these depths for a given B and u3�W (Figure 10a) and therefore U10 (Figure 10b,
equations (7), (8)). Alternatively, the lines of constant hS also indicate the highest values of U10 that can take

place while stable layers either form or persist for a given B. From (10), the stable layer wind limit, bUS, is equal
to 8.6 m s�1 for R = 50 mm h�1 and hS = 1 m, which means that R = 50 mm h�1 should maintain a RL with
stable dS/dz gradients as shallow as 1-m depth so long as U10 ≤ 8.6 m s�1. For the same R value and hS = 5 m,

the wind limit of RLs increases to bUS = 13.6 m s�1, which is only slightly higher than the greatest value of U10
observed in a RL: 11.3 m s�1 (Figure 5). Values of bUS range between 8.0 and 13.6 m s�1 for R between 10 and

50 mm h�1, while bUS = 8.4 m s�1 for the strongest surface heating observed: QNet = �1035 W m�2 (10). This
estimated wind limit on DWLs is close to the observed wind limit, U10 = 7.6 m s�1 (the 99th percentile value of
U10 when DWLs were present, Figure 5). An additional interpretation of these calculations is that a DWL may

Figure 9. DYNAMO observed stable layer top depth (hS), estimated stable layer top depth from surface fluxes bhS� �
, mean observed stable layer top depth (hS ),

observed thermocline top depth (hTC), and monthly-mean mixed layer depths (hM1 and hM1) for this location in October and November 2011 according to cli-

matologies by de Boyer Montegut et al. (2004, hM1) and Holte et al. (2017, hM2). The state of the MJO was defined by the RMM index (WH04), which corresponds to
suppressed, disturbed, active, and westerly wind burst (WWB) time periods in this study (Table 1, section 2.1).
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persist at z ≤ 5 m when U10 = 8.4 m s�1 if QNet is maximized (�1035 W m�2), while a RL may persist at the
same depth and during the same wind speed even if R is only moderate (12 mm h�1). Since instances of
R > 12 mm h�1 are frequent, (8) and (10) can explain observations of RLs persisting at higher U10 than
DWLs (Figures 5 and 10).

For all instances in which stable layers were present, 46% of DWL only, 70% of RL only, 70% of RL-DWL, and

66% of all stable layer instances occurred when U10 < bUS and B > 0 m2 s�3, and when bUS was evaluated with
(10) assuming hS = 5 m. These percentages represent the success rates at which near-surface stable layer

occurrence can be estimated by determining times when U10 < bUS and B > 0 m2 s�3.

ThebhS and bUS methods predicted 36 out of 44 total stable layers to occur within the same time span that they
were observed, leading to an overall success rate of 88% (Figure 9). The remaining eight missed stable layers
were RLs of relatively short duration, between 1.5 and 4 hr, that occurred within 6 hr of other observed (and
successfully predicted) stable layers (Figure 9). In other words, all observed DWLs, all observed RL-DWLs, and
75% of observed RLs were successfully predicted to occur within observed stable layer time spans.

The occurrence ofU10<bUS and B> 0m2 s�3 wasmuchmore likely prior to theWWB (Figures 5, 8, and 9). Values
of U10 were rarely low enough to support stable layers during WWBs, despite high B during this period
(Figures 8 and 9). For example, only three RLs and no DWLs were observed in WWBs. In suppressed, disturbed,

and activeMJOperiods, conditions inwhichU10<bUS and B> 0m2 s�3 occurred at least once per day (Figures 5
and 9). Stable layers were frequently observed and predicted to occur during these periods (Figure 9).

Both U10 and R were necessary for determining the likelihood of RL formation (Figure 11), while QNet alone
could serve as a useful predictor for DWL occurrence (Figures 5 and 11). For example, DWLs were only present
during 15% of the timewhenQNet> 0Wm�2, and never formed in these conditions, whereas DWLs were pre-
sent 99% of the time when QNet < �600 W m�2 (Figure 11a). The value of QNet < �500 W m�2 during every
observed DWL (Figures 11a and 6). Thus, to a certain extent, the magnitude of QNet was a useful predictor of
DWL occurrence even without consideration of U10 (Figure 11b). In contrast, many instances of R = 0 mm h�1

occurred leading up to RL formation and when a RL was present. The probability distribution functions of R
were also not statistically different between times with or without the presence of a RL (Figure 11b). In other
words, RLs were not statistically more likely to occur at any R range except when R> 100 mm h�1, and these

high rain rates represent a small fraction of the total R distribution. Therefore, thebhS- and bUS-based estimate of
stable layer occurrence, which incorporates both U10 and B (i.e., R), was more successful in determining the
likelihood of RL formation compared to predicting the existence of a RL using R alone (Figure 11d).

Figure 10. Calculated (a) u3�W and (b) bUS using different stable layer depths of hS = 1, 2, and 5 m and measured B in (7) and
(10). The value of bUS is the highest value of U10 at which wind mixing and B should support the existence of a stable
layer at depth hS. Examples of B for various net heat fluxes (QNet abbreviated as Q in plot) and rain rates (R) are shown atop
each plot for reference.
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5. Discussion

The presence of near-surface stable layers is important for coupled climate processes because they limit the
vertical extent of wind-driven ocean mixing and the distribution of atmospheric forcing into the ocean (e.g.,
Fairall, Bradley, Godfrey, et al., 1996; Price et al., 1986). When DWLs, RLs, or their combinations are present,
turbulence must first supply enough kinetic energy to homogenize the near-surface stable layers before mix-
ing can extend deeper into the ocean column. While formation of a DWL is limited to daytime since it requires
solar warming, a RL can form at any time. Furthermore, a RLmay formwithin an existing DWL, and a DWLmay
form within an existing RL (Figures 2 and 6). These two cases are considered together as RL-DWL combina-
tions in this study, though they could be phenomenologically distinct.

Based on the stable layer observations and estimates presented in sections 3 and 4, we hypothesize that the

top depth of RLs and DWLs, hS, can be reasonably predicted as bhS in terms of U10 and B and that the upper
limit of U10 at which RLs and DWLs can form and persist, US, can be estimated in terms of B. This suggests that

reasonable estimates of bhS might be produced from data sets of U10 and B over tropical oceans in which
neither advection nor current shear are dominant forces in the budgets of ocean buoyancy or momentum
(Figure 9). Measurements of U10 and B are collected by moorings, ships, autonomous vehicles, and satellites.
Estimates of U10 and B are also available from several global products based on observations, such as reana-
lysis, TropFlux (Praveen Kumar et al., 2012), and SeaFlux (Curry et al., 2004). Therefore, without the use of sub-

surface ocean measurements, the bhS and bUS estimates could help determine when and where the vertical
extent of ocean mixing is limited to shallow depths of z ≤ 5 m.

Furthermore, we hypothesize that the occurrence of RLs and DWLs throughout the MJO is regulated by intra-
seasonal variations in U10, QNet, and R, as well as the local balance between B and U10 (Table 2 and Figures 6
and 9). Throughout the two MJO cycles observed during DYNAMO, RLs withstood U10 ≤ 9.8 m s�1, while
DWLs only survived U10 ≤ 7.6 m s�1 (99th percentile values). RLs were also much less likely to occur when

Figure 11. Histograms of QNet, U10, and RMAX (max R observed within rain sector of Figure 1) in either the absence or pre-
sence of DWLs (a, b) or RLs (c, d) normalized by length of data set. DWLs = diurnal warm layers; RLs = rain layers.
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RMAX decreased below 5 mm h�1 (Figure 8), which can explain the rare occurrence of RLs during suppressed
MJO periods when U10< 8m s�1 but when sky conditions were mostly clear with little rain (Figure 6). RLs and
RL-DWLs were most likely to occur during disturbed and active MJO periods, which exhibit frequent, heavy
rain, and U10 < 8–9 m s�1 (Table 1) During WWBs, U10 >= 7 m s�1, leading to only two observed RLs despite
persistently high B from rainfall during this period (Figures 6, 8, and 9). WWB conditions, characterized by
both net surface cooling and high U10, were even less suitable for DWL formation: no DWLs were observed
during WWB periods. Near-surface stratification during WWB periods was also diminished by shear-driven
turbulence generated from a Wyrtki Jet in the upper 50–100 m (Moum et al., 2014). DWLs without RL influ-
ence weremost common in suppressed periods when strong net ocean heating occurred in conjunction with
little rain and light wind conditions (U10 < 7 m s�1 during 95% of suppressed periods, Figure 6). DWLs also
occurred in disturbed and active periods, but 83% of these occurred in combination with RLs at some point
(Table 2 and Figures 6 and 9).

The different phasing of DWL occurrence versus RL occurrence relative to MJO evolution could have implica-
tions for tropical air-sea interaction (DeMott et al., 2014, 2015, 2016; Zhang, 2005). The influence of DWLs on
ocean mixed layer temperature, SST, air-sea fluxes, and precipitation in suppressed MJO periods has already
been well established in previous studies (Bellenger et al., 2010; Chen et al., 2015; Johnson & Ciesielski 2017;
Matthews et al., 2014; Ruppert 2016; Ruppert & Johnson, 2015; 2016; Seo et al., 2014; Shinoda & Hendon,
1998). In disturbed and active MJO periods, RLs and RL-DWLs each formed at least 4 times more often than
DWLs alone (Table 2 and Figure 6). Themost intense atmospheric convection tends to occur at the beginning
of the active MJO period, according to radar data shown by Xu and Rutledge (2014). During WWBs, U10 is
strongest (sustained values > 7 m s1; Figure 6), net surface cooling is more common (QNet > 0; Table 1
and Figure 6), and a greater percentage of rain accumulation is stratiform (longer duration and lighter inten-
sity, quantified by Xu & Rutledge, 2014).

Rain’s impact on near-surface ocean stability and mixing throughout the MJO should not be ignored.
Throughout the two MJOs, RLs created conditions during which turbulence was limited to the upper
few meters of the ocean rather than the seasonal mean mixed layer depth described by climatologies
from Argo floats and ship CTD profiles (conductivity temperature depth) (Figure 9). RLs were observed to
form at least as often as DWLs (32 versus 30 events), several RLs were observed to persist locally for
10–14 hr, and RLs were observed at all times of the day and night (Table 2 and Figures 6 and 7). Since RLs
played a significant role in establishing near-surface ocean stratification (occupying 16% of the data set), ana-
lysis of upper ocean stability based on temperature or DWLs alone is incomplete outside of suppressed
MJO periods.

Global investigations of RL coverage have not yet been completed. Similar to this study’s findings, RLs at
other latitudes are also likely to cover smaller areas and shorter time period than DWLs due to the loca-
lized area and short duration of rain events compared to the coverage of cloud-free, low-wind conditions
required to form DWLs. Large areas of tropical, subtropical, and midlatitude oceans may be cloud free at
any given time. In contrast, rainfall is narrowly concentrated across equatorial latitude bands due to the
Intertropical Convergence Zone, monsoons, and the MJO, as well as broadly distributed across the midla-
titudes associated with the passage of large low-pressure systems (e.g., Pendergrass & Deser, 2017). If the
sensitivity of RL formation and persistence to U10 is also considered, the global coverage and frequency of
RLs would be even lower than suggested by rain climatologies alone. This hypothesis was confirmed by
simulations conducted by Drushka et al. (2016) for tropical regions using a 1-D turbulence-allowing ocean
model and reanalysis data.

Results presented herein should motivate future studies regarding coupled numerical models and observa-
tional analysis. The tendency for DWLs and RLs to coexist (16 continuous events) and for overnight RLs to last
into the next daytime cycle (4 events) suggests that parameterizations for near-surface stratification should
be designed so that RLs and DWLs can form in the same place and evolve concurrently. The results indicate
that RL formation and persistence were strongly related to instantaneous rain rate, R, on 10-min time scales.
Therefore, the accuracy of predicted or assimilated rain on these time scales will impact the fidelity of simu-
lated upper ocean stratification in numerical models. Model mixing schemes will also determine the simu-
lated impacts of rain and surface warming on the ocean. Since RLs, DWLs, and their combinations were
typically between 2- and 4-m thick vertically with hS ≤ 5 m (Figure 4), 1-m vertical resolution in the upper
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5–10 m appears critical for observational and modeling experiments regarding RLs and DWLs. Argo floats,
bathythermograph measurements, and most moorings have historically observed S and T at 1- to 5-m depth
with 2-m vertical resolution, which have not consistently captured near-surface RLs or DWLs (Anderson &
Riser, 2014; Gould & Turton, 2006). The frequent occurrence of RLs and DWLs in tropical oceans would also
be completely ignored in coupled model results that rely on mean or slab mixed layer depths. A review of
MJO air-sea coupled processes by DeMott et al. (2015) does not recommend configuring coupled models
with mean or slab-ocean mixed layer depths. For instance, the DYNAMO stable layer depth, hS, was only
within ±5 m of the 20-m mean value of hS for 9% of this data set. The dominant modes of variability in the
upper Indian Ocean observed throughout two MJOs during DYNAMO can be more accurately summarized
in two ways (Figure 9): (1) rain and/or diurnal heating stabilized the upper 5 m of the ocean and limited mix-
ing to these shallow depths on 37 out of 42 days, 38% of the time; (2) turbulence and ocean convectionmixed
the water from the surface to at least 40-m depth on 20 out of 42 days, 62% of the time.

6. Conclusions

Near-surface ocean stable layers limit the penetration depth of wind mixing and the vertical distribution of
atmospheric fluxes of momentum, freshwater, and heat. Therefore, the presence of near-surface ocean stable
layers can amplify variability in both SST and SSS. Leading up to this study, diurnal warm layers (DWLs) result-
ing from surface heating were more comprehensively understood compared to RLs resulting from precipita-
tion; both rain layers (RLs) and DWLs are statically stable near-surface layers. While DWLs were known to
frequent the low-wind, high-insolation suppressed period of the MJO, the frequency at which RLs or their
combinations with DWLs occurred throughout the MJO was unknown. The current study used central
Indian Ocean ship-based observations of rain, wind, and vertical gradients of ocean temperature and salinity
to better understand the following features of RLs, DWLs, and RL-DWLs: their formation and persistence as a
function of U10 and B, as well as their occurrence as a function of MJO phase. Tracking of 30 DWLs, 32 RLs, and
17 RL-DWL combinations from a stationary research vessel revealed, throughout two MJO events, the
following:

• RLs and DWLs stabilized the ocean at depths of z ≤ 5 m in 38% of the data set.
• Although RLs were more numerous than DWLs, 32 versus 30 events, RL duration was usually shorter. RLs
and RL-DWLs were observed with durations ≤ 14 and ≤ 11 hr (mean duration = 5 hr), whereas DWLs were
observed with longer durations ≤ 21 hr (mean duration = 10 hr).

• During 16% of the data set, RLs of some kind occurred; in 30% of the data set, some form of DWLs occurred.
• RLs and RL-DWL combinations primarily formed in disturbed and active MJO conditions, usually forming at
least once per 24 hr in these periods.

• DWLs without RL influence usually occurred daily in suppressed MJO conditions and occurred rarely
thereafter.

• Of the 17 DWLs that occurred in the disturbed and active MJO periods, all but three combined with an RL at
some point.

• During WWB conditions, DWLs were not detected and RLs formed rarely.
• When DWLs were present, 99% of U10 values were below 7.6 m s�1. When RLs were present, 99% of U10
values were below 9.8 m s�1.

• RLs contained enough buoyancy to withstand nocturnal ocean convection and surface cooling. RLs form-
ing during the day were often observed to persist through the day-to-night transition. RLs forming at night
were often observed to persist through the night-to-day transition.

• An estimate for stable layer depth,bhS, was developed based on U10 and the buoyancy flux, B. This led to an
estimate for bUS, the maximum U10 at which stable layers should exist at depth hS for fixed B. These stable
layer estimation methods predicted 88% of the observed stable layer events (36 out of 44 events) during
the time span in which they were observed.

• The different occurrence rate of RLs versus DWLs throughout the MJO cycle appears to be explained by
variations in QNet, R, and U10 throughout the MJO, and by the fact that RLs can withstand higher U10 than
DWLs. For instance, RLs and RL-DWL combinations tended to occur in disturbed and active MJO periods,
whereas DWLs alone were more frequent in suppressed MJO periods.

• The 20-m mean value of stable layer depth, hS , was almost never observed. Use of hS in place of observed
hS would have led to an overestimation or underestimation of the penetration depth of wind mixing in
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91% of the data set, in which case errors exceeded 100%. Similar errors would have been caused by
monthly mean mixed layer depths derived from climatologies of Argo profiles, which were similar to this
study’s estimate of hS .

• The distribution of observed stable layer depth, hS, was bimodal, centered at 0–5 m during near-
surface stable layers or centered at 40–70 m when water was well mixed from the surface to the
thermocline.

Appendix A: Surface Buoyancy Flux Into the Ocean
From Dorrestein (1979), the surface buoyancy flux into the ocean is

B ¼ g
ρw

S0β P � Eð Þ � α
cp

QLat þ QSens þ QSolar þ QIRð Þ þ αΔTP
� �
Rain Freshening Heating Rain Cooling

and Evaporation Term Term Term

(A1)

Table A1 explains the variables, constants, and typical values for components of B in (A1). The first term of (A1)
conveys how the precipitation mass flux, P, makes the surface layer more buoyant (less dense), whereas eva-
porationmass flux, E, increases surface salt content and therefore increases surface seawater density. The sec-
ond term of (A1) describes the generation of buoyancy by surface heating (stabilization) and the destruction
of buoyancy by surface cooling (destabilization). Similar to the heating term of (A1), the rain cooling term of
(A1) accounts for surface heat loss and layer destabilization by the rain-sea temperature difference (Fairall,
Bradley, Rogers, et al., 1996; Gosnell et al., 1995).

To evaluate (A1), the rain rate, R, must be multiplied by the density of pure water, ρPW = 1,000 kg m�3, to
determine the precipitation mass flux, P, in kg m�2 s�1:

P ¼ ρPWR (A2)

Similarly, the evaporation mass flux, E, in kg m�1 s�1, is determined by

E ¼ QLatL
�1
V (A3)

where LV is the latent heat of vaporization, 2.25 × 106 J kg�1 to 2.5 × 106 J kg�1 at 100 °C to 0 °C, respectively.

When evaluated with central Indian Ocean observations of fluxes, R, and surface water properties, B is widely
distributed between�3 × 10�7 and 2 × 10�5 m2 s�3 (Figure A1). The most frequent values of B are negative,
corresponding to persistent evaporation and cooling by the sensible, latent, and radiative heat fluxes
(minimum QNet = 400 W m�2). The maximum rate of evaporation that was observed during DYNAMO
was 0.6 mm h�1, over 2 orders of magnitude lower than the maximum rain rate that was observed:
184 mm h�1 measured within 8 km upstream of the ship radar and 96 mm h�1 measured by the ship rain
gauge. Compared to the net heat flux, rain produced values of B that were distributed over a wider range
and were of much greater magnitude (Figure A1). Equation (A1) shows that equivalent B is produced by
the median value of daytime peak heating rates, QNet = �850 W m�2, and a relatively weak rain rate of
R = 10 mm h�1. Peak daytime QNet observed during DYNAMO was �1,035 W m�2, which produced only
slightly larger B (Figure A1).

B due to interfacial turbulent and radiative heat exchanges, BQ, can be systematically separated from B con-
tributed by rain, BR:

B ¼ BQ þ BR (A4)

BR ¼ g
ρW

P S0β þ αΔTð Þ (A5)

BQ ¼ gα
ρWcP

1� βcP
αLV

S0

� �
QLat þ QSens þ QSolar þ QIR

� �
(A6)
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BQ and BR are compared in Figure 8. The value of BR is often over an order of magnitude greater than
the value of BQ, yet instances of positive BR are more episodic compared to the sinusoidal manner of
positive BQ.

Evaluation of (A5) with central Indian observations from Table A1 implies that the stabilizing rain-freshening
multiplier on P, S0β, is about 15 times the destabilizing rain-cooling multiplier on P, αΔT, in (A5). This means
that the stabilizing effect of rain freshening on surface buoyancy is 15 times larger than the destabilizing
effect of rain cooling on surface buoyancy. Therefore, the effect of rain cooling on B and BR can be ignored.
BR is always a positive, stabilizing flux, as shown in Figure 8 for the entire DYNAMO experiment.

The factor βcP
αLV

S0 in (A6) is about 0.10 in the tropics using values from Table A1, so in regard to B and BQ, the

effect of evaporative cooling is overwhelmingly larger than the effect of evaporative salinification, which is
also shown in Table A1 and by Asher et al. (2015).

Table A1
Components of the Surface Buoyancy Flux Into the Ocean

Name Term Value

Gravitational constant g 9.81 m s�2

Seawater density ρW 1,022 kg m�3

Sea surface salinity SSS 33.7 to 35.5 PSU
Sea surface temperature SST 28.5 to 32.0 °C
Precipitation mass flux P 0 to 0.0936 kg m�2 s�1

Evaporation mass flux E 9 × 10�6 to 2 × 10�4 kg m�2 s�1

Thermal expansion coefficient α 3.2 × 10�4 to 3.5 × 10�4 °C�1

Salt contraction coefficient β 7.32 × 10�4 to 7.35 × 10�4 PSU�1

Specific heat of seawater cP 3997 to 4007 J K�1 kg�1

Latent heat flux QLat 22 to 410 W m�2

Sensible heat flux QSens �0.5 to 100 W m�2

Net solar heat flux QSolar �1200 to 0 W m�2

Net infrared heat flux QIR 18 to 77 W m�2

Rain-sea temperature difference ΔT = TW � SST �2.3 to �6.9 °C
Wet bulb temperature TW 23.3 to 26.3 °C
Rain freshening and evaporation term S0β(P � E) �2.6 × 10�6 to 2.4 × 10�3 kg m�2 s�1

Heating term �(α/cP) QNet �4.4 × 10�5 to 8.7 × 10�5 kg m�2 s�1

Rain cooling term αPΔT �1.3 × 10�4 to 0 kg m�2 s�1

First term g/ρW 9.6 × 10�3 kg�1 m4 s�2

Total buoyancy flux B �1.2 × 10�7 to 8.8 × 10�6 m2 s�3

Note. Variables, constants, and values for components of the ocean surface buoyancy flux B (A1) are evaluated with
DYNAMO data from the current study. Heat fluxes, Q, are defined negative into the ocean. DYNAMO = Dynamics of
the MJO experiment; MJO = Madden-Julian Oscillation.

Figure A1. Normalized histogram of measured central Indian Ocean buoyancy flux, B. Vertical colored lines indicate B for
various fluxes (negative fluxes = downward into ocean), rain rates, and evaporation.
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Despite the fact that this study finds rain freshening to be responsible for greater B than solar heating
(Figure 8), (A1) and (A6) actually overestimate the stabilizing effect of the net solar flux (QSolar) because, unlike
the net longwave flux (QIR) that is absorbed within the top 100 μm, QSolar is not absorbed at the interface.
Instead, roughly 50% of QSolar is absorbed within the top 0.5 m and the remainder is absorbed over the
top 10 m (see Table 3 in Fairall, Bradley, Godfrey, et al., 1996; Soloviev & Lukas, 2006).

Appendix B: Processing of Precipitation Radar Data
The standard Yuter and Houze (1998) convective and stratiform radar echo partitioning algorithm was
applied to the Zh field at the lowest vertical level, which was at 0.75 km above sea level. The algorithm’s
tunable parameters were tested to produce the most physically realistic partitioning between convective
and stratiform portions of storms in this data set (Houze, 1997; Schumacher et al., 2003; Steiner et al., 1995;
Thompson et al., 2015; Yuter & Houze, 1998). Vertical cross sections of radar data were investigated during
algorithm testing to ensure that stratiform rain classification was only made where a clear, robust radar bright
band was occurring. Therefore, stratiform rain designations were only made when vertical profiles of radar
data indicated that a melting layer and stratiform rain microphysical processes were both occurring. As part
of the algorithm’s standard procedures, background Zhwas smoothed about a 4 km radius of each grid point.
The algorithm’s climatological parameters were a = 60 and b = 100. First, grid points were classified as
convective when Zh exceed the smoothed background Zh by 17 dBZ. Following standard procedures, neigh-
boring grid points within 2, 3, 4, 5, and 6 km range from these convective grid points were also classified as
convective if Zh exceeded the following thresholds, respectively: 25, 25–30, 30–35, 35–40, and 40 dBZ.

In order to calculate R at each radar grid point, Zh (dBZ) was first converted into linear units, z (mm6 m�3) via:
z = 10(0.1Zh). Then R was calculated at each grid point using two power law estimators, one for convective
points: R = 0.0366 z 0.684, and another for stratiform points: R = 0.0258 z 0.644. These R estimators were
developed by Thompson et al. (2015) for tropical oceanic rainfall experienced over the Indo-Pacific Warm
Pool. If radar echo partitioning into convective and stratiform areas can be performed with confidence,
using separate R estimators for convective and stratiform rain can significantly reduce error associated with
R estimation (Thompson et al., 2015).
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